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Abstract: A headwater basin in the Sumava Mountains (Czech Republic), the upper Vydra 

basin, has undergone forest disturbance as a result of repeated windstorms, a bark beetle 

outbreak, and forest management. This study analyzed the long-term (1961–2010)  

hydro-climatic changes by using a combination of statistical analyses, including  

Mann-Kendall tests, CUSUM analysis, Buishand’s and Petitt’s homogeneity tests, and 

Kriging. Although the runoff balance over the study period experienced no apparent 

changes due to climate warming and forest disturbance, significant changes were detected 

in the share of direct runoff and baseflow, intra-annual variability of the runoff regime, 

seasonal runoff patterns, and the distribution of peak and low flow events. The seasonal 

runoff substantially shifted from summers (decreased from 40% to 28%) to springs 

(increased by 10%). The occurrence of peak flow events has doubled since the 1980s, with 

a seasonal shift from late spring towards the early spring, while the occurrence of low-flow 

days decreased by two-thirds. By 1990, these changes were followed by a seasonal shift in 

runoff from autumn to mid-winter. The changes in hydrological regime in the  

mid-mountain basin indicate the sensitivity of its hydrological system and the complexity 

of its feedback with the changing environment. 
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1. Introduction 

In montane regions, both long-term and abrupt changes of climate and/or land cover may result in 

significant shifts in the hydrological regime, especially in relation to extreme hydrological events such 

as floods and droughts.  

In past decades, climate change, including changes in precipitation, temperature, vapor pressure, 

and wind speed, has directly or indirectly altered hydrological regimes [1–4], and studies that identify 

the linkage between warmer air temperatures and the occurrence of extreme hydrological events or 

basins’ water yield have drawn decision-makers’ attention to natural resource management [5–8]. 

Studies have consistently stated that changes in land cover/land use and climatic changes significantly 

govern the hydrological regimes (i.e., pattern, magnitude, frequency, timing, duration, and rate of 

change) [9–14]. Forest disturbance, as one of the causes driving severe land cover change, has major 

impacts on interception, evapotranspiration, surface soil hydraulic conductivity, and soil storage, 

which may lead to changes in the water yield [15,16], the runoff formation process [17,18], snow 

hydrology [19,20], floods [9,21], and the low-flow regime [22,23]. The effects of different forest 

disturbances caused or triggered by wildfire, insect infestation, windstorm, logging, pollution, 

urbanization, agricultural activities, and management interventions on the stream flow have been 

widely studied at multiple temporal and spatial scales [24–28]. Appropriate environmental policy 

regarding basin management requires an integrated understanding of the hydrological responses to 

both climatic and changes in forest land cover, especially in montane areas, which are highly 

vulnerable to these changes [25,29].  

The headwater of the Sumava Mountains, located in Central Europe at the border between the 

Czech Republic and Germany, has undergone a significant forest disturbance in the past two decades 

as a result of repeated windstorms and bark beetle infestation. In the core zone of the disturbance, the 

upper Vydra basin, the extent of forest decay reached almost 60% of the basin [28]. Simultaneously, 

this area is experiencing significant increases in observed air temperatures. As a national park with 

restricted management, the area serves as a natural laboratory, enabling the study of the effects of these 

environmental changes on hydrological processes in the mid-mountain environment.  

This paper aims to assess the hydro-climatic changes in the upper Vydra basin in the period  

1961–2010, covering the observed changes in air temperature as well as the forest disturbance. The 

objectives of the study were the following: (i) to analyze the effect of rising air temperatures and 

extensive forest disturbance on the hydrological response of the mid-mountain basin, and (ii) to assess 

the hydro-climatic indicators that are suitable for detection of such changes and their extent and timing.  

The study applies a set of methods to analyze various aspects of hydro-climatic variability including 

baseflow separation by recursive digital filter, CUSUM analysis, analysis of changes in discharge 

variability and seasonality with a Mann-Kendall test, analysis of changing frequency and seasonality 
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of peak flows and low flows, Buishand's and Petitt’s homogeneity tests to detect past regime change, 

and Kriging.  

2. Materials and Methods  

2.1. Study Area  

In this study, the upper Vydra, which covers 90.1 km2 (Figure 1), is defined as the upper part of 

Vydra basin, ending at the Modrava gauging station (49°1′30.0216′′ N, 13°29′47.1624′′ E). The studied 

basin is a headwater located at the top of the Sumava Mountain range with an average altitude of  

1112 m (Table 1) in the southwestern part of the Czech Republic, along its border with Germany in 

Central Europe. The bedrock consists mainly of gneisses with locally permeating granitic rocks [3]. 

The climate of the study area has typical montane features with moderately warm, distinct summer 

seasons and relatively high precipitation (1378 mm) compared to the rest of the Czech Republic  

(700 mm) [30,31]. Approximately 40% of the precipitation is in the form of snow, and the snow cover 

lasts an average 143 days per year [32]. The basin is dominated by small streams with fast 

hydrological response to precipitation events, and the basin’s annual mean discharge is 3.34 m3·s−1 (i.e., 

1175 mm).  

 

Figure 1. Study area. Location of the upper Vydra basin with river network, gauging and 

meteorological stations. 
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The land cover in the Sumava Mountain was dominated by the original virgin forest and was 

replaced in the 18th century by a Norway spruce (Picea abies [L.] Karst.) monoculture for the wood 

industry [33]. Before the 1980s, 86% of the land cover in the upper Vydra basin consisted of 

coniferous forests and was stable. Bark beetle outbreaks in the upper Vydra basin started after 

windstorms in Bavarian Forest in 1984, reaching their peak in the mid-1990s [26] and again 

accelerating after the windstorms Kyrill and Emma in 2007 and 2008 [28,30]. Between 1984 and 2010, 

healthy forested area decreased from 48% of the basin area to 13%. Substantial change is apparent in the 

heavy forms of forest damage—the categories of damaged and decayed forest rose from 1% in 1985 to 

33.1% in 2010, and acceleration is apparent after the last windstorms in 2007 and 2008. 40.9% of the 

catchment area is classified as unforested, including marginal and stable share of deciduous forest cover 

(Figure 2). The affected areas were left as non-intervention zones as part of the Sumava National Park 

management strategy, where the bottom layer of vegetation is undergoing a quick recovery.  

 

Figure 2. Key stages of the forest disturbance progress in the upper Vydra basin and the 

change in forest status between 1984 and 2011. 

Table 1. Physiographic characteristics of the upper Vydra basin. 

Basin/Unit 
A 

[km2] 

D  

[km km−2] 

Hmean 

[m] 

Hmin 

[m] 

Hmax 

[m] 

Smean 

[°] 

Smax 

[°] 

T  

[°C] 

P  

[mm] 

Q  

[mm] 

C 

[–] 

Upper Vydra 89.7 2.3 1112 935 1373 7 55 3.6 1378 1175 0.85 

Notes: A: area; D: density of river network; Hmean, Hmin, Hmax: mean, minimum and maximum of altitude; 

Smean, Smax: mean and maximum of slope; T, P, Q and C: mean annual air temperature, precipitation, 

discharge and runoff coefficient during 1961–2010. 

2.2. Data Sources  

Daily and monthly hydro-climatic long-term observations of precipitation, air temperature, and 

discharge were obtained from the various Czech Hydrometeorological Institution (CHMI) stations [34], 
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and the period of 1961–2010 was used for the analysis. The air temperature for the upper Vydra basin 

was estimated according to the elevation gradient (a temperature lapse rate 0.6 °C per 100 m elevation) 

by using the observations from three stations: Filipova Hut, Churáňov and Kasperske Hory.  

Precipitation for the upper Vydra basin was estimated by using orographic regression based on the 

neighboring six CHMI precipitation stations at Filipova Hut, Kvilda, Horská Kvilda, Churáňov,  

Borová Lada, Horská Kvilda and Srní. These stations were completed by six monthly totalizer rain gauges 

operated by the National Park Bayerischer Wald, situated on the Czech–German border to capture the 

uppermost precipitation regime. The resulting mean precipitation lapse rate was 9.5 mm per 100 m 

elevation. Monthly data from Filipova Hut station located within the Vydra catchment were orographically 

corrected using weighted elevation categories representing 100 m increments in elevation determined from 

a digital elevation model (DEM). The changes in snow cover were assessed using the monthly data mean 

snow cover depth and days with snow cover from Churáňov station in the period of 1961–2010 [35].  

The daily discharges were measured at the outlet of the upper Vydra basin, Modrava station (Figure 1). 

The topographical information, at 5 m × 5 m (DEM), was acquired from the State Administration of 

Land Surveying and Cadastre [36,37]. The topographic layers from the digital water management database 

DIBAVOD including basin delineation [38] and stream typology [39] were used in this study. Data on 

forest cover changes were derived from the map layers of defoliation and mortality of forests [40]. 

2.3. Applied Methods  

A combined approach of statistical and analytical methods, including double-mass curve analysis, 

recursive digital filter, Mann-Kendall test, CUSUM analysis, Buishand's and Petitt´s homogeneity 

tests, and ordinary Kriging was applied. 

The double-mass curve was used to illustrate the precipitation-discharge relationship in the upper 

Vydra basin [3]. A Mann-Kendall non-parametric test to detect the trends in precipitation data and 

discharge data at different temporal scales: monthly, seasonally, and yearly [41,42]. The test was 

performed by either accepting or rejecting the null hypothesis that no trend existed at the two stations, 

and two levels of significance of the alternative hypothesis, two p-values (p ≤ 0.01 and p ≤ 0.05), were 

considered to distinguish the strength of the trend. 

A two-parameter recursive digital filter [43] was applied to separate the direct flow and baseflow 

signals present in the continuous daily discharge data. The applied algorithm aims to partition the 

streamflow hydrograph into two components: “high frequency”, corresponding to direct runoff, and 

“low frequency”, corresponding to baseflow [44]. The baseflow index (BFI) was calculated as a ratio 

of baseflow to total streamflow [44].The baseflow separation is calculated according to the relationship 

proposed by Eckardt [43] (Equation 1).  B = (1 − BFI ) ∙ α ∙ B + (1 − α) ∙ BFI ∙ Q(1 − α) ∙ BFI  (1)

where Bk is baseflow at time step k, Qk+1 is streamflow at time step k + 1, α is baseflow filter parameter, 

and BFImax is the maximum BFI over the full range of time k. For this study, the baseflow filter 

parameter α was set to 0.98 and BFImax to 0.80 in the web-based WHAT model [45], corresponding to 

perennial streams with porous aquifers [43]. The analyses of yearly changes of direct flow and base flow 

components were based on median yearly values of the indices calculated from daily values. 
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CUSUM analysis (i.e., cumulative sum, [46,47]) was employed to assess the course of cumulative 

discharge differences, relative to the whole assessed period’s mean discharge. The cumulative sums 

are calculated as the accumulated differences from the constant target value, in this case represented by 

the mean value of the applied time series (Equation 2). 

= −  (2)

where Si is the cumulative sum, xj is the value at time j, and c is the constant target value.  

The daily discharge (Qd) was used to define the low flows (Q330d), high flows (Q30d), and the 

standard deviation, which were applied as a measure of intra-annual runoff variability. The value of the 

peak flow over threshold (POT) was set as the minimum value of the yearly maximum discharge in the 

reference period of 1961–2010 (POT is equivalent to 12.2 m3·s−1), which secured a selection of at least 

one event per year in the time series. The low-flow events under a given threshold (LOF) were 

identified according to a long-term Q330d value (LOF is equivalent to 1.02 m3·s−1). The analysis of 

frequency, duration, and magnitude of annual POT events was performed on the resulting dataset.  

Analysis of changes in frequency and seasonality of events with POT and LOF is based on gridding 

the frequency of event occurrence as a function of time, expressed by year, and seasonality, expressed 

by day of year (DoY). For gridding, the data were aggregated into periods of ten years for the years, 

and into periods of 90 days for the seasons. Ordinary Kriging was used as the interpolation method to 

derive the patterns of frequency distribution across time and seasonality as well as for interpolation of 

snow cover properties. 

Homogeneity of the time series based on mean yearly values was tested by Buishand’s and Petitt’s 

tests [48,49] to detect the potential points of change in the assessed time series. The non-parametric 

Petitt’s test is a modified Mann-Whitney test that, similar to Buishand’s range test, allows for 

identification of the time at which the shift occurs. Both tests are suitable for any type of distribution 

with unknown position of the point of change [50]. Selection of these tests was based on indications of 

their good performance on hydrological time series [49] and their results in locating the points of change 

despite different distributions and origins of the time series [49,50]. The applied tests tend to be more 

sensitive to breaks in the middle of time series [51]. In both tests, the null hypothesis (Ho: data are 

homogeneous) and an alternative hypothesis (Ha: there is a date at which there is a change in the data) 

were tested. The p-value has been computed using 10000 Monte Carlo simulations and the significance 

level alpha was set to 0.05 (α = 0.05, s, the risk of rejecting the hypothesis is equivalent to 5%). Despite 

their different natures, their applications to various types of hydro-climatic time series reported 

comparable results [52]. In this study, both tests were used to keep potential variability in the assessment. 

The detected change points were then applied as the split points for calculations of the trend lines 

appearing in the graphs. In the cases where different years of change were detsected, the detected year 

resulting from the test with lower p-value was selected as the split point. 

The statistical software packages Knime 2.11 (KNIME.com, Zurich, Switzerland), XLStat 2014 

(Addinsoft, Paris, France) and Surfer 10 (Golden Software, LLC, Golden, CO, USA) were used for 

statistical calculations. Grapher 10 (Golden Software, LLC, Golden, CO, USA) was used for 
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calculations of trend lines, running average and for plotting, and ArcGIS 10 (Environmental Systems 

Research Institute, Inc., Redlands, CA, USA) was used for GIS analysis and spatial data integration. 

3. Results 

3.1. Variability of Climatic Conditions 

Notable changes were identified in the climatic conditions considered to be drivers of runoff. First, 

an increase of the annual air temperature by 1.5oC has been detected since the 1980s. A continuous 

increase in observed air temperatures is apparent over the whole assessed period with notable 

acceleration since the late 1980s (Figure 3).  

The observed annual total precipitation slightly fluctuated between 1100 and 1300 mm during 

1961–2010, with a slight increase since the mid-1990s. However, since the 1980s, there has been an 

apparent change in the structure of precipitation. In particular, snow precipitation has diminished. 

During the 1980s, there was a significant drop in the average snow depth in the area and in the total 

number of days with snow cover. After those break points, both indicators are slightly increasing again 

(Figure 3). 

 

Figure 3. Observed climatic conditions during 1961–2010.  
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The changes in snow cover depth and duration are gentle but apparent. The snow season becomes 

shorter at both ends—the snowpack accumulation starts later and the snowmelt is occurring earlier 

(Figure 4).  

 

Figure 4. Interpolated values of number of days with snow cover and average snow depth 

by years and months at the Churáňov monitoring station during 1961–2010.  

3.2. Homogeneity and Change Points in Time Series 

Homogeneity analysis was applied to the time series of observed and calculated data to identify the 

significant turning points in the trends of the assessed indicators, which could suggest potential 

relations to the drivers of change. The results are very similar in terms of the timing of the identified 

turning points, with only minor differences in levels of significance.  

Only for a subset of the tested indicators was a point of change identified with statistical 

significance where the calculated p-values were smaller than 0.05 (Table 2). The identified change 

points were used as breaks for the calculation of linear trends in the line graphs. As in some cases the 

tests identified different years of change, the result of test with lower p-value was selected as the 

breakpoint for calculation of the trend lines. 

Homogeneity testing resulted in two distinct groups of indicators. The indicators where a change 

point was detected have calculated p-values significantly below the given threshold, while the 

difference is of orders of magnitude. The indicators of runoff variability based on the daily discharge 

values are the only group of indicators where the calculated p-values are nearing the threshold level 

from both sides. 
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Table 2. Homogeneity tests and detection of change points in the assessed hydro-climatic indicators using Buishand’s and Petitt’s tests.  

In bold are marked indicators with p-value lower than 0.05, mean1 and mean2 are the mean values of indicator in periods before and after 

change point. Underlined are the years of change with lower p-values resulting from both tests, applied as the breakpoints for calculation of 

trend lines. 

Category Variable [unit] 

Buishand’s Test Petitt’s Test 

p-value 
Test 

Result 

Date of 

Change 

Risk of H0 

Rejection 
mean1 mean2 p-value

Test 

Result 

Date of 

Change

Risk of H0 

Rejection 
mean1 mean2 

Driving 

Forces 

Air temperature [°C] 0.0001 Ha 1988 0.01% 3.19 4.134 0.0001 Ha 1988 0.01% 3.19 4.13 

Precipitation [mm] 0.714 H0 1974 71.4% 0.583 H0 1979 58.3% 

Days with snow cover 0.420 H0 1988 42.0%   0.267 H0 1988 26.7%   

Mean snow cover depth [cm] 0.005 Ha 1988 0.5% 235.502 146.505 0.004 Ha 1988 0.4% 235.51 146.52 

Share of damaged and  

decayed forest area [%] 
0.0001 Ha 1993 0.01% 2.7 19.2 0.001 Ha 1993 0.1% 3 19 

Runoff 

Balance 

Qa [m3·s−1] 0.152 H0 1965 15.2% 0.161 H0 1965 16.1% 

Qmedian [m3·s−1] 0.38 H0 1964 38.0% 0.202 H0 1964 20.2% 

Direct flow [m3·s−1] 0.0001 Ha 1988 0.01% 0.261 0.175 0.0001 Ha 1988 0.01% 0.26 0.17 

Baseflow [m3·s−1] 0.379 H0 1964 37.9%   0.614 H0 1964 61.4%   

Baseflow index (BFI) [–] 0.0001 Ha 1990 0.01% 0.88 0.917 0.0001 Ha 1990 0.01% 0.88 0.92 

Runoff  

Variability 

Q30d [m3·s−1] 0.202 H0 1985 20.2%  0.205 H0 1998 20.5%  

Q330d [m3·s−1] 0.064 H0 1964 6.4%  0.134 H0 1964 13.4%  

Q355d [m3·s−1] 0.055 H0 1964 5.5%  0.134 H0 1964 13.4%  

Qd CUSUM [–] 0.027 Ha 2001 2.7% −235,900 −45,909 0.022 Ha 2001 2.2% −235,900 −45,909 

SD [–] 0.016 Ha 1985 1.6% 2.887 3.739 0.025 Ha 1985 2.5% 2.88 3.74 
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Table 2. Cont. 

Category Variable [unit] 

Buishand’s Test Petitt’s Test 

p-value 
Test 

Result

Date of 

Change 

Risk of H0 

Rejection 
p-value 

Test 

Result 
p-value

Test 

Result 
p-value

Test 

Result 
mean1 mean2 

Runoff 

Seasonality 

Spring share (II-IV) [–] 0.03 Ha 1974 3.0% 0.142 0.199 0.016 Ha 1974 1.6% 0.14 0.19 

Summer share (V-VII) [–] 0.594 H0 1998 59.4% 0.513 H0 1985 51.3% 

Fall share (VIII-X) [–] 0.002 Ha 1981 0.2% 0.265 0.205 0.001 Ha 1981 0.1% 0.27 0.21 

Winter share (XI-I) [–] 0.693 H0 1983 69.3% 0.655 H0 1983 65.5% 

Peak Flows 

and  

Low Flows 

POT events [–] 0.007 Ha 1994 0.7% 3.765 6.063 0.011 Ha 1991 1.1% 3.71 5.79 

POT days [–] 0.125 H0 1985 12.5% 0.08 H0 1985 8.0% 

POT event duration [–] 0.277 H0 1985 27.7% 0.492 H0 1985 49.2% 

1-2day long POT event [–] 0.003 Ha 1994 0.3% 2.73 4.16 0.002 Ha 1994 0.2% 2.73 4.16 

LOF events [–] 0.128 H0 1977 12.8% 0.069 H0 1977 6.9% 

LOF days [–] 0.0001 Ha 1964 0.01% 103.6 21.571 0.049 H0 1964 4.9% 103.60 21.57 

LOF event duration [days] 0.251 H0 2004 25.1% 0.294 H0 2001 29.4% 
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Among the indicators, where the inhomogeneity is of statistical significance, we can distinguish 

several time periods between which points of change were detected.  

There are two indicators for which inhomogeneity was found in the mid-1960s (decreasing number 

of LOF days since 1964) and mid-1970s (rising share of the spring season in runoff balance since 

1974). Changes in the trends of these indicators thus cannot be related either to the effect of the rising 

air temperatures since the 1980s or extensive forest disturbance in the 1990s and are more likely to be 

attributed to the large fluctuations in total precipitation and runoff occurring in the 1960s (Figure 3). 

Most of the indicators have a change point located in the 1980s, when the increase of air 

temperatures became apparent in the observed data (Figure 3). These changes comprise the decreasing 

share in the runoff in the fall season (1981), the increase in the standard deviation of daily discharge 

values (1985), the decrease in the mean snow depth (1988), the decrease in direct runoff values (1988) 

and the increase in the baseflow index since 1990.  

Only two indicators have the change points detected after the period of the extensive forest 

disturbance, with peaks in the early 1990s. These are the increasing number of POT events since 1994 

and positive values of cumulative difference of the daily discharge values compared to the long-term 

average (CUSUM,) since 2001. 

Besides the above listed indicators, the other tested time series were classified as homogeneous 

without a significant break in the 1961–2010 period.  

3.3. Changes in Runoff Balance and Variability  

Double-mass curves of accumulated monthly values of discharge (Q) and precipitation (P) during  

1961–2010 (Figure 5) shows no apparent change of rainfall-runoff relationships. The analysis of cumulative 

values of two key hydro-climatic variables did not indicate any change either in the 1980s when the air 

temperature rose significantly, or in the 1990s when the intensive forest disturbance occurred in the basin. 

  

Figure 5. Double-mass curve of accumulated monthly values of discharge (Q) at  

Vydra-Modrava and precipitation (P) at Filipova Hut stations during 1961–2010 and two 

magnified periods of the 1980s and the 1990s. 
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However, changes are apparent at the level of daily discharge values. The baseflow and direct flow 

values, calculated using the two-parameter recursive digital filter from the daily discharge values in 

1961–2010, identified changes of these runoff components since the 1980s (Figure 6). The median 

yearly values of direct flow have been continuously decreasing since 1980s, while the baseflow values 

are fluctuating. In result, the yearly baseflow index (BFI), as the ratio of baseflow to total flow, has 

been continuously rising from values of approximately 0.86 in the decades of 1951–1980 to 0.93 in the 

decade of 2001–2010.  

  

Figure 6. Annual mean values of the direct flow and baseflow index (BFI), high flow 

(Q30d) and low flow (Q330d), mean annual discharge (Qa) and its standard deviation in the 

period of 1961–2010. The trend lines are based on results from Table 2.  



Water 2015, 7 3332 

 

 

Changes in trends are apparent for the indices of intra-annual variability of discharge, namely the 

high flows (Q30d), low flows (Q330d), and the mean annual discharge standard deviation (Figure 6). 

Specifically, the yearly Q330d values expressing the low flows show a decrease since the 1980s, after an 

increase in the preceding decades. The trend of yearly Q30d values, representing the high flows, runs in 

the opposite direction. A slight decline before the 1980s is followed by a significant increase since the 

break point in the 1980s, with large variations ranging from approximately 5 m3 s−1 to 12 m3 s−1. The 

rising standard deviation of daily discharge values demonstrates the rising intra-annual volatility of the 

runoff process since the 1980s. 

The cumulative analysis of differences in daily discharge from its long-term average (CUSUM, 

Figure 7) indicates repeated, large fluctuations between the 1960s and the 1970s. The accumulated 

differences continuously turned from negative towards positive values in the 1980s with a significant 

reduction in variability and a steep increase in positive values in the late 1990s (Figure 7).  

 

Figure 7. CUSUM analysis of daily discharge (Qd) during 1961-2010. The trend lines are 

based on results from Table 2. 

3.4. Changes of Seasonal Runoff Distribution 

Despite the stable rainfall-runoff balance, indicated by the double mass curve of cumulated 

precipitation and runoff values (Figure 5), a significant change was detected in the seasonal 

distribution of these parameters. The Mann-Kendall test was based on monthly values of precipitation 

at the neighboring precipitation stations Kvilda (1059 m.a.s.l.), Churáňov (1122 m.a.s.l.) and Filipova 

Hut (1102 m.a.s.l.) and discharge values at the basin outlet at Modrava (Table 3). The distribution into 

seasons reflects the hydrological year, which starts in this region in November. 

Precipitation shows a significant rising trend (p ≤ 0.05) in winter (months of XI-I), while large 

declines of precipitation (with p ≤ 0.05) were found in two stations in early spring (II-IV) and fall 

(VIII-X), significant in April only. The Mann-Kendall test detected that the rising trend of the basin’s 

discharge was in March (p ≤ 0.05) and April (p ≤ 0.01), followed by insignificant decreases in 
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following months. Nevertheless, the increment is not caused by precipitation but by earlier snowmelt 

as a consequence of higher temperatures in April.  

Table 3. Mann-Kendall test of seasonal and monthly precipitation (P) and discharge (Q) 

trends during 1961–2010. 

Parameter Station XI-I II-IV VI-VIII IX-XI I II III IV V VI VII VIII IX X XI XII

P 

Churanov                 

Kvilda                 

Filipova Hut                 

Q Modrava                  

  p ≤ 0.01 

  p ≤ 0.05 

  Non-significant trend 

  No trend 

Notes: Color legend. Blue—increasing trend, red—decreasing trend. Darker color indicate more significant trend. 

Substantial shifts in the seasonal distribution of runoff are apparent, as shown by the results of the 

Mann-Kendall test (Figure 8). First, there is continuous decline of the share of the fall period prior to 

the snowpack accumulation (VIII-X, Figure 8a). The homogeneity tests (Table 2) indicated the turning 

point is 1981, corresponding to the period of rising air temperatures. The second significant change is 

the rising share of the hydrological spring season (II-IV, Figure 8a), with the key point of change in 

1974 (Table 2) but a slight decline the since 1990s. The shares in hydrological winter (XI-I) have been 

in apparent decline since the late 1990s, which coincides with the period of apparent diminishing of 

snow cover extent in terms of days with snow and average snow depth (Figure 4). In contrast, the late 

spring season (V-VII) has apparently been on the rise since the 1980s (Figure 8b), but this result is 

statistically insignificant (Table 2). 

 

Figure 8. Changes in seasonal distribution of runoff in period 1961–2010 expressed as 

shares of the total yearly balance: (a) shares of winter (XI-I) and spring (II-V); and (b) 

shares of summer (V-VII) and fall (VIII-X). The trend lines are based on results from 

Table 2. 
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3.5. Variability and Seasonality of Peak Flows and Low Flows 

The peak flow (POT) and low flow (LOF) events were evaluated within the assessed period in order 

to understand the frequency of extreme flow events and the seasonality of their occurrences. 

Concerning the regime of the POT events, the average number of days with POT was 

approximately 6 days per year (Figure 9a). Before the 1980s, the number of days with POT was in 

sharp decline; afterwards, the number of days with POT had a continuously rising trend. The rate of 

POT events increased from approximately 4 events (1961-1980) to 5 events (1981-2010) per year, and 

after 2000, the frequency has almost doubled to 7 events compared to the average rate of such events 

during 1961–1980. Furthermore, the average duration of POT over time has slightly decreased (the 

average duration of each POT event decreased from 2.5 days in 1961–1980 to 2.2 days in 1981–2010, 

supplementary material, Figure S1), although the average frequency of POT has increased. Such a 

change in the peak flow regime implies that the increasing number of days with POT in the last  

30 years was generated by a rising number of short peak flow events.  

The changes of peak flow frequency have a counterpart in shifts of seasonality of their occurrences. 

The pattern of peak flows is indicated in Figure 9b. The majority of POT events were related to the late 

winter (around Day of the Year (DoY) 90 in March), and the spring snow-melting season (around DoY 

120 in April and DoY 150 in May). However, there has been a clear shift in seasonality from  

mid-spring (around DoY 150) towards early spring (around DoY 90- DoY 120) since the 1980s 

(Figure 9b). Specifically, in 1961–1970, there were 98 days with POT recorded in May, accounting for 

64% of the total 136 POT days. Since the 1980s, the shift in seasonality is distinctly apparent, and 

during 2001–2010, the average number of POT days in May accounted for only 20% of a total of  

161 POT days. The POT events thus tend to occur earlier in the spring season, which corresponds with 

findings on changes in air temperature seasonal distribution.  

Substantial changes in low-flow regimes have been found (Figure 9a). In the 1960s, there were  

42 LOF events with a total duration of 527 days. During the 1970s, there were only 11 LOF events 

with a total duration of 138 days, and there were only 11 LOF events with a total duration of 57 days 

in the 1980s (supplementary material, Figure S2). However, at the end of the 1990s, there has been an 

apparent increase in the frequency of low-flow events, as in 2001–2010, during which there were  

27 LOF events detected, lasting a total of 250 days.  

Two trends have been observed in the duration of LOF events (supplementary material, Figure S2). 

First, there has been a decrease in the LOF event duration from an average of 14 days in the 1960s to  

6 days in the 1980s; secondly, there has been an apparent growth after 1990 in both the frequency and 

the average duration of LOF periods. Since 2000, the average duration of LOF events rose to 

approximately 12 days (Figure 9a), and this decade includes the third-longest continuous LOF period 

of 77 days, recorded from January to March 2006. 

The LOF occurrence has undergone a significant seasonal shift from autumn to mid-winter during 

1960–2010 (Figure 9c). The three periods of LOF in the 1960s were typically distributed in early  

(DoY 330) and late (DoY 30) winters, and late summers (around DoY 270); this LOF pattern has 

disappeared since the 1980s. After the 1990s, a new seasonal distribution pattern of low flows was 

established, concentrated in a single period during early winter (DoY 30), and the frequency of LOF 

was lower than in the 1960s.  
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Figure 9. Patterns of frequency and seasonality of peak and low flows during 1961–2010: 

(a) occurrence of peak flows events, (b) changes in frequency and seasonality of days with 

POT; and (c) changes in frequency and seasonality of days with LOF. The trend lines are 

based on results from Table 2. Details of the durations and onsets of POT and LOF events 

are given in the supplementary materials Figures S1 and S2. 

4. Discussion 

The observed trends and variations of runoff response in the assessed basin can be discussed in 

view of the key driving forces altering the hydrological processes in the area, which are climate 

changes and forest disturbance, as well the effect of spatial scale of observation, which is vital for 

understanding and interpreting the observed changes.  

Both of the driving processes (the rising air temperatures and forest disturbance) act in the same 

area and in overlapping time periods but are of distinctly different scopes. Although climate change is 

a rapid process when regarded from a long-term perspective, the rising air temperatures at the local 

level are detected as gradual changes with multiple fluctuations. The effect on the indices affected by 
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transient climate is thus also progressive, with a spatially extensive impact, long-term follow-up and 

potential shifts in timing. Compared to this, forest disturbance, initiated by the windstorms and 

consequent bark beetle infestation, was a rapid process that abruptly changed conditions that affect 

runoff processes in large segments of the basin. The effect of such change is swift, but the extent of the 

change is local, because of rapid vegetation regeneration and the limited time. These differences 

should be taken into account in interpretation, and in relating the changes of hydro-climatic indices to 

the potential factors of change.  

The analysis of the observed long-term climate parameters showed a trend of increasing air 

temperature in the study region since the 1980s (Figure 2). The warming climate has apparently not 

altered the upper Vydra basin’s annual water balance based on the double mass curve in Figure 3 and 

the annual mean discharge (Table 2); however, the changes detected in runoff seasonality and 

variability are significant.  

The seasonal and monthly precipitation and runoff trends were detected by the Mann-Kendall test 

(Table 3), which found that precipitation increased in winters (the months of XI-I) and decreased in 

springs, especially in April. However, the runoff in April experienced an increasing trend because of 

the seasonal runoff share substantially shifting from summer to spring (Figure 8). Such seasonal runoff 

shifts can be attributed to the increase in air temperature, especially for April, as Bässler [53] reported, 

and as the detected change of spring runoff share is located in 1974, corresponding to the climate  

pre-warming window (Table 2). The warmer air in later winter triggers the snow-melting process 

earlier, and the earlier melt could also explain the inconsistency of precipitation-runoff relation in 

April and reconfirm the impact of the increasing temperature on the early spring hydrological regime. 

The decrease in direct runoff (Figure 6) begins in 1988 (Table 2), at the same time as the observed 

increase in air temperature.  

Forest disturbance changes the functionality of the vegetation as well as the land cover, which could 

alter the runoff generation process and the runoff regimes. The study area is covered by a coniferous 

forest, the canopy of which can efficiently intercept precipitation, especially in the form of snow. The 

intercepted rainwater or snow directly control water losses through sublimation governed by radiation 

fluxes [54,55]. Therefore, during a snow-melting period, forest decline or forest disturbance led to an 

increase in the frequency and magnitude of high flows [18,55]. In the studied basin, a similar winter 

runoff regime has been detected after the forest disturbance, resulting in an increase in POT days and 

shifts in the seasonal water share of the same periods (Figure 9a and Table 2).  

The disturbed forest could decrease water losses from vegetation evapotranspiration and increase 

the groundwater storage [56]. However, those two indicators are the most uncertain components of the 

water balance because they are difficult to measure and quantify in space and time. The impacts of 

forest canopy loss after insect-induced disturbance on the significant decrease of evaporation and the 

increase of the soil moisture, groundwater storage and groundwater recharge were identified by studies at 

the stand-level as well as at the level of watersheds [57,58]. Bearup et al. [59] used a three-component 

isotope hydrograph separation technique. They identified that a significant increase of the runoff 

contribution was from groundwater storage in the growing season; however, they concluded that the 

mechanism of basin-scale effect of the bark beetle infestation on the hydrological cycle still remains 

relatively unknown.  



Water 2015, 7 3337 

 

 

The rising trend of the baseflow index obtained from a two-parameter recursive digital filter 

hydrograph separation technique (Figure 6) began in 1990 (Table 2), which coincides with the period 

when the forest disturbance occurred in the basin (Table 2) and also overlaps with the period of the 

temperature increase (Table 2). As the forest has been disturbed in this period, the transpiration loss is 

supposed to decrease. However, the damaged canopy results in larger open areas with direct radiation on 

the soil surface, which increases the evaporation from the soil. The higher soil evaporation decreases the 

capacity of the water storage in surface soil. Therefore, evapotranspiration, as one of the water balance 

components, is influenced by two counteracting effects. The baseflow is governed not by the 

groundwater intake but by the top soil moisture. The increase of the BFI may be attributed to the loss of 

transpiration of forest cover resulting from the extensive forest disturbance since the mid-1990s.  

Different changes in high flows and low flows in partially or completely deforested basins have 

been found in many studies. It has been claimed that high flows may be enhanced by 

deforestation/forest cover decline [14,16,21,60], while other studies suggest that high flow may be 

reduced by reforestation [56,61]. In this studied basin, along with the severe declining of the forest 

cover induced by bark beetle infestation from 1980 to 2010, apparent changes in high flow were found 

in many aspects: more days and events with POT, higher frequency of the short high flow days, and 

larger variability of the POT event duration (Figure 9a and supplementary material, Figure S1). 

The homogeneity analysis of the assessed indicators of runoff response has determined that the 

change points in most of the time series were in the 1980s, excluding peak and low-flow occurrence 

and CUSUM values (Table 2). This coincidence in break points may suggest the decisive role of 

increasing air temperature on the detected changes in seasonality and intra-annual variability of runoff 

response compared to the effect of the forest disturbance. However, the impact of forest cover changes 

on runoff response is quite complex and should not be underestimated. The spatial scale of the 

assessment is here one of the key factors affecting interpretation and understanding of the underlying 

processes. A number of studies have been done to analyze the impact of forest harvesting and  

clear-cutting on annual runoff, and most of them agreed that the runoff will be affected less by 

increasing the size of the basin [9,25]. At different scales of observation, individual driving processes 

and factors may be more or less important. In small, homogeneous catchments, the effect of forces 

acting at larger scale can be overridden by local factors. For instance, a study of runoff changes at 

three experimental micro-catchments in the Bohemian Massif [62] attributed the diverging trends in 

runoff response in the period of 1990–2007 to highly divergent physiographic conditions rather than to 

forest disturbance. Focusing on such fine spatial detail may result in missing the “big picture.” By 

contrast, in complex and heterogeneous basins with many drivers, effects often counteract each other 

and may hinder the identification of leading drivers of change. 

5. Conclusions  

This study analyzed hydro-climatic changes in a montane mid-latitude environment, using the 

example of a mid-montane basin of the upper Vydra in the Sumava Mountains, Central Europe. The 

study area has undergone a significant increase in observed air temperatures since the 1980s and 

extensive forest disturbance and decay since the 1990s.  
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The observed changes in hydrological response are complex and are apparent in different aspects of 

the runoff regime. The runoff balance has experienced no apparent change over the assessed period. 

However, diverging trends in the baseflow and direct runoff shares of the total flow were detected. The 

increase in the baseflow index since 1980s and the further acceleration of that increase in the 2000s 

have a counterpart in the increase of intra-annual runoff variability on the same time scale. 

Furthermore, substantial seasonal shifts in the share of total runoff from summer (decreasing from 

nearly 40% to 28%) to spring (with a 10% increase) were detected, as well as in the distribution and 

frequency of peak and low flows. The occurrence of peak flow events doubled after the 1980s, with a 

shift of frequency from late spring towards the early spring/late winter. The occurrence of low-flow 

days shifted from autumn to mid-winter and experienced a decrease (from 60 days per year down to  

20 days), followed by an increase in both days and duration since 1990.  

The extent of the changes and the correspondence of their timing with observed air temperature 

increase and forest disturbance imply a relationship between the identified changes and the changing 

environment. Despite the unchanged annual runoff balance, the substantial shifts in runoff variability 

and seasonal distribution as well as the changes in frequency and seasonal patterns of peak and low 

flows are notable, indicating substantial changes in the hydrological behavior of the basin. The 

environment of the mid-latitude montane basin proved to be very sensitive to climate changes as well 

as to the changes in land cover. The extent of the changes, apparent at the basin scale, is also vital 

information for efficient water management and conservation of montane catchments. 
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Abstract Agricultural intensification in semiarid regions

comes at a cost of relatively high water losses through

evapotranspiration and can contribute to releases of nutri-

ents and pesticides that affect downstream water quality. In

addition, highly managed river basins may be particularly

sensitive to future climate change. However, effects on

retention–attenuation of nutrients are difficult to quantify

due to the complexity and variability of relevant processes.

We here use the example case of the large (covering 1.3%

of the earth’s land surface) and extensively irrigated Aral

Sea Drainage Basin (ASDB) in Central Asia, together with

73 general circulation model (GCM) projection results and

field-data driven nitrogen retention–attenuation modeling,

to investigate to which extent projected future climate

change (for years 2025, 2050 and 2100) can influence

nitrogen loads and concentrations in the water systems of

the basin. Results for the principal Amu Darya River of the

ASDB suggest that riverine concentrations of nitrogen will

decrease considerably throughout the coming century. This

is due to projected climate-related decreases in runoff and

river discharge, which increases internal nitrogen recircu-

lation ratios, average transport distances and nitrogen

retention–attenuation. However, in groundwater near the

agricultural fields, there is in contrast a risk of considerable

nitrogen accumulation. More generally, the sensitivity of

nitrogen concentrations in the ADRB to climate-driven

changes in runoff and discharge is likely to be shared with

many highly managed basins in arid and semiarid regions

of Central Asia, and the world.

Keywords Climate change � Irrigation � Nitrogen
attenuation � Land-use change � GCM � DIN �
Water quality � River flow

Introduction

A main part of renewable water resources in agriculturally

well-developed, semiarid and arid regions of Central Asia,

as well as South-Eastern Australia, the Middle-East,

Northern Africa and the Western USA, is currently diver-

ted and used for irrigation (Kotb et al. 2000; Hauer and

Lorang 2004; Venot and Molle 2008; Walker et al. 2009).

Meeting irrigation needs of water-demanding crops (e.g.,

rice and cotton) in such regions generally comes at the cost

of high water loss through evapotranspiration (ET). This

implies decreased runoff, which modifies hydrological

conditions at local to global scales, potentially impacting

water availability (Shibuo et al. 2007; Jarsjö et al. 2012;

Jaramillo and Destouni 2015).

Agricultural intensification is frequently also associated

with heavy use of nitrogen (N) (Gordon et al. 2008;

Johansson et al. 2009; Törnqvist et al. 2011), which

accelerates the cycling of N, contributing globally to

observed increases in N-loads in world rivers (Seitzinger

et al. 2010). This has led to several negative effects on

ecosystems and human health. They differ between regions
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and include failure to reach health-based water quality

criteria, eutrophication, blooms of toxic algae, sea bottom

death and loss of biodiversity (Foley et al. 2005; Conley

et al. 2009; Törnqvist et al. 2011).

However, in principle, the modified hydrological con-

ditions of irrigated basins can also fundamentally impact

the waterborne transport pathways and travel times, in such

a way that retention–attenuation of nutrients increases.

Hence, even if accumulation of excess N occur at and near

agricultural fields, a sufficiently increased retention–atten-

uation would imply decreased net substance loading to

downstream recipients. Notably, laboratory experiments as

well as experiments at agricultural plots have shown that

the degree of water recirculation, which is a measure of

water-reuse, is a critical parameter that is positively cor-

related with nitrogen retention–attenuation and negatively

correlated with the nitrogen concentrations of the out-

flowing water (Takeda et al. 1997; Feng et al. 2004; Hitomi

et al. 2006).

In all cases, projections of future hydrological conditions

and nutrient loads need to account for ongoing climate

change, since it profoundly changes runoff patterns and

thereby also creates quite modified conditions regarding the

cycling and attenuation of substances (Palmer et al. 2008;

Törnqvist et al. 2015). For instance, projected future tem-

perature increases will generally enhance ET and may

reinforce already existing effects of irrigation-induced ET

increases (e.g., Jarsjö et al. 2012). Consequently, climate can

influence attenuation and transformation of nutrients and

pesticides, for instance through its control on transport

pathways and residence times (Bloomfield et al. 2006;

Howarth et al. 2006). However, effects may differ consid-

erably between regions and can be difficult to detect, not least

due to the complexity and variability of relevant processes

(Destouni and Darracq 2009). Furthermore, in predictions of

future development, it is in particular precipitation and

freshwater flux trends that are subject to relatively large

uncertainty (e.g., Asokan et al. 2016). Uncertainties have,

however, been shown to decrease considerably if multi-

model ensemble average outputs are used from global cir-

culation models (GCMs), instead of individual GCM output

(e.g., Jarsjö et al. 2012; Bring et al. 2015).

Rivers in Asia are expected to experience large future

changes in the loading and export of N, compared to global

average conditions, for instance due to population

dynamics and heavy fertilizer use (Seitzinger et al. 2010).

Targeting here specifically processes in areas that already

are hydrologically modified by water diversions and irri-

gation, we use the example case of Central Asia and its

Aral Sea Drainage Basin (ASDB; covering 1.3% of the

earth’s land surface; Fig. 1a), which is large and extensive

enough to be well resolved by general circulation models

(GCMs). The region has been subject to large-scale

irrigation development (e.g., Rakhmatullaev et al. 2010;

Törnqvist and Jarsjö 2012), with the irrigation area

increasing from 2.5 million ha in 1910 to 7.4 million ha in

1990. This has resulted in hydrological changes at scales

that thus far are unprecedented in the world, with drastic

discharge decreases in the principal Amu Darya and Syr

Darya Rivers, drying of the Aral Sea and water quality

deterioration including salinization of the region’s water

sources (Jarsjö and Destouni 2004; Shibuo et al. 2006;

Micklin 2007; Johansson et al. 2009).

The focus on Central Asia and ASDB is further moti-

vated by ASDB being the first case where historic increases

in basin-scale water recirculation have been quantitatively

related to observed decreases in riverine N-loads (Törn-

qvist et al. 2015). There are two main mechanisms that can

cause this relation. First, nitrogen may be increasingly

exposed to the atmosphere as irrigation expansion brings

more water to the soil surface, which for instance can favor

nitrogen removal through denitrification. Second, as return

flows from upstream regions increasingly are being reused

for irrigation of downstream fields, total flow path lengths

through the groundwater systems can increase (Törnqvist

et al. 2015). This may cause increased filtering of N

through the groundwater system and enhanced N retention–

attenuation. In particular, defining the recirculation ratio

r as the ratio between the sum of all water diversions along

the river (Qdiv) and the river outflow from the basin (Qout;

see schematic illustration of Fig. 1b), Törnqvist et al.

(2015) developed quantitative expressions for how the

considerable increases in r during the period 1960–2000

were related to distinct decreases in dissolved inorganic

nitrogen concentrations [DIN] in Amu Darya River, despite

increasing N fertilizer use within the basin. Recognizing

that such quantitative, cause and effect understanding of

past development is key for developing dependable future

predictions, we here aim at investigating to which extent

projected future climate change can further influence fun-

damental characteristics of the system, such as the recir-

culation ratio of irrigation and river water. We use above-

mentioned quantitative expressions to investigate if this, in

turn, can affect future basin-scale nitrogen cycling and

attenuation, even in the limiting case that current water

diversions and nitrogen application practices are main-

tained also in the future, which may have important

implications for the status and management of water

resources in ASDB and Central Asia.

Study site

With an area of 1,874,000 km2, ASDB covers the main

part of Central Asia and is shared among Kazakhstan,

Turkmenistan, Uzbekistan, Afghanistan, Kyrgyzstan and
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Tajikistan (Fig. 1a; water divide shown with red solid line).

The two principal rivers Amu Darya and Syr Darya orig-

inate in the mountains of Tajikistan and Kyrgyzstan, where

most (67%) of ASDB’s renewable water resources are

formed. The Amu Darya River Basin (ADRB) has an

extent of 465,000 km2 (Asarin et al. 2010). The main part

of this basin is a low lying arid plain with low precipitation

(below 100 mm year-1 in the Amu Darya delta) and high

ET. The mountainous areas in the south–east part of the

basin are much wetter with on average 500 mm precipi-

tation per year. The temperature is on average 15 �C in the

lower areas and below 0 �C in the highest regions (CRU

dataset; Mitchell and Jones 2005).

The discharge of Amu Darya River at Kziljar (near its

former outlet to the Aral Sea; Fig. 1a) has reduced drasti-

cally due to the large irrigation expansion starting in the

1950s. During the period 1960–2000, the irrigated areas

expanded by 40,000 ha year-1 in the Amu Darya River

basin. As a result, 3,650,000 ha was irrigated by 47 km3

diverted river water in the year of 2000 (Aus Der Beek

et al. 2011). Cotton and wheat are the dominant crops in the

irrigated fields, which in turn are dominated by relatively

water-inefficient furrow irrigation practices where signifi-

cant water losses occur as water is led to the fields in open

channels and is distributed over the fields in trenches

between rows of crops (e.g., Törnqvist and Jarsjö 2012).

Before the irrigation expansion, the average river discharge

at the outlet of the basin was 70 km3 year-1 (Crosa et al.

2006; Törnqvist et al. 2015). Due to the river water

diversions and ET losses over the irrigated fields, the Amu

Darya discharge at the outlet has decreased (Fig. 2a, light

blue symbols) down to around 6 km3 year-1 after 1980

(a)

(b)
Recipient

Irrigated field

Qdiv1

Qout Qdiv,n

Qdiv2

Fig. 1 a Location map of the Aral Sea Drainage Basin (ASDB,

delimited by the thick red solid line, based on the basin delineation by

Shibuo et al. 2007) in Central Asia, and its two principal rivers Amu

Darya and Syr Darya. Irrigated areas are shown in green. b Principal

sketch of water rerouting and recirculation in the ASDB, for which

the recirculation ratio r is defined as r = RQdiv/Qout
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(Fig. 2a, dark blue symbols; Benduhn and Renard 2004;

Jarsjö et al. 2012; Oberhänsli et al. 2009). Since the total

water diversions Qdiv to the expanding irrigated areas

increased rapidly between 1960 and 1980 at the same time

as the discharge Qout decreased, the recirculation ratio r,

defined as the ratio between these two parameters (Fig. 1b)

also increased rapidly from a value around 1.4 in 1960 to

an average value of 5.7 during the period 1980–2000

(dashed blue line in Fig. 2b; Törnqvist et al. 2015).

Whereas the content of N in the soils of the region varies

approximately between 0.01 and 0.07% (Kienzler 2010),

magnitudes of up to 250 kg ha-1 year-1 of N have been

applied on irrigated fields as a result of agricultural inten-

sification. Consequently, total amounts of N applied in the

basin were around 160,000 ton year-1 in 1960, and

increasing to an average of between 400,000 and

420,000 ton year-1 during the period 1980–2000 (Fig. 2b;

Törnqvist et al. 2015). Estimates of the annual mean con-

centration of dissolved inorganic nitrogen (DIN) in the

Amu Darya River exist for the Kziljar station, located near

the Aral Sea outlet. They were computed from monthly

monitoring data, as the sum of NO3-N, NO2-N and NH4-N

concentrations, as further specified in Törnqvist et al.

(2015). Counter intuitively, these DIN concentrations

(which approximately equal total N concentrations) have

been decreasing significantly since the 1960s (Fig. 2c; light

red symbols), reaching values of around 0.5 mg L-1 after

1980 (Fig. 2c; dark red symbols), arguably being a result of

increased DIN retention–attenuation (Törnqvist et al. 2015)

at the above-mentioned high degrees of basin-scale water

recirculation.

Methods

Multi-GCM projections of future climate changes

Acknowledging that the ensemble mean output of multiple

GCMs yields considerably more dependable results than

the output of a single GCM (Jarsjö et al. 2012; Bring et al.

2015), we extracted projected changes in temperature and

precipitation between different future periods and the ref-

erence period 1961–1990 (DT and DP) from 73 GCM

projections reported in three previous studies (Asokan et al.

2016; Jarsjö et al. 2012; Lioubimtseva and Henebry 2009).

The results were used as input in the hydrological modeling

(see ‘‘Hydrological modeling’’ section). Three sets of

projections of DT and DP for the former Soviet Central

Asia between the years of 2025, 2050 and 2100, respec-

tively, and reference period 1961–1990 were obtained from

Lioubimtseva and Henebry (2009). They are based on 17

different GCM projections from the fourth assessment

report (AR4) of the Intergovernmental Panel on Climate

Change (IPCC 2007), i.e., UIUC-EQ, CSIRO2-EQ,

NCAR-DOE, CSIRO1-EQ, GFDK-TR, BMRC-EQ,

HadCM2, CSIRO-TR, ECHAM1, CCSR-NIES, ECHAM3,

CCC-EQ, ECHAM4, UKHI-EQ, CGCM1-TR, UKTR and

ECHAM5. Another set of projections of DT and DP in the

ASDB between the period 2010–2039 (i.e., around 2025)

and the reference period 1961-1990 was obtained from

Jarsjö et al. (2012). These projections are based on 14

different GCMs from AR4, i.e., CSIRO-CSMK3,

ECHAM5-MPEH5, GFDL-GFCM_20_21, HADCM3,

NIES-MIMR, CNCM3, ECHOG, GIER, HADGEM,

INCM3, IPCM4, MRCGCM, NCCCSM, NCPCM,

CSIRO-MK2, ECHAM4, GFDL99-R30, HADCM3,

CCSR-NIES and CCCma-CGCM2. Finally, four sets of
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Fig. 2 Historical a discharge trend of Amu Darya River at Kziljar

gauging station, near the outlet to the Aral Sea, b changes in water

recirculation and N fertilizer application within the Amu Darya River

Basin and c trend of nitrogen concentration (in the form of DIN) at

Kziljar
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projected 4T and 4P in the ASDB between the reference

period and the periods 2010–2039 (i.e., around 2025) and

2070–2099 (i.e., around 2085) were taken from Asokan

et al. (2016). Specifically, we here consider the two models

(GFDL-ESM2G and MPI-ESM-MR) that came out as best

performing regarding historical water flux changes in

ASDB, out of the 22 Coupled Model Intercomparison

Project, Phase 5 (CMIP5) models that were evaluated by

Asokan et al. (2016). The two models were run for the

Representative Concentration Pathway (RCP) 2.6 scenario,

as well as for the RCP 8.5 scenario.

Hydrological modeling

Present results are based on off-line hydrological modeling,

which implies that GCM output is used as input for the

hydrological model. For instance, if one would directly use

the paired DT and DP output from the here considered 73

GCM models, the hydrological model would be run 73

times. However, since several GCM models in the present

case gave similar DT and DP outputs, some hydrological

model runs would not give much new information using

such a procedure. In order to increase the information

content of each hydrological model run, we here instead

discretized the total prediction envelopes of DT and

DP using even spacing, choosing a resolution that gives a

matrix of i 9 j evenly spaced nodes where i = j = 11. The

DTi and DPj values of each node were added to a baseline

map (from the CRU TS 2.1 database; Mitchell and Jones

2005) of reference period temperature (T0) and reference

period precipitation (P0), i.e., Tfuture,i = T0 ? DTi and

Pfuture,i = P0 ? DPj. This resulted in 121 pairs of Tfuture,i

and Pfuture,i maps of ASDB that were used as input to a total

of 121 hydrological model runs. In turn, these runs gave

121 ASDB maps with distributed annual runoff values,

from which the cumulative Amu Darya River discharge

Qfuture at the basin outlet was extracted (more hydrological

model details are given in a separate paragraph below). The

121 values of Qfuture hence corresponded to the 121 dif-

ferent combinations of T0 ? DT and P0 ? DP according to

the nodes of the matrix. The change in river discharge

DQ was obtained by subtracting the Q0 value from Qfuture,

where Q0 was obtained for DT = 0 and DQ = 0. The

values of those nodes were finally interpolated to produce a

continuous hydrological response map that visualizes the

responses of the Amu Darya River discharge to climate

change within the total envelopes of DT and DP given by

the 73 GCM models.

The water flow routines of the PCRaster-based Polflow

model (De Wit 2001) were used to quantify the changes in

river discharge from projected future climate change. The

distributed hydrological PCRaster model has previously

been used to model hydro-climatic responses in the ASDB

and other catchments (Shibuo et al. 2007; Destouni et al.

2010; Jarsjö et al. 2012; Törnqvist and Jarsjö 2012; Asokan

et al. 2010). The model is based on a water balance approach

of Q = P - ET - DS, where DS is the storage change

which is assumed to be negligible on the considered long-

term basis. The modeling in this study follows similar pro-

cedures as in Shibuo et al. (2007) and Jarsjö et al. (2012) to

examine climate change impacts under current irrigation

practices. P and T data from CRU TS 2.1 database (Mitchell

and Jones 2005) were used to calculate potential ET (ETp)

using Langbein method (1949) and actual ET (ETa) using

Turcmethod (Turc 1954). Irrigationwaterwas rerouted from

the river to irrigated areas according to Global map of irri-

gated areas (Siebert et al. 2005) and applied as extra pre-

cipitation. Digital elevation data from Shuttle Radar

Topography Mission (SRTM 2004) were used to generate

flow pathways and flow accumulation of runoff R expressed

as R = P - ETa. The river discharge (Q) in a specific point

was generated as the sum of flow accumulation in all con-

tributing upstream grid cells.

Water recirculation, nitrogen retention–attenuation

model and data

Analogous to the work of Törnqvist et al. (2015) we

assume that nitrogen undergoes first-order degradation

along hydrological flow pathways, expressed as exp[-kT],
where k is the attenuation rate and T is the mean travel

time. The magnitude of internal flow redistribution within

the basin is characterized by a water recirculation ratio r, as

defined previously in Fig. 1b. A certain fraction (f) of Qdiv

is assumed to be lost through ET over the irrigated fields.

This dimensionless fraction is expressed as f = ETirr/Qdiv

where ETirr is the additional ET (expressed in units of flow)

from the irrigation of the basin. ETirr was calculated from

the Polflow modeling (see ‘‘Hydrological modeling’’ sec-

tion) as the total ET under conditions of irrigation and

water rerouting (ETirr?nat) minus natural ETnat, i.e., ET

without rerouting of river water. The nitrogen attenuation

rate k was further assumed to change as function of r due to

increased flow path lengths, where k(r) = k(1 ? ar) and a
is a constant that allows for different significance of r on

the attenuation effect for different conditions. The outflow–

inflow concentration ratio (Cout/Cin) can then be expressed

analytically as (Törnqvist et al. 2015):

Cout rð Þ=Cin ¼
1þ fr

1þ r
exp b � kT½ �= 1� r

r þ 1
exp b � kT½ �

� �

ð1Þ

where b = (1 ? ar)�((f 1)r/(1 ? fr) 1)-1, Cout(r) is the

concentration at the basin outlet, and Cin is the concen-

tration of upstream runoff.
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An effective value of the basin-scale attenuation product

kT for nitrogen was estimated by matching Eq. (1) to

observation data from the 20-year period 1960–1980 with a

low r-value (1.4). The basin characteristic kT-value was

then tested to fit observation data from 1981 to 2000 that

were characterized by a much larger r (5.7) due to irriga-

tion intensification. For these periods, monthly observa-

tions of dissolved inorganic nitrogen concentrations [DIN]

were available from at Kziljar gauging station close to the

Aral Sea outlet (Nasrulin and Zahidova 2002). Dissolved

inorganic nitrogen concentrations were computed as the

sum of NO3-N, NO2-N and NH4-N concentrations. As also

explained in Törnqvist et al. (2015), a main reason for

focusing on DIN is that it comprises highly soluble and

dominant (in particular NO3
-) forms of nitrogen in agri-

culturally impacted river systems, and since monitoring

data existed for these fractions. The data were used to

estimate Cout (r = 1.4) and Cout (r = 5.7). Corresponding

Cin values were calculated as basin-scale N input not taken

up by crops divided by upstream modeled

R (R = P - ETnat). The derived basin-scale value of kT
for nitrogen was used in combination with GCM-based

projections of future river flow to estimate possible cli-

mate-driven changes in riverine nitrogen concentrations at

the outlet.

Results and discussion

Changing regional climate

In the considered near-future period (around 2025), the

mean annual temperatures of Central Asia (Fig. 3a, blue

circles) including the ASDB (Fig. 3a, purple and black

circles) are projected to become considerably higher than

in the reference period 1961–1990, with values of DT (i.e.,

future temperature minus historic temperature) between 1.0

and 2.0 �C. The GCM projection results converge on

showing positive and further increasing DT after 2025, with

DT-values from 1.7 to 2.8 �C around 2050 (Fig. 3a,

squares), and from 1.4 to 5.0 �C around 2100 (Fig. 3a,

triangles).

Individual GCM results for precipitation differences

(DP) are inconclusive, because some GCMs project nega-

tive DP (i.e., future precipitation\ historic precipitation),

whereas others project positive DP (future precipita-

tion[ historic precipitation). The range of DP-values is

higher for projections of the more distant future. Specifi-

cally, it increases from between -16 and 26 mm year-1

(–6 and ?10%, respectively, of the historical P) for 2025 to

between -53 and 76 mm year-1 (-21 and ?30%,

respectively, of the historical P) for 2100. This demon-

strates that individual GCMs projections of Central Asian

precipitation are particularly uncertain for the distant

future. However, calculation of the ensemble average

DP for the different time periods considered here shows

that DP is positive in all cases (?4.9 mm year-1 for 2025,

?4.0 mm year-1 for 2050 and ?13 mm year-1 for 2100),

which indicates increased future precipitation.

Considerably overlapping prediction envelopes for

Central Asia (from Lioubimtseva and Henebry 2009) and

ASDB (from Jarsjö et al. 2012; Asokan et al. 2016) show

that the range of projected future changes for ASDB is

similar to that of Central Asia (Fig. 3a). Furthermore,

DT and DP projections are similar for the ASDB and the

ADRB, with differences in the ensemble mean values

between the basins (e.g., in 2025 DT = 1.53 �C for ASDB

and DT = 1.48 �C for ADRB) being much smaller than the

difference in output between individual models within each

basin. Particularly, since a relatively large prediction

envelope was considered in the hydrological modeling of

‘‘River flow response to projected climate changes’’ section

(0 B DT B 5 �C; -20% B DP B ?30%) it may be seen

as representative for Central Asia, ASDB as well as ADRB.

River flow response to projected climate changes

Figure 3b shows modeled river flow changes DQ (i.e., Q of

the considered future periods minus Q of the reference

period 1961–1990) within the envelope of future DT and

DP given by the 73 considered GCM projections. There is a

wide range of DQ (between -25 and ?20 km3 year-1; see

scale bar of Fig. 3b) within this envelope. In other words,

the different projections of DT and DP from single GCMs

(Fig. 3a) yield relatively different DQ-results, which are

inconclusive regarding even the direction of DQ (i.e.,

positive or negative). However, considering the ensemble

average output (Fig. 3b; colored symbols) for the different

considered time periods, the results converge on showing

negative DQ, with values ranging from -3 km3 year-1

around 2025 (Fig. 3b; blue circle) to—7 km3 year-1

around 2100 (Fig. 3b; green triangle). In addition, standard

deviations around the ensemble averages (Fig. 3b; error

bars) mainly encompass negative values of DQ. Similarly,

the best-performing CMIP5 models show negative DQ-
results for the high radiative forcing scenarios around 2085

(Fig. 3b; filled, black triangles). Results diverge for lower

radiative forcing and shorter time horizons (Fig. 3b; circles

and open triangles).

Notably, due to water losses related to the extensive

irrigation in the ADRB, a relevant reference flow reflecting

current conditions of Amu Darya River is around 6 km3

year-1 only (see ‘‘Study site’’ section). Illustrating how

much projected future climate change alone can further

modify this reference flow, we add the DQ-values from the

ensemble projections to the reference value. The results
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Fig. 3 a Projections of future

change in temperature DT and

precipitation DP in the ASDB

according to 14 GCM

projections from AR4 for 2025

(Jarsjö et al. 2012), 51 GCM

projections from AR4 for

Central Asia around 2025, 2050

and 2100 (Lioubimtseva and

Henebry 2009) and 4 GCM

projections from CMIP5 for

ASDB around 2025 and 2085.

The large dashed rectangle

shows the prediction envelope

considered in current

hydrological modeling.

b Modeled flow change DQ in

the Amu Darya River near its

outlet, in response to a relatively

wide window of DT and

DP combinations that covers all

DT and DP combinations of the

considered 73 GCM projections.

The ensemble mean values and

standard deviation of the multi-

model output from AR4 are

indicated with colored symbols

and error bars, respectively,

and the output of the best-

performing CMIP5 models

according to the ASDB

evaluation of Asokan et al.

(2016) is shown with black

(open and closed) symbols
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demonstrate that the projected ensemble average temper-

ature and precipitation changes are associated with con-

siderably decreased discharges of Amu Darya River, by

around 50% (6-3 = 3 km3 year-1) in 2025 and to com-

pete dry-out at the outlet (6-7\ 0 km3 year-1) in 2100.

Implications for irrigation water recirculation

and nitrogen attenuation

Figure 4a shows how potential future climate-driven

changes in Amu Darya River discharge (DQ) influences the
water recirculation ratio r = Qdiv/Qout of its basin, con-

sidering the case that current water diversion practices are

maintained also in the future (i.e., keeping Qdiv constant).

In this case, changes in r will be inversely proportional to

future changes in Qout, future, which can be expressed in

terms of the current outflow Qout,current and a climate-driven

change in future discharge DQ (e.g., from Fig. 3b) as

Qout, future = Qout,current ? DQ. For instance, Fig. 4a shows
that a climate-driven DQ of ?4 km3 year-1 in the Amu

Darya River discharge would yield an r decrease from

today’s value of 5.7 (orange circle) to 3.7. However,

whereas projections of some individual GCMs suggested

such river discharge increases, ensemble average results

showed that Amu Darya River discharge is likely to

decrease in the future. Considering instead a negative

DQ of -4 km3 year-1, Fig. 4a shows that r would increase

considerably from today’s value of 5.7 to approximately

17.

Historically, the main driver of change in r has been

irrigation expansion (Törnqvist et al. 2015), which has

increased Qdiv and consequently ADRB’s r-value from 1.4

in 1960 to today’s value of 5.7. The present result illus-

trates that, even without further direct modifications of

Qdiv, the r-value is now also sensitive to climate-driven

DQ, and in particular to negative DQ. The reason for the

increased sensitivity is that the current outflow Qout,current is

approximately equally large as plausible values of climate-

driven DQ, which has large impact on r = Qdiv/(Qout,current ?

DQ). This did not use to be the case, since Qout historically

was much higher than today, such that any given DQ to larger

extent was dwarfed by this high outflow value.

We note that the use of water in the upstream, Tajik part

of the Amu Darya River Basin, is likely to increase in the

future, since there is an ongoing expansion of hydropower,

in addition to demands from the agricultural sector (e.g.,

Jalilov et al. 2016). The hydropower expansion is expected

to decrease water availability, particularly during the

growing season when the need is high in the downstream,

agriculturally dominated Uzbek part of the basin. Our basic

assumption, that current basin-scale net water diversions

Qdiv (and associated net water use) will be maintained

rather than continuing to increase in the future, is, however,

consistent with prevailing conditions of severe water

shortage. The reason is that any further increases in

upstream water use will almost certainly be largely com-

pensated by forced decreases in downstream water use, due

to lack of water.

There is at the same time high potential to considerably

decrease the water use in the agricultural sector. Water

savings may also become necessary in the long run, if

water shortage will increase in a future climate. Water

losses in inefficient irrigation and distribution systems,

characterized by furrow irrigation and open distribution

channels, then need to be reduced by improving irrigation

techniques and infrastructure (Bekchanov et al. 2016). For

instance, it has been estimated that a basin-wide
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improvement of irrigation methods could lead to water

savings of 1 km3 year-1 or more in the Aral Sea Drainage

Basin (Törnqvist and Jarsjö 2012). Water can additionally

be saved by reducing the water-demanding cultivation of

cotton and rice to the benefit of, e.g., tree plantations and

cultivation of maize, melon, mung bean, potato and veg-

etables (Bobojonov et al. 2013; Djanibekov et al. 2013).

The possible reduction in irrigation water use by

1 km3 year-1 from improving current practices corre-

sponds to changing the recirculation ratio r in the Amu

Darya River Basin from today’s value of 5.7–4.9 (i.e.,

about 15% decrease). This scenario may be optimistic, at

least when considering the near future, since such large-

scale improvements are associated with high initial costs,

which may delay implementation. Basin-wide changes in

today’s cropping practices that may save large quantities of

water are furthermore not anticipated in the near future,

since changes in governmental policies then are required,

which have not yet been seen (Abdullaev and Rakhmat-

ullaev 2015). For these reasons, and for comparative pur-

poses, we will in the following continue to explore impacts

of ongoing climate change alone, allowing us to identify

the (specific) system sensitivity to climate variables under

the assumption that current net water diversions will be

maintained at a constant level in the future.

Figure 4b shows more specifically how the current

r-value of the Amu Darya River Basin (equal to 5.7) is

expected respond to projected changes in hydro-climatic

conditions in the coming century, based on DQ estimated

from average DT and DP of the best-performing CMIP5

climate models (red bars) and the multi-model ensemble

average DT and DP from the AR4 model runs (blue bars).

In 2025, Fig. 4b shows that r is expected to be anywhere

between essentially unchanged (according to the CMIP5-

results) to being twice as high as today (according to the

AR4-results). However, despite this discrepancy on near-

future r-values, both the CMIP5-results and the AR4-re-

sults show robustly that r-values will be orders of magni-

tudes higher toward the end of the century (2085–2100).

For the AR4-models, results are available also for the year

2050, suggesting that r-values will be yet higher than in

2025, but not as high as in 2100.

The average [DIN] near the outlet of the Amu Darya

River around 1960 (r = 1.4) was 3–4 times higher than in

the 1981–2000 period (Fig. 2c; r = 5.7); previous results

demonstrated that this observed decrease in [DIN] could be

reproduced by Eq. (1) based on the corresponding histori-

cal changes in r (Fig. 2b; Törnqvist et al. 2015). Corre-

spondingly, the bars of Fig. 4c show the expected future

[DIN], normalized by the 1981–2000 [DIN] of Amu Darya

River, assuming that the water recirculation will change in

according to Fig. 4b, and that the attenuation of N can be

described with the attenuation product kT = 1 (Eq. 1),

which is a value that is consistent with historical obser-

vations of N attenuation in Amu Darya River Basin

(Törnqvist et al. 2015). Independent assessments addi-

tionally show that this attenuation product value agrees

with observed attenuation of nitrogen at the field scale

(Darracq et al. 2010a, b; Persson et al. 2011).

Specifically, Fig. 4c then shows that in 2025, N con-

centrations (and in particular [DIN]) may be expected to

range essentially between values similar to, or slightly

above current [DIN] (red bar; CMIP5-results), down to

distinct [DIN] reductions by approximately a factor 4 (blue

bar; AR4-results). The error bars show the sensitivity of

this result with respect to assumed kT, within the possible

range of 0.8\ kT\ 1.4. This uncertainty appears to be

smaller than the effect of the uncertain output from the

climate models (i.e., the differences in results based on the

AR4 models and the CMIP5 models).

Despite these uncertainties, all model results converge

on showing that in year 2050 and after, climate-driven

enhancement of the recirculation ratios in ASDB will be

sufficient to increase retention–attenuation of DIN by

several orders of magnitude, which would decrease riverine

[DIN] at the basin outlet. This is a considerable effect that

apparently has played a role also in the past, as reflected by

the coinciding historical increases in r and decreases in

[DIN] observed in the lower parts of the Amy Darya River

(Törnqvist et al. 2015). Without further investigation, one

cannot exclude the possibility that similar effects of

enhanced retention–attenuation can have contributed to

decreasing [DIN] trends observed in several rivers of irri-

gated basins across the world, despite unchanged or

increased fertilizer use (e.g., Bouraoui and Grizzetti 2011;

Lohrenz et al. 2008), in contrast to the global average

trends of increasing [DIN] (Seitzinger et al. 2010).

Regarding future conditions in Central Asia, climate pro-

jections (Lioubimtseva and Henebry 2009; Koirala et al.

2014) suggest that temperatures will increase and runoff

decrease in a similar way as in the ASDB, which implies

that also other Central Asian rivers may be subject to

similar changes in retention–attenuation of DIN as the here

investigated principal Amu Darya River. Notably, even

though this implies that downstream river waters would

contain less DIN in the future, this does not exclude the

risk of considerable DIN accumulation in soil water and

groundwater closer to the agricultural fields. This is

because of the prolonged flow path lengths related to

increased recirculation of water (see also Hitomi et al.

2006; Wilcock et al. 2012), which can potentially lead to

more efficient filtering and hence retention of DIN in these

water systems.

Observations made at the plot scale have furthermore

shown that the concentration of substances other than

nitrogen, for example phosphorous and organic matter, can
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also decrease in downstream recipients when the water

recirculation increases. This is due to increased retention

and comes at the cost of elevated upstream concentrations

in the agricultural plots (Feng et al. 2004; Hama 2012). It is

hence plausible that other substances than the here studied

nitrogen are impacted by large-scale, climate-driven

changes in recirculation ratios. The ongoing and severe

salinization of the soils at and near agricultural fields in the

downstream part of the Amu Darya River Basin (e.g.,

Johansson et al. 2009) may then also be impacted by cli-

mate-driven changes in recirculation ratios. More specifi-

cally, whereas the current salinization could be attributed

mainly to agricultural intensification, there is now an

apparent risk that ongoing climate change can further

aggravate the salinization of agricultural soils, since the re-

recirculation of already saline return flows may increase in

the future as a result of climate-related water shortage.

Conclusions

Results based on ensemble average GCM output from 73

multi-model projections converge on showing trends of

considerably increasing temperature and slightly increasing

precipitation in Central Asia and the Aral Sea Drainage

Basin (ASDB), and decreasing discharge (Q) in its prin-

cipal Amu Darya River, throughout the coming century

(DT = ?5 �C, DP = ?13 mm year-1 and DQ =

-7 km3 year-1 in 2100). In contrast, results based on

single GCMs were not consistent, showing large spread

and including contradictory results on the direction of

precipitation and Q change.

There is today a high degree of river water diversion and

irrigation water reuse (recirculation ratio r = 5.7) in the

Amu Darya River Basin (ADRB) that covers a large part of

ASDB. Whereas this is a result of expansion of irrigated

agriculture, present results show that even without further

agricultural expansion, the r-value of ADRB is likely to

continue to increase during the coming decades. This is

because r has now (due to the expansion) become highly

sensitive to climate-driven changes in runoff and river

discharge (e.g., a DQ of -4 km3 year-1 would drive r from

5.7 to 17).

Parallel results across different scales have shown a

strong dependence between r and the retention–attenuation

of DIN. Using a basin-scale analytical recirculation model

adopted for the nitrogen loading conditions of ADRB, we

show that DIN concentrations may decrease considerably

in downstream river waters in the future, due to projected

climate-related increases in r. A plausible reason is that

total flow path lengths through the groundwater systems

will increase as r increases, leading to more efficient fil-

tering of DIN, and enhanced DIN retention. This is

associated with a risk of considerable DIN accumulation in

soil water and groundwater near the agricultural fields,

even though the previously mentioned enhanced retention

implies that downstream river waters would contain less

DIN in the future. More generally, the sensitivity of r and

[DIN] in ADRB to climate-driven changes in runoff and

discharge is likely to be shared with many highly managed

basins in arid and semiarid regions of Central Asia, and the

world.
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and model resolution effects on the distributions of advective

solute travel times in catchments. Hydrol Process

24(12):1697–1710

De Wit MJM (2001) Nutrient fluxes at the river basin scale. I: the

PolFlow model. Hydrol Process 15(5):743–759

Destouni G, Darracq A (2009) Nutrient cycling and N2O emissions in

a changing climate: the subsurface water system role. Environ

Res Lett 4(3):035008
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Under the present conditions of climate warming, there has been an increased frequency of bark beetle-
induced tree mortality in Asia, Europe, and North America. This study analyzed seven years of high fre-
quency monitoring of in-stream electrical conductivity (EC), hydro-climatic conditions, and vegetation
dynamics in four experimental catchments located in headwaters of the Sumava Mountains, Central
Europe. The aim was to determine the effects of insect-induced forest disturbance on in-stream EC at
multiple timescales, including annual and seasonal average conditions, daily variability, and responses
to individual rainfall events. Results showed increased annual average in-stream EC values in the bark
beetle-infected catchments, with particularly elevated EC values during baseflow conditions. This is likely
caused by the cumulative loading of soil water and groundwater that discharge excess amounts of sub-
stances such as nitrogen and carbon, which are released via the decomposition of the needles, branches,
and trunks of dead trees, into streams. Furthermore, we concluded that infestation-induced changes in
event-scale dynamics may be largely responsible for the observed shifts in annual average conditions.
For example, systematic EC differences between baseflow conditions and event flow conditions in rela-
tively undisturbed catchments were essentially eliminated in catchments that were highly disturbed
by bark beetles. These changes developed relatively rapidly after infestation and have long-lasting
(decadal-scale) effects, implying that cumulative impacts of increasingly frequent bark beetle outbreaks
may contribute to alterations of the hydrogeochemical conditions in more vulnerable mountain regions.

� 2017 Elsevier B.V. All rights reserved.
1. Introduction

Forest disturbance resulting from bark beetle infestation is
becoming a widespread phenomenon, affecting large forest regions
in North America (Bentz et al., 2010), Europe (Seidl et al., 2011),
and Asia (Tokuchi et al., 2004). The regions are characterized by
large-scale tree mortality, which influences forest ecosystem struc-
tures, functions, and services (Anderegg et al., 2015; Edburg et al.,
2012). Because bark beetle populations respond to shifts in ther-
mal conditions and water stress (Anderegg et al., 2015; Bentz
et al., 2010), future risks of infestation are expected to increase
(Berg et al., 2006; Williams et al., 2013) due to projected climate
warming and changing precipitation patterns (IPCC, 2014). For
instance, forests at higher latitudes and higher elevations, which
are currently untouched by bark beetles, will likely become more
vulnerable under conditions of climate change (Bentz et al.,
2010; Mikkelson et al., 2013b). In areas that are currently vulnera-
ble to bark beetle infestation, the lengthening of warm season can
also accelerate the development of a second generation of bark
beetles (Seidl et al., 2011), further increasing the vulnerability of
these regions.

It is becoming increasingly clear that the hydrological cycling of
water and substances can change profoundly in bark beetle-
infested regions, as for instance seen in North America (Bearup
et al., 2014a; Clow et al., 2011; Edburg et al., 2012; Mikkelson
et al., 2013a) and Europe (Beudert et al., 2007; Huber et al.,
2004; Kaňa et al., 2013). The changes can be variable in space
and time (Rhoades et al., 2013) because insect-induced forest dis-
turbance is a highly dynamic and non-linear process, with varying
development rates and different disturbance stages (Wulder et al.,
2006; Reed et al., 2014). Effects include not only reductions in
interception and evapotranspiration with reduced leaf area and
stem density (Bearup et al., 2014a; Beudert et al., 2007; Hubbard
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et al., 2013), but also changes in water geochemistry, with reduced
plant carbon uptake, increased decomposition processes, and
potential loss of nutrients (Mikkelson et al., 2013b; Rhoades
et al., 2013).

Although some impacts of bark beetle infestation and tree mor-
tality show similarities to the impacts of forestry operations such
as clear-cuts, recent studies have shown that conclusions regarding
impacts are not easily transferrable between the two cases (Adams
et al., 2012; Hais et al., 2009). One reason is that forest harvesting,
to a large extent, is associated with soil disturbances due to soil
compactions caused by forestry machines and the construction of
roads (Adams et al., 2012; Mikkelson et al., 2013c). Such conditions
result in destructing the bottom layer of vegetation, and changes in
microclimatic conditions (Mikkelson et al., 2013c). Notably,
whereas clear-cuts have been shown to generally increase average
streamflow (Martin et al., 2000; Seibert and McDonnell, 2010), this
issue has not been resolved for bark beetle infestation and associ-
ated tree mortality because few relevant studies exist, and they
reported inconsistent results regarding measurable streamflow
impacts across basins (Adams et al., 2012; Buttle and Metcalfe,
2000; Pugh and Gordon, 2013). For example, a recent paired-
catchment study in the US (Biederman et al., 2015) compared eight
infested catchments to one neighboring control catchment and
concluded, in contrast to expectations, that the annual streamflow
did not increase.

Questions also remain regarding the impacts of bark beetle-
induced tree mortality on soil and water geochemistry, which have
been shown to be diverse, and include changes in carbon (Kaňa
et al., 2013; Reed et al., 2014; Xiong et al., 2011), nutrient
(Beudert et al., 2007; Mikkelson et al., 2013b; Huber et al., 2004),
and trace metal balances (Bearup et al., 2014b). Such changes
can be complex, as exemplified by studies addressing pine forest
responses to insect infestation (Clow et al., 2011; Edburg et al.,
2012; Mikkelson et al., 2013b). Their results for pine forest showed
that nitrogen (N) rich needles initially decayed more quickly than
branches with low N and high carbon (C) concentrations. After tree
dieback, the N and C released from the tree trunks then accumu-
lated in the soil, which acted as a sink. The nutrients were then
available for transport via subsurface flow or uptake by the subse-
quent regenerating forest. Although previous studies provided
valuable insight regarding relevant processes, they did not investi-
gate the relationships between potential characteristic variations
during short-term events and long-term changes in average condi-
tions, which may reflect the fundamental mechanisms behind the
overall impacts of bark beetle infestations on hydrogeochemical
conditions at various temporal scales.

It is acknowledged that there are considerable methodological
and practical difficulties related to measuring the governing hydro-
geochemical parameters at sufficient spatial and temporal resolu-
tions. In particular, detection of long-term changes in average
conditions typically requires multi-year measurement data. Nota-
bly, conditions may change considerably and rapidly during short
hydrological events, to the extent that most substance mobiliza-
tion may occur during events involving heavy rainfall or snowmelt
(Clason et al., 2015; Pietroń et al., 2015). Therefore, requirements
for sampling frequency and duration may exceed what is feasible
for the geochemical parameters, whose determination is based
on laboratory assessment, such as humic acid, N, NO3

�, NH4
+, phos-

phorus (P), trace metals, and organic carbon.
A feasible alternative to multi-sampling of hydrogeochemical

parameters is provided by monitoring of in-stream electrical con-
ductivity (EC). For instance, the use of automated sensor networks
allows for high frequency on-site monitoring, which can be inte-
grated with continuous water stage monitoring to provide high-
resolution data sets over long-term spans (Hem, 2012;
Maidment, 1992). EC, a normalized measure of the ability of water
to conduct an electric current, is directly related to the concentra-
tion of salts dissolved in water (Hem, 2012). EC can reflect the
degree of mixing of waters with different salinities, such as event
water (i.e., precipitation) and different pre-event waters (i.e., water
stored in the soil and/or groundwater systems of a catchment)
(Ahearn et al., 2004; Laudon and Slaymaker, 1997; Martínez-
Santos et al., 2014; Pinder and Jones, 1969).

Our study, which is based on seven-year, high frequency in-
stream EC and streamflow monitoring in four small experimental
catchments (approximately 3.5 km2), focuses on the following
research objectives:

1) Testing the hypothesis that insect-induced forest distur-
bance can change hydrogeochemical characteristics at the
catchment scale, to the extent that it influences in-stream
EC monitoring;

2) Determining the effects of insect-induced forest disturbance
on in-stream EC responses at multiple timescales across
catchments with relatively healthy forests and different dis-
turbance stages of mortality, decay, and regeneration;

3) Testing whether the EC responses during individual hydro-
logical events differ in catchments impacted and not
impacted by bark beetles.

2. Materials and methods

2.1. Study area

The study area in the upper Vydra basin, with its four experi-
mental catchments, is located in the headwaters of the Sumava
Mountains, the Czech Republic, Central Europe (Fig. 1), and fea-
tures an elevated montane plain with moderate hillslopes
(Langhammer et al., 2015). Geologically, the basin is developed in
the Moldanubicum (crystalline core of the Bohemian Massif), and
the bedrock is mainly composed of metamorphic gneiss and schists
with intrusions of granite (more than 20 m below the surface).
Entic Podzols, Histosols, and Gleysols are common soil types
(Němeček, 2002). The pH value of streams in this region is around
6.0, see e.g. Ferda et al. (1971) and Ruzicková and Kotrbová (2000).
This region features a typical mid-latitude montane climate, with
an average annual precipitation of 1370 mm and a mean air tem-
perature of 3.6 �C (Langhammer et al., 2015).

Norway spruce (Picea abies), beech (Fagus sylvatica), and Euro-
pean silver fir (Abies alba) are the dominant tree species (Vacek
and Podrazsky, 2003). Since the 1990 s, the Norway spruce in the
southwestern upper Vydra basin has been subjected to bark beetle
(Ips typographus [L.]) infestation after severe windstorms in the
Bavarian Forest (Hais et al., 2009; Langhammer et al., 2015). In
the study region, the infestation accelerated after the most recent
windstorms in 2007 and 2008. As a result, large-scale bark
beetle-induced tree mortality was present in the basin, and it
affected more than 50% of the basin area by 2010. As a part of
Sumava National Park, the basin had strictly limited socioeconomic
activities, and the entire disturbed area was left to natural pro-
cesses, without substantial human intervention or countermea-
sures against the bark beetle attacks. However, some affected
areas have regenerated rapidly.

2.2. Experimental sites

Four experimental catchments in the upper Vydra basin,
namely, Hajenka (HAJ), Breznicky (BRE), Rokytka (ROK), and Ptaci
(PTA) (Fig. 1), were selected as study sites (Table 1). They were
selected because long-term monitoring series with ten-minute EC
data from 2009 to 2015 (referring to hydrological year 2009 to
hydrological year 2015) were available, and because they represent



Fig. 1. a) Map of the study region with hydro-meteorological stations and four experimental catchments. Four meteorological stations are located in Rokytka, Ptaci,
Breznicky, and Modravsky creeks. The hydrological stations in the four studied catchments – Breznicky (BRE), Hajenka (HAJ), Rokytka (ROK), and Ptaci (PTA) – are highlighted.
b) Dynamics of bark beetle-induced forest disturbance in the study region in the years 1984, 1995, 2005, and 2011.
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Table 1
Physiographic and land cover characteristics of the four experimental catchments. Abbreviations: SD = standard derivation; EC = electrical conductivity.

Catchment PTA ROK HAJ BRE Legend & unit

Topography

Area 4.0 3.8 3.3 3.5 [km2]
Aspect W-NW SE NE-NW NE-SE /
Altitude 1201 ± 43 1124 ± 68 1233 ± 38 1256 ± 45 Mean ± SD [mm]
Slope 6.0 ± 3.8 4.4 ± 3.2 6.0 ± 3.6 6.4 ± 4.3 Mean ± SD [�]
River density 2.2 3.2 2.2 2.2 [km/km2]
Geology Metamorphic rocks Quaternary sediments Metamorphic rocks Metamorphic rocks Dominant type
Soil Podzols Podzols Histosols Podzols (at least >55%)
Vegetation dynamics

Initial year of major
infestation

2014
(least disturbed)

2010
(newly disturbed)

<1996* (highly disturbed) <1996* (highly disturbed)

Note:
* The initial year of major bark beetle infestation in HAJ and BRE was between 1984 and 1995 (Hais et al., 2009; Langhammer et al., 2015).
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different stages and magnitudes of bark beetle-induced forest dis-
turbance, with forest conditions in the beginning of the monitoring
period ranging from essentially healthy to heavily damaged. Here,
we defined the initial year of major bark beetle infestation as the
year when the coverage of healthy forest (including regenerated
forest) became less than 50% of the total catchment area (Table 1).

� The HAJ and BRE catchments were attacked by bark beetles
prior to the monitoring period. The forests in these catchments
became severely damaged in the 1990s. In total, 75% and 60% of
the vegetation covered in HAJ and BRE, respectively, comprised
lying dead trunks subject to decay. From 2008 onward, HAJ and
BRE both experienced increasing fractions of forest regeneration
(Table 1). Overall, HAJ and BRE can be regarded as ‘‘highly dis-
turbed” catchments.

� ROK, which had a forest coverage of approximately 85%, was
extensively attacked during the study period. In 2008, approxi-
mately 70% of the forested area in the catchment was healthy,
with only slight traces of infestation. In 2010, the damaged area
started to reach a considerable extent, reflecting a major bark
beetle infestation. In 2015, the damaged forest class, remaining
at the stage with standing dead trunks, was the largest, covering
30% of the catchment area. ROK, with 6 years of major bark bee-
tle infestation, can be regarded as a ‘‘newly disturbed”
catchment.

� PTA, 80–85% of which was covered by forest, was classified as
healthy at the beginning of the study period and later on under-
went a gradual increase in disturbance. In 2013, approximately
20% of the catchment area had damaged or decayed forest,
which can be regarded as a non-negligible infestation. The
major bark beetle infestation started in 2014, when the healthy
forest coverage decreased to slightly below 50% of the total
area. Nevertheless, in 2015, the healthy forest class was still
the largest (in contrast to the conditions in the other three
catchments), covering approximately 40% of the total area.
Thus, this catchment remained the ‘‘least disturbed”.

Regarding the physiographic characteristics, the four headwater
catchments have similar sizes (approximately 3.5 km2) and feature
comparable elevations, slopes, and river network densities
(Table 1). They are characterized by moderate slopes and rich river
networks at an elevation of approximately 1200 m a.s.l. Geologi-
cally, the PTA, HAJ, and BRE catchments are dominated by meta-
morphic rocks (77%, 95%, and 85% of the catchment areas,
respectively), whereas the ROK catchment comprises 67% Quater-
nary sediments and peat land, 20% granite, and limited metamor-
phic rocks. The soils in PTA, ROK and BRE are dominated by
Podzols (100%, 70%, and 59% of the catchment areas, respectively),
whereas the soils in HAJ are Podzols and Histosols (44% and 56% of
the catchment area, respectively).

2.3. Monitoring setup and data sources

The hydro-meteorological monitoring data applied in this study
were based on an automated sensor network consisting of 11
gauging stations that have been successively installed in the study
area by Charles University in Prague (CUNI) since 2005 (CUNI,
2015). Among these stations, four hydrological stations and four
meteorological stations at different elevations were selected for
this study (Fig. 1). All data were measured and recorded continu-
ously over the whole study period at ten-minute intervals. They
were stored in the control unit and periodically transmitted to
the central cloud-based storage system with online access (CUNI,
2015). The data were aggregated in yearly, daily and hourly values
according to the temporal resolutions required by the different
analytical methods applied.

Rainfall was recorded by tipping-bucket gauges, snow depth
was monitored using an ultrasonic device at the Ptaci station,
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and snow water equivalent was monitored by a snow scale at the
Modravsky station. The water stages at the outlets of the four stud-
ied catchments were measured using ultrasonic or pressure sen-
sors, which were used to convert to streamflow (Q in m3 s�1)
using the derived rating curves. The rating curve in each stream
was established by hydrometric measurements using an acoustic
Doppler velocimeter (Flow Tracer, SonTek Inc.) and a salt dilution
method (Su and Langhammer, 2014), covering a full range of water
levels over the study period. In-stream EC was measured at the
gauging stations, and the monitoring data were calibrated by a
non-linear relationship based on the ISO 7888:1985 standard
(CNI, 1996). In addition to continuous in-stream EC measurements,
22 rain samples and 7 snow samples were collected from Mod-
ravsky meteorological station since 2013, which assisted obtaining
the characteristics of precipitation EC over the recent 3 years. The
samples were analyzed using two portable conductivity meters
(Pro Plus, YSI Inc. and EC CDC401, HACH Inc).

The considered seven-year period of hydrological and hydro-
chemical observations in the study catchments did not reach the
very beginning of the forest disturbance process. Until the 1990s,
the catchments were situated in the so-called ‘‘iron curtain”: the
military buffer zone along the border between the Czech Republic
and Germany with strict restrictions of access since the 1950s
(Bičík et al., 2001). As a consequence, the first hydrogeochemical
sampling campaign started in the 1990s after opening access to
the area.

The first information on hydrochemistry in the study area
resulted from the mapping of hydrochemical properties of surface
waters in the Czech Republic, launched in the 1990s by the Czech
Geological Survey (CGS) (Veselý and Majer, 1998). The monitoring
(CGS, 2016) was done in July and August of 1990, 2000, and 2010 at
23 sampling sites in the upper Vydra basin. The sampling points
were located in the same catchments as those covered since
2005 by our sensor network. Furthermore, Ruzicková and
Kotrbová (2000) tracked EC values in 10 streams of the area during
spring, summer, and fall of 1997 (Ruzicková and Kotrbová, 2000).
Later in 2002–2003, Ruzicková et al. (2004) measured EC at 16
sampling sites in the forest disturbance zone during the vegetation
season. Here, we primarily used the early EC data from these stud-
ies as important references indicating the pre-infestation geo-
chemical conditions in the region, for comparison with our
automated EC measurements that did not reach as far back in time.
However, these historical data were limited in the total number of
samples and the complexity of coverage, comprising in total 115
measurements from the 1990s and the early 2000s.

A Digital Elevation Model (DEM) with a 5 m � 5 m resolution
was acquired from the State Administration of Land Surveying
and Cadastre (Brázdil et al., 2012; CUZK, 2013), and a geological
map (CGS, 2014), and a soil map (CGS, 2012) were acquired from
the CGS. The drainage network was based on the water manage-
ment geodatabase DIBAVOD (WRI, 2013). The forest cover dynam-
ics were derived from orthophotos from 2008, 2011, and 2014
(CUZK, 2014).

Except for using the meteorological stations from the monitor-
ing network given in Fig. 1 (CUNI, 2015), data of daily precipitation,
snow cover, and air temperature were interpolated using the
neighboring stations of Filipova Hut, Churáňov, Kasperske Hory,
and Grosser Arber (CHMI, 2015; DWD, 2015). Specifically, air tem-
perature was estimated according to the elevation gradient (a tem-
perature lapse rate of 0.6 �C per 100 m elevation), and precipitation
was estimated using an orographic regression (a precipitation
lapse rate of 9.5 mm per 100 m elevation) (Langhammer et al.,
2015). Daily precipitation measured from Rokytka station was oro-
graphically corrected in each experimental catchment using
weighted elevation categories representing 100 m increments
determined from the DEM.
2.4. Applied methods

2.4.1. Statistical analyses of hydro-climatic characteristics and EC
responses at different temporal scales

Across the four catchments, analyses of annual, seasonal, and
daily hydrological characteristics together with in-stream EC
responses over the study period (the hydrological years of 2009–
2015) were conducted using the daily data obtained from ten-
minute observations of precipitation (P), snow depth (Ds), air tem-
perature (T), discharge (Q), and in-stream EC. Runoff depth (R, mm)
was calculated as R = Q/A where A is the catchment area. Periods
when Q and EC data were unavailable due to station malfunction
were removed from the analyses. This data removal was applied
for periods of 01/11/2008–11/05/2009, 24/08/2009–30/11/2009,
and 6/18/2015–31/10/2015 at HAJ and 01/11/2008–5/26/2009 at
BRE.

The daily precipitation (P, mm) was used to compute the ante-
cedent precipitation index (API), which is defined as follows
(McGuire and McDonnell, 2010; Uchida et al., 1999):

APIn ¼
Xn
i¼1

Pi ð1Þ

where n is the chosen number of antecedent days, and 7, 15 and
30 days (API7, API15 and API30) were chosen for this study.
Streamflow-related indices, including mean runoff coefficient �RC,
i.e., the ratio of the annual mean runoff depth (�R, mm) to the annual
mean precipitation depth (�P, mm), and variability in the daily run-
off, i.e., the standard deviation (SD) and coefficient of variation (CV)
of daily runoff (R, mm), RSD and RCV, were calculated for every year
in each catchment.

The flow duration curve (FDC) was used to describe the proba-
bilities of daily R that are greater than or equal to a specified mag-
nitude, and here we calculated the slope of FDC (SFDC) based on the
5th and 95th percentiles of daily R (Muñoz-Villers and McDonnell,
2013).

We split the daily R records into stormflow (Rstorm, mm) and
baseflow (Rbase, mm) using the Eckhardt filter method (Eckhardt,
2005) and the filter settings applied by Langhammer et al.
(2015). The baseflow index (BFI) was then calculated as the ratio
of Rbase to daily R. Box-whisker plots were used to illustrate the sta-
tistical distributions of daily runoff (R, mm) and in-stream EC (EC,
ms/cm).

To investigate the significance of changes in the annual and sea-
sonal trends of EC and R over the study period, a two-tailed, non-
parametric Mann-Kendall test (Hamed, 2008) was performed for
each catchment. The statistical significance values of the results
were tested using a p-value threshold of 0.01. Furthermore, to
identify possible underlying factors and driving forces (e.g., forest
disturbance stages, physiographic catchment properties, and
annual average hydro-climatic indices) that cause spatial and tem-
poral differences in in-stream EC, the Pearson correlation test was
conducted between catchments, as well as within each catchment.
The statistical significance values were tested using p-value
thresholds of 0.01 and 0.05. Combining the results of the Mann-
Kendall test and the Pearson correlation test, we investigated our
working hypothesis that bark-beetle induced tree mortality can
cause catchment-scale hydrogeochemical changes (i.e., objective
1). In particular, this view would be supported if (i) the Mann-
Kendall test would show significant EC changes over the study per-
iod, at the same time as (ii) the Pearson correlation test would
show that EC values were correlated to different forest disturbance
stages.

Friedman test was used to statistically determine significant
differences in in-stream EC values between catchments. We tested
the null hypothesis (H0: samples come from the same population)
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and an alternative hypothesis (Ha: samples do not come from the
same population) for each pair of data, where the p-value was
computed using 10,000 Monte Carlo simulations with a fixed sig-
nificance level alpha a. We set a as 0.05, i.e., the risk of rejecting
the hypothesis is equivalent to 5%. The above-mentioned working
hypothesis (objective 1) would be supported if H0 could be rejected
at the same time as the EC values would show correlation with the
catchments’ forest disturbance stages.

2.4.2. Analysis of event-scale streamflow-EC responses to rainfall
For the event scale analyses, hourly data was used. To investi-

gate whether the characteristics of events differ under different
degrees of bark beetle-related forest damage (and under which
ambient conditions that may happen), we used the agglomerative
hierarchical clustering analysis to identify groups of events that
have similar antecedent wetness conditions and precipitation
event characteristics, with the target to find a group of events that
have occurred under as similar conditions as possible, such that the
influence of differences in external factors would be as low as pos-
sible. First, we removed events occurring under complex condi-
tions with frozen ground and snow melt impacts. We specifically
defined a single event as a period with more than 0.2 mm/h of rain-
fall (Muñoz-Villers and McDonnell, 2013) separated from other
events by a dry period of at least 6 h (Sidle et al., 2000). For each
event, the standard deviation of precipitation (PSD, -), mean inten-
sity (PI, mm/h), and maximum intensity (PImax, mm/h) were calcu-
lated. Second, we performed the agglomerative hierarchical
clustering analysis on the full set of 85 events that within the
seven-year measurement period qualified as single events accord-
ing to the above-expalined criteria. The clustering method of the
Eucleidan distance metric and Ward’s linkage (Everitt et al.,
2011) were applied to identify the categories based on the param-
eters of API30, total precipitation (mm), precipitation duration (h)
and precipitation intensity (PI, mm/h).

We used the results of cluster analysis to identify the events,
occurring under dry antecedent conditions as the subset of events,
and selected for further analysis. The reason was that these events,
in contrast to those occurring under wet antecedent conditions,
can reflect a clear transition from baseflow-dominated conditions
to event flow conditions (Buttle et al., 2001). Analyses of such
events under different degrees of forest infestations may therefore
shed light on possible bark beetle-induced impacts on the mixing
behavior of pre-event water and event. Among those events, four
events characterized by similar rainfall properties and antecedent
wetness conditions from 2011, 2012, 2013, and 2014 were used
to illustrate the streamflow-EC relationship at the event scale.

With respect to the hydrological data, indices of total runoff
depth (R, mm), RC (i.e., R/P), lag time between the rainfall peak
and discharge peak (Tlag(P-Q), h), lag time between the EC peak
and discharge peak (Tlag (EC-Q), h), duration of the rising limb (Tr,
h), maximum EC (ECmax, ms/cm), and range of EC (ECrange, ms/cm)
were calculated for each event.

We employed the method proposed by Zuecco et al. (2016) to
categorize the EC-Q hysteresis loop based on its direction, shape,
and size. First, Q and EC data were normalized as follows:

Q 0ðtÞ ¼ QðtÞ � Qmin

Qmax � Qmin
ð2Þ
EC0ðtÞ ¼ ECðtÞ � ECmin

ECmax � ECmin
ð3Þ

where Q 0 (–) andEC0 (–) are the normalized Q and EC, respectively;
Q0 (l/s/km2) and EC0 (ms/cm) are the initial values of Q and EC,
respectively; and the subscripts ‘‘min” and ‘‘max” denote the mini-
mum and maximum values of Q (l/s/km2) and EC (ms/cm) during the
event, respectively. Based on Zuecco et al. (2016), the difference
DA½i;j� in the definite integrals of the rising and falling parts of the
hysteresis curves was calculated as follows:

DA½i;j� ¼ DAr½i;j� � DAf ½i;j� ¼
Z j

i
EC0rðQ 0ÞdQ 0 �

Z j

i
EC 0f ðQ 0ÞdQ 0 ð4Þ

In this study, we set the intervals of integrations as 0.05 using a
linear function, with an equal width between the lower and upper
limits of integration. Values of minimum, maximum, and sum of
DA½i;j� were calculated and used as the indices, denoted as DAmin,
DAmax, and Asum, respectively. Following the procedure given by
Zuecco et al. (2016), these indices were then used to determine
one of eight identified EC-Q hysteresis classes. If the dependent
variable decreases from the initial state, the following four classes
were used: I = clockwise loop, II = eight-shaped or complex loop
with a predominant clockwise loop, III = eight-shaped or complex
loop with a predominant counterclockwise loop, and IV = counter-
clockwise loop. Conversely, if the dependent variable decreases
from the initial state, the following four classes were used:
V = clockwise loop, VI = eight-shaped or complex loop with a pre-
dominant clockwise loop, VII = eight-shaped or complex loop with
a predominant counterclockwise loop, and VIII = counterclockwise
loop.

3. Results

3.1. Hydro-climatic characteristics

During the seven-year study period, the annual average precip-
itation (�P) showed similar values in the four catchments at approx-
imately 1150 mm (Table 2). Approximately 35% of the annual
precipitation was snow. All four catchments were characterized
by a winter season that lasts nearly half a year, during which
long-lasting snow cover developed. However, as shown in the sup-
plementary material (Fig. S1), the ratio between snow and total
precipitation �Ps=�P varied considerably over time. Relatively little
snow was observed in 2010, 2011, 2014, and 2015, whereas
2009, 2012 and 2013 had more snow (�Ps=�P > 40%).

ROK, HAJ, and BRE catchments, located at the southern and
southwestern parts of the upper Vydra basin, had annual average
runoff (�R) values that were more than 20% higher than those of
PTA (Table 2). All four catchments were dominated by baseflow,
with relatively high annual average BFI values (B�FI > 0:80, Table 2).
The B�FI values in HAJ and BRE, which were dominated by decayed
forest, were lower than two less disturbed catchments of ROK and
PTA.

3.2. Runoff hydrographs and overview of in-stream EC dynamics

There were shared characteristics regarding streamflow and in-
stream EC dynamics in the four studied catchments (details given
in the supplementary material, Fig. S1). First, during the spring
periods (late April to early May), the in-stream EC decreased when
the snowmelt-driven streamflow (and baseflow) increased, result-
ing in a negative correlation between EC and R (and RBase). Second,
during the summer period, especially during dry antecedent condi-
tions (i.e., when the API is lower than both the seven-year average
and annual mean; Fig. S1), the in-stream EC values gradually
increased with time. Such notable EC increases, for example, can
be observed in Sept. 2009, Oct.–Nov. 2011, Aug. 2013 and Aug.–
Oct. 2015. Third, streamflow peaks were often associated with
changes in EC. However, the EC responses to high flows differed
between the catchments. Frequently, EC increased in response to
high flows (for example, in PTA at the beginning and end of
2013; Fig. S1). However, under conditions as those observed in



Table 2
Annual average values of water balance and rainfall-runoff variables in four experimental catchments during the period of 2009–2015. Abbreviations: P = precipitation,
PS = snowfall, API7/API15 = 7-day/15-day antecedent precipitation index, the subscript of SD = standard derivation of the variable, R = runoff depth, RC = runoff coefficient, and
BFI = baseflow index. Upper bar of each symbol = annual mean.

Site Upper Vydra PTA ROK HAJ BRE

Period 1961–2010 2009–2015 2009–2015 2009–2015 2009–2015
�P[mm] ± �P SD 1378 ± 180 1166 ± 207 1154 ± 196 1114 ± 197 1142 ± 202
�Ps=�P [%] – 35.4 37.4 37.1 36.2
API7 ± API7SD – 22.4 ± 20.2 21.2 ± 19.2 21.4 ± 19.3 21.9 ± 19.8
API15 ± API15SD – 48.2 ± 31.9 45.6 ± 30.2 46.0 ± 30.5 47.2 ± 31.3
�R [mm] 1175 817 1031 989 982
�RC [–] 0.85 0.70 0.89 0.89 0.86

B�FI [–] 0.91 0.83 0.82 0.80 0.80
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HAJ and BRE, EC could decrease during the initial stage of high flow
events, and subsequent EC increases were less rapid than in PTA or
non-existent (notably, in Sept. and Oct. 2011 and 2012; Fig. S1).

The dynamics of the EC response to the runoff events varied
among the catchments but also in relation to the time since the ini-
tial infestation (Fig. 2). Specifically, in the newly disturbed ROK
catchment (within 4 years after infestation, i.e., from 2011 to
2013), and throughout the entire observation period in the least
disturbed PTA catchment, EC values were very sensitive to fluctu-
ations in streamflow, with clearly increasing EC values during high
flow events (i.e., positive EC-R relationships, Fig. 2). The dynamics
were very different in the two highly disturbed catchments of HAJ
and BRE, where the EC responses to high flow events were much
less pronounced, resulting in similar average EC levels during
events and between events. In the ROK catchment, which became
severely infested in 2010, a gradual change with time in the EC
response to high flow events could be observed, starting from
the above-mentioned clearly positive EC-R relationship shared
with the least disturbed PTA catchment, and transforming into
much less pronounced EC-R relationships in 2014 and 2015, simi-
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3.3. Annual (seasonal) EC and R characteristics

Trends of in-stream EC were tested by the Mann-Kendall
method (Table 3). The annual average in-stream EC values in PTA
and ROK showed statistically significant increases with time dur-
ing the considered seven-year period. Disaggregating the annual
series into seasonal data consistently yielded similar (and statisti-
cally significant) increasing EC trends in PTA and ROK during all
four seasons. In HAJ and BRE, the annual average in-stream EC
decreased with time (statistically significant in HAJ). The seasonal
data also revealed decreasing trends in HAJ and BRE, except during
the fall periods (month VIII-X), revealing reverse trends in both
catchments.

The annual in-stream EC trends in PTA, ROK, HAJ, and BRE
(Table 3) indicated that the gradual changes of EC values corre-
sponded to variations in land cover of the catchments, in the con-
text of fraction (i) damaged and decayed forest, and (ii)
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Table 3
Mann-Kendall test of annual and seasonal in-stream EC trends in four experimental catchments during the period of 2009–2015. Cell values show both the Sen’s slope, and the
average values of EC (�EC ± standard deviation ECSD). Colored cells mark cases where there is a statistically significant increasing (red) and decreasing (blue) trend (p-value < 0.01).
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regenerated forest (Fig. 3). The fraction of regenerated forest
decreased in ROK, and the extent of damaged and decayed forest
simultaneously increased. This was accompanied by increasing in
annual average EC. In the PTA catchment, which was initially dom-
inated by healthy forest and subsequently exhibited a gradual
increase in damaged and decayed forest, the annual average EC
values showed a gradual increasing trend over the past seven years
(Fig. 3). This trend was consistent with the results from ROK, with
the main difference being that the observed trends were more pro-
nounced in newly disturbed ROK than in least disturbed PTA. Fur-
thermore, in the highly disturbed HAJ and BRE catchments, the
fraction of regenerated forest increased with time, and the propor-
tions of damaged and decayed forest were constant (BRE) to
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Fig. 3. Box-whisker plots of the daily in-stream EC of each studied hydrological year from
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slightly decreasing (HAJ). Accordingly, the annual average in-
stream EC decreased over time in the HAJ catchment and was rel-
atively constant in the BRE catchment (Fig. 3).

Note that the absolute annual average EC levels were higher in
the ROK catchment than in the PTA, HAJ, and BRE catchments
(Fig. 3). We used the Friedman’s test to confirm that in-stream
EC values were significantly different in ROK (p-value < 0.01). How-
ever, because both geology and degree of forest disturbance were
different in ROK than in the other catchments (Table 1), correlation
tests showed that the average EC was significantly correlated to
both of these parameters (supplementary material, Table S1a).
Therefore, the results were inconclusive as to whether one of these
parameters alone could explain the relatively high average EC val-
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ues in ROK. By contrast, considering the above-discussed EC trends
within each catchment, we can test against forest disturbance
change alone (due to each catchment’s given and constant geolog-
ical conditions). The results suggested that the EC-related variables
still showed significant positive relationships to the extent of the
damaged forest (supplementary material, Table S1b). Hence, forest
damage was the only plausible explanation for the observed EC
trends.

Regarding streamflow characteristics, the annual average R and
RC fluctuated between years in all four catchments but did not
show clear trends in any of the considered catchments during
the seven-year study period (supplementary material, Fig. S2)
despite on-going land cover changes, including the considerably
increased areas of damaged forest in the PTA and ROK catchments.
Furthermore, the conducted Pearson correlation tests (supplemen-
tary material, Table S1a) showed that there were no significant cor-
relation between the average in-stream EC and the considered
hydro-climatic parameters (P/ET, RC, and BFI).

3.4. Daily variability and EC-streamflow hysteresis

Daily streamflow and in-stream EC characteristics of the least
disturbed PTA catchment, the newly disturbed ROK catchment,
and two highly disturbed catchments (HAJ and BRE) were illus-
trated by flow duration curves (FDCs) and corresponding EC scat-
ters in Fig. 4. The daily streamflow given by the slope of the daily
runoff FDC only exhibits minor differences between four catch-
ments (SFDC(PTA) = 2.19, SFDC(ROK) = 2.11, SFDC(HAJ) = 2.21, and
SFDC(BRE) = 2.10), despite their considerable differences in the
magnitudes of bark beetle-induced forest disturbance. The daily
EC variability was relatively large in the least disturbed catchment
of PTA and in the newly disturbed catchment of ROK (CV = 15.5 and
19.3, respectively), in particular during high flow conditions
(CV = 35.4 and 26.7, respectively); we here specifically defined
high flow conditions as the leftmost 0–25% portion of the x-axis
of the FDC. The EC variability in the highly disturbed catchments
of HAJ and BRE was considerably lower (CV = 8.8 and 7.7, respec-
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Fig. 4. (a–d) Flow duration curves and the corresponding in-stream EC values based on
catchments. (e–h) Relationship of the daily runoff depth R to the corresponding in-strea
tively), also during high flow conditions (CV = 10.3 and 9.6, respec-
tively). These differences in statistics were hence consistent with
the qualitative assessment of runoff hydrographs and EC changes
found in Section 3.2, which showed that peak flows were associ-
ated with much larger EC changes in PTA and ROK than in HAJ
and BRE. Regarding the long-term trends of EC, the above men-
tioned (Section 3.2) increase of average EC was apparent also from
the daily EC characteristics in the highly infested ROK as well as in
the moderately infested PTA catchments over the period of 2009–
2015 (Fig. 4e, f). Conversely, both HAJ and BRE catchments with
ongoing forest regeneration such an increase cannot be seen
(Fig 4g, h).

Four distinct types of events were recognized in the agglomer-
ative hierarchical clustering analysis: long-lasting rain after dry
antecedent conditions, long-lasting rain after wet antecedent con-
ditions, rain after wet antecedent conditions, and rain after dry
antecedent conditions (supplementary material, Fig. S4). The
length of the horizontal lines in Fig. S4 reflected the degree of sim-
ilarity between the different events and clusters: the shorter the
line, the more similar the event. The most similar events fell into
Cluster 4 (rain after dry antecedent conditions). This cluster also
contained the four events that were joined by the very shortest
lines of all 85 events, namely the events of 2011-08-13, 2013-08-
25, 2012-06-04 and 2014-08-25 (Fig. S4). Due to their similarity
in terms of rainfall and antecedent wetness conditions (Table 4),
and the fact that the rain after dry conditions may be favorable
for detecting bark beetle-induced impacts (see section 2.4.2), these
events were chosen for further detailed analysis.

The event-scale EC-Q dynamics in the PTA, ROK, HAJ, and BRE
catchments for the above-mentioned events of 2011-08-13,
2013-08-25, 2012-06-04 and 2014-08-25 were illustrated in
Fig. 5. The hydrographs in the first row of Fig. 5 showed that the
four catchments had pronounced rising limbs and relatively mod-
erate falling limbs. Generally, PTA had a lower runoff coefficient
and shorter lag time (P-Q) in comparison with those of ROK, HAJ,
and BRE (Table 4). The EC-Q hysteresis loops during the flow events
were mainly counterclockwise in PTA and ROK (Fig. 5). For all four
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Table 4
Characteristics of the four evaluated events and their Q and EC responses at four experimental catchments. Abbreviations: P = precipitation, PI = precipitation intensity, R = runoff
depth, RC = runoff coefficient, Tlag(P-Q) = lag time between precipitation peak and streamflow peak, and Tlag(EC-Q) = lag time between in-stream EC peak and streamflow peak.

Event 1 Event 2 Event 3 Event 4

Date and time 13/08/2011 01:00 03/06/2012 18:00 25/08/2013 07:00 25/08/2014 21:00
P [mm] ±PSD 20.3 ± 3.3 21.1 ± 3.5 19.2 ± 2.8 22.3 ± 2.9
PI [mm/h] 1.4 1.6 1.3 1.5
PImax [mm/h] 4.8 4.4 4.1 3.6
API7/15/30 10.7/48.3/100.2 38.7/44.1/86.6 20.9/35.0/94.4 10.2/56.6/104.0

Catchment PTA ROK HAJ BRE PTA ROK HAJ BRE PTA ROK HAJ BRE PTA ROK HAJ BRE

Years after major infestation 0 2 >6 >6 0 3 >6 >6 1 4 >6 >6 2 5 >6 >6
R [mm] 2.7 7.2 6.0 7.3 7.6 12.8 14.1 14.4 4.1 6.7 7.5 3.4 2.5 18.3 13.1 2.2
RC [%] 13.2 35.5 29.1 36.0 36.0 60.7 66.8 68.0 21.1 35.0 39.0 17.7 11.2 82.1 58.7 9.9
Tlag (P-Q) [h] 10 12 12 11 4 6 5 4 5 6 12 14 5 6 6 7
EC0 [ms/cm] 24.0 25.2 22.6 21.0 17.0 23.5 19.0 17.0 20.0 29.0 23.0 22.0 21.5 31.0 20.2 18.8
ECmax [ms/cm] 28.3 30.7 22.6 21.0 30.0 31.0 19.0 18.0 35.2 30.0 23.0 22.0 45.3 32.0 20.2 20.0
ECrange [ms/cm] 4.5 5.7 4.1 3.8 13.0 8.7 3.0 3.0 15.8 5.8 5.0 4.0 24.3 9.0 3.8 3.5
Tlag(Q-EC) [h] 5 3 �14 �12 2 2 �4 2.0 2 7 �15 �16 2 2 �12 4
Hysteresis class IV IV VI VI IV IV VI VII IV VII VI VI IV VII VII VII

Note: PSD = standard derivation of the event precipitation based on four meteorological stations – Rokytka, Ptaci, Breznicky, and Modravsky given in Fig. 1. Hysteresis classes
are determined by method given in Section 2.4.2, and IV = counterclockwise loop and the dependent variable increases from the initial state, VI = eight-shaped with a
predominant clockwise loop and the dependent variable decreases from the initial state; and VII = eight-shaped with a predominant counterclockwise loop and the
dependent variable decreases from the initial state.
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events in PTA and for the events in 2011 and 2012 in ROK, the cor-
relations between EC and Q were generally positive during both
the rising and falling limbs of each event. In these cases, the EC val-
ues were low and increased shortly after the start of the event,
whereas the peak EC occurred at nearly the same time as peak Q
or slightly later (2–7 h, Table 4). At the end of the events, the EC
values recovered to low values similar to those in the beginning.
A different behavior was observed in ROK in subsequent years of
2013 and 2014 (i.e., Events 3 and 4 which occurred after ROK
had become highly infested; Table 4). Then, the EC signals
decreased during the initial parts of the events, expressing a clear
negative EC-Q relationship. This was followed by a counterclock-
wise hysteresis behavior similar to that of the 2011 and 2012
event. Notably, the initial EC values were not maintained at the
end of the events, and they exhibited a net decrease to much lower
values.

Also when considering all 24 events of Cluster 4 (rain after dry
antecedent conditions), the above-described different behaviors
were seen in ROK, namely that for all 15 older events except for
two (during 2009 to Aug 2013, i.e., low infestation conditions),
the EC values were low and increased shortly after the start of
the event, whereas the peak EC occurred at nearly the same time
as peak Q, whereas for the 9 more recent events except for one
(during Aug 2013 to 2015, i.e., heavy infestation conditions), the
EC signals decreased during the initial parts of the events, express-
ing a clear negative EC-Q relationship. The latter behavior was sim-
ilar but more pronounced in HAJ and BRE (having a heavy
infestation). In these catchments, the EC signals decreased during
larger parts of the events, and in some cases throughout the events
(e.g., HAJ in 2011, and 2012). As a result, EC peaked at the onset of
an event, such that the calculated lag times between peak Q and
peak EC were often negative (Table 4). Overall, the EC-Q hysteresis
in HAJ and BRE was an eight-shaped loop, containing one part of a
relatively pronounced clockwise loop (red circles; Fig. 5).

The above qualitative descriptions of EC-Q hysteresis loop char-
acteristics were complemented by formalized hysteresis classifica-
tion (Zuecco et al., 2016; Section 2.4.2) based on three calculated
indices: DAmin, DAmax, and DAsum. The PTA behavior was then
indexed as hysteresis class IV (counterclockwise loop; the depen-
dent variable increases from the initial state), during all four events
(Table 4). The behaviors in highly disturbed HAJ and BRE were
indexed as class VI or class VII (both expressing dominant eight-
shaped loops with initial decreases in the dependent variable). In
ROK, which was subject to a major bark beetle infestation during
the measurement period, the hysteresis classes changed from
being the same as that in PTA (i.e., class IV) to the VII class, which
was consistent with the HAJ and BRE behaviors, including an eight-
shaped loop and initial decrease in the dependent variable (Fig. 5;
Table 4).
4. Discussion

Analysis of EC changes in four experimental catchments of the
Sumava Mountains indicated a significant correspondence of the
observed EC values to forest disturbance and regeneration. The
annual average EC increased in catchments that were subjected
to increasing forest damage over the seven-year period (namely,
the least disturbed PTA and newly disturbed ROK catchments),
while EC decreased slightly in the severely affected catchments
that experienced forest regeneration during the considered period
(HAJ and BRE, Fig. 3 and Table 3). Notably, the annual average R
and RC did not show any trends, despite these considerable
changes in forest damage and forest regeneration. This result was
in line with recent findings that streamflow characteristics can
be essentially unaffected by bark-beetle induced tree mortality
under certain conditions (Biederman et al., 2015), implying that
the expected runoff increase related to transpiration loss and inter-
ception reduction (due to tree mortality) was small or masked by
other factors. In our study area, this effect was supported by the
fact that the catchments were located in zones under strict conser-
vation with no forest management and logging, which facilitated
the development of understory vegetation, reducing transpiration
loss (Mikkelson et al., 2013a,b,c).

While the statistical correlation analysis (supplementary mate-
rial, Table S1) supported our hypothesis that forest damage was
the main cause of the observed catchment-scale EC increases in
the considered period, a key question is whether there are other
independent observations that may strengthen or contradict this
hypothesis. Because all catchments had forest damage at the
beginning of the observation period (even the least-disturbed
PTA had a small proportion), a comparison with independent
observations of pre-infestation EC conditions could be useful.

The results from historical geochemical monitoring in July and
August of 1990, 2000, and 2010 (Veselý and Majer, 1998) indicated
a relatively stable level of EC values over the initial period of bark
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beetle infestation. In the study sites, there was a slight rise of EC
values, from an average of 20 mS/cm to 22–24 mS/cm, and it was
identified over the assessed period at locations near the recent
monitoring stations (CGS, 2016). Another monitoring campaign
providing EC values from in-stream water sampling in these catch-
ments over the vegetation season (May, July, and September 1997;
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Ruzicková and Kotrbová, 2000), as well as EC values from a cam-
paign in 2003 (Ruzicková et al., 2004) indicated the same range
of EC values as the geochemical monitoring of Veselý and Majer
(1998). The EC levels from these studies corresponded to those
observed during the initial stage of high-frequency monitoring by
our sensor network. This indicated consistency between the data-
sets, despite differences in origin and methodology of EC data
collection.

In-stream water sampling in May, July, and September of 1997
indicated that pre-infestation EC values for both ROK and PTA
catchments were in the range of 18–20 ms/cm (Ruzicková and
Kotrbová, 2000). This was lower than the average values reported
here for the period 2009–2015 (27 ls/cm for newly disturbed ROK,
and 22 ls/cm for least disturbed PTA; Fig. 6). In contrast to ROK
and PTA, HAJ and BRE catchments were already disturbed in
1997 when Ruzicková and Kotrbová (2000) made their observa-
tions. There were, however, monitoring data going as far back as
1990 (Veselý and Majer, 1998; CGS, 2016), indicating that the aver-
age EC of ROK, PTA, HAJ, and BRE were lower in 1990 (average
20 mS/cm), when none of the catchments had been reported to be
disturbed, than in 2000 (average 23 mS/cm), when the HAJ and
BRE catchments had become infested. Taken together, these obser-
vations at the status of no forest damage indicated that the here
derived positive correlation between EC and degree of forest dam-
age (i.e., based on forest damage areas between 11.6% and 71.9% in
the period 2009–2015) extended to pre-infestation conditions in
the 1990s.

With regard to possible (process-based) interpretations of the
observed increasing in-stream EC with increasing degree of forest
disturbance in the PTA and ROK catchments (Fig. 3a and b), it is a
vital fact that such increases are consistent with increases in nitro-
gen export, especially in the forms of NH4 and NO3, in the soil and
litter following tree deaths, reported in other studies (e.g., Clow
et al., 2011; Griffin and Turner, 2012; Huber, 2005; Kaňa et al.,
2013; Tokuchi et al., 2004; Zimmermann et al., 2000). The release
of NO3 to streams can be caused by reduced vegetative uptake that
follows tree damage and mortality (Mikkelson et al., 2013b). In
addition, decreased uptake of ammonium caused by trees may
facilitate or increase the production of nitrate by soil microbes,
contributing to increased nitrate concentrations in streams after
forest disturbance. For example, in forested, N-saturated catch-
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ments in the Bavarian forest (Huber, 2005; Huber et al., 2004;
Zimmermann et al., 2000) and Japan (Tokuchi et al., 2004), excess
N pools in the soil (especially in the form of nitrate) can be more
readily transported to streams via subsurface flow or seepage than
those in N-limited catchments in North America (Clow et al., 2011;
Rhoades et al., 2013). This nitrate leaching was shown to decrease
as forest regeneration increased the water and nutrient uptake in
disturbed areas (e.g., Beudert et al., 2007; Hubbard et al., 2013;
Mikkelson et al., 2013b). Such decreased N in the soil might con-
tribute to the slight decrease in the annual mean EC following
regeneration in the highly disturbed HAJ and BRE catchments in
the present study (Fig. 5).

Furthermore, in-stream concentrations of other substances,
such as dissolved organic carbon (DOC), may also change after for-
est disturbance (Mikkelson et al., 2013c; Nieminen, 2004; Schelker
et al., 2012). Generally, infestation-induced DOC changes might be
related to litter decay and root exudates that facilitate decomposi-
tion and soil organic matter leaching. Kaňa et al. (2013) found in
neighboring catchments in Sumava National Park that increases
in DOC in the soil were delayed by several years after tree dieback,
and a similar delay in increased DOC in the humus efflux was
found in the Bavarian Forest National Park (Huber et al., 2004).
However, due to technological limitations, the N and DOC concen-
trations cannot be monitored continuously, as EC can. Pilot obser-
vations were conducted in the PTA, ROK, HAJ, and BRE catchments,
and samples were collected from each catchment’s outlet in 24
October 2013, 12 February 2014, 29 May 2014, and 1 October
2014. The samples considered here indicated that EC was posi-
tively correlated to humic acid and dissolved substances (r2 = -
0.76 for humic acid versus EC; r2 = 0.79 for dissolved substances
versus EC; supplementary material, Fig. S3). Therefore, increases
in the average EC may also be partly due to bark beetle-related
DOC increases, which would likely have large influences on the
trace element hydro-geochemistry (Thorslund et al., 2016; Weng
et al., 2002).

Apart from the disturbance-induced EC increases discussed
above, the present results indicated that the variability in daily
average in-stream EC decreases in catchments attacked by bark
beetles. Considering the daily in-stream EC variability in healthy
forest regions (such as in PTA), we noted that it was largely related
to distinct EC increases in response to high flow conditions (Fig. 2).
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Such behavior has been found to be consistent with an activation
of more saline pore water close to the ground surface, as the
groundwater level rose into the relatively conductive, shallow part
of the soil profile during an event (Bishop et al., 2004; Oeurng et al.,
2010). This was then typically associated with positive EC-Q rela-
tionships and counterclockwise hysteresis loops, as observed in
the least disturbed PTA catchment in this study, as well as during
the early period of the newly disturbed ROK catchment (Fig. 2).
Thus, the studied healthy forest system required event flows to
mobilize substances in the soil and groundwater systems. Such
flush-driven systems were known for their release of large frac-
tions of total annual in-stream substance loads during limited peak
flow periods (Ahearn et al., 2004).

Considering the low in-stream EC variability in bark beetle-
attacked forest regions (as compared to that in healthy forest
regions; Table 4), we noted that it was related to elevated in-
stream EC under baseflow conditions. This essentially eliminated
systematic EC differences between low flow and high flow condi-
tions in the HAJ and BRE catchments (see Fig. 3). One possible
explanation is that after infestation-induced tree mortality, the
mobilization and downward percolation of nutrients and carbon
from litter and decomposing needles may be considerable
(Mikkelson et al., 2013b; Clow et al., 2011; Pearson et al., 1987;
Vitousek and Melillo, 1979) even during moderate rain and infiltra-
tion events. Hence, compared with the healthy forest case, a much
larger part of the soil profile, including the groundwater compart-
ment, would then contain water with elevated EC values. Such con-
ditions would be consistent with a stream becoming more saline
under baseflow conditions in infested areas (as observed here).
The lack of nutrient uptake by trees could further enhance the
cumulative loading of groundwater that discharges into the
streams (Clow et al., 2011; Huber, 2005; Tokuchi et al., 2004;
Zimmermann et al., 2000). When the system is flooded under event
conditions, substance-enriched soil water and groundwater may
be mixed with and diluted by low-salinity event water in a similar
manner that as was also observed by Oeurng et al. (2010). This
would provide an explanation for the decreasing EC in response
to increasing Q at the beginning of the events (Fig. 5), as well as
the net decrease in in-stream EC during the course of the events.

This study also pointed to the long-term nature of the hydro-
geochemical changes in the considered catchments. The regions
that were subject to bark beetle outbreak at the beginning of the
cycle of forest disturbance (such as extensive regions of the HAJ
and BRE catchments) still had hydrogeochemical characteristics
considerably different from relatively healthy forest regions (such
as PTA), after more than 20 years of intense regeneration of vege-
tation. The relatively long-lasting effects of geochemical changes
were observed even in areas left without intervention and forest
logging that accelerate the processes of hydrological and geochem-
ical change (Beudert et al., 2007). As the severity and spatial extent
of recent bark-beetle outbreaks were often amplified by the effects
of climate change (Kurz et al., 2008), the observed long-term
hydrogeochemical changes underlined the importance of using
sensitive approaches to balance the forest management and con-
servation practices in the affected areas.
5. Conclusions

The high-frequency EC data from a seven-year period (2009–
2015) of monitoring showed that forest damage due to repeated
bark beetle outbreaks since the 1990s had changed the hydrogeo-
chemical conditions in the affected areas in the Sumava Moun-
tains, Central Europe. The changes were seen at multiple
timescales, including annual and seasonal average conditions, daily
variability, and responses to individual rainfall events. Specifically,
an increased annual average in-stream EC values with particularly
elevated EC values during baseflow conditions were likely caused
by the cumulative loading of soil water and groundwater that dis-
charged into streams with excess substances, such as N and C.
These substances were released as a result of the decomposition
of the needles, branches, and trunks of dead trees. However, the
annual average R (and RC) values were unaffected by the bark
beetle-induced tree mortality, implying that the expected runoff
increase related to transpiration loss and interception reduction
was masked by other factors.

Furthermore, we concluded that infestation-induced changes in
event-scale dynamics may be largely responsible for the observed
shifts in annual average conditions. Notably, the observed and con-
siderable EC variability in healthy forest regions was related to dis-
tinct EC increases in response to high flow conditions. Such a
positive correlation between EC and Q was consistent with an acti-
vation of more saline pore water close to the ground surface, as the
groundwater level rose into the relatively conductive, shallow part
of the soil profile during an event.

By contrast, in catchments highly damaged by bark beetles
(such as the HAJ and BRE catchments), the systematic EC differ-
ences between baseflow conditions and event flow conditions
were essentially eliminated. One possible explanation is that com-
pared with the healthy forest case, a much a larger part of the soil
profile, including the groundwater compartment, would contain
water with elevated EC values. When the system is flooded under
event conditions, substance-enriched soil water and groundwater
may be mixed with and diluted by low-salinity event water, lead-
ing to a negative EC-Q relationship.

Changes in hydrogeochemical conditions in the disturbed
catchments were apparent soon after (a couple of years) extensive
infestation. A comparison of the EC response patterns of catch-
ments with on-going disturbance and those in regions severely
infested prior to the monitoring period demonstrated the relatively
long-lasting effects. Considering the current observations, projec-
tions of continued climate warming, and the increasing spread of
bark beetle outbreaks in the mid-latitudes, a better understanding
of the mechanisms behind the hydrogeochemical changes in catch-
ments following insect infestation is vital.
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Bičík, I., Jeleček, L., Štěpánek, V., 2001. Land-use changes and their social driving
forces in Czechia in the 19th and 20th centuries. Land Use Policy 18, 65–73.

Biederman, J.A., Somor, A.J., Harpold, A.A., Gutmann, E.D., Breshears, D.D., Troch, P.
A., Gochis, D.J., Scott, R.L., Meddens, A.J., Brooks, P.D., 2015. Recent tree die-off
has little effect on streamflow in contrast to expected increases from historical
studies. Water Resour. Res. 51 (12), 9775–9789. http://dx.doi.org/10.1002/
2015WR017401.

Bishop, K., Seibert, J., Köhler, S., Laudon, H., 2004. Resolving the double paradox of
rapidly mobilized old water with highly variable responses in runoff chemistry.
Hydrol. Proc. 18 (1), 185–189. http://dx.doi.org/10.1002/hyp.5209.
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Celerity and velocity of subsurface flow in soil porous medium are intimately linked with tracer transport, while only few current
studies focused on their relations. This study conducted theoretical analyses based on a pore bundle model, under which celerity in
unsaturated flow is equivalent to maximum velocity. Furthermore, under 3 models Brooks-Corey model and unmodified and
modified Mualem-van Genuchten models, we used a celerity function to derive breakthrough curves aiming to quantify the
advective tracer transport for 5 typical soil textures. The results showed that the celerity under near-saturated conditions can be
5 up to 100 times larger than the saturated hydraulic conductivity, and a small volumetric fraction (<15%) of pores contributed
more than half of the specific discharge. First arrival time and extensive tailing of the breakthrough curves were controlled by
maximum velocity and velocity distribution, accordingly. As the kinematic ratio in the Brooks-Corey model remained
constantly for each specific soil, we used it to quantify the ratio of maximum tracer velocity over average tracer velocity. We also
found that a bimodal soil hydraulic function (for a dual-permeability model) may result in similar soil hydraulic conductivity
functions for different parameter sets, but their celerities are different. The results showed that the proposed celerity function
can assist in investigating subsurface flow and tracer transport, and the kinematic ratio could be used to predict the first arrival
time of a conservative tracer.

1. Introduction

Subsurface flow is conducted in the soil porous medium, in
which the pore structure (i.e., pore connectivity, tortuosity,
and pore size distribution) controls the permeabilities and
pore water velocities in numerous flow paths [1–3]. In hydro-
logical studies, it is impractical to deterministically represent
the pore-scale fluid dynamics and transport processes in
soil, for the variability of pore water velocity is difficult
to observe or predict [4–6]. For describing the subsurface
flow processes, the continuum approach was often used

to conceptualize the discrete materials and water particles
as one single continuous mass. The soil hydraulic properties
(e.g., the lumped hydraulic conductivity and moisture capac-
ity) and state variables (e.g., volumetric water content and
capillary pressure) are often quantified in a representative
elementary volume (REV) [7, 8]. The continuum subsurface
flow equation (i.e., the well-known Darcy-Richards equation)
calculates specific discharge and average pore water velocity
for transport phenomenon. Specifically, the specific dis-
charge quantifies the volumetric flow [9, 10], and the average
pore water velocity can be coupled with an advection-
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diffusion equation to simulate solute/thermal transport
[10–12]. Applications of the Darcy-Richards equation relay
on the indicators of velocities and specific discharge.

For describing the water fluid dynamics, the terminolo-
gies of velocity (i.e., pore water velocity) and celerity have
been commonly used in various hydrological systems, such
as river channels [13–15], estuaries [16, 17], and soil porous
medium [8, 18, 19]. Theoretically, velocity expresses mass
flux, while celerity represents the speed of pressure propa-
gation through a flow domain [20]. In surface water, for
instance, the pressure wave is a flood wave propagating
through river channels. Similarly, the celerity in subsurface
flow describes a perturbation-induced pressure wave that is
affected by precipitation, evaporation, or fluid injection and
extraction [21, 22]. In saturate soil, the difference between
velocity and celerity can be illustrated by a virtual experimen-
tal [20], and the authors pointed out: “in a cylinder full of
sand and saturated with water, changing the flow rate or head
at the input boundary will immediately cause a change in flow
at the output boundary. While the water flow velocity through
the sand is slow, the celerity in this case is (theoretically)
instant, hence the immediate response. At larger scales, this
case is analogous to a confined aquifer with incompressible
water and rock. Allowing for the compressibility will slow the
celerity a little, but the velocities of flow will still be much less
than the celerities.”

In confined saturated flow, the nearly-instant celerity is
caused by the low compressibility of water and soil porous
medium. While in unsaturated soil, the pressure propagation
was achieved by the variation of capillary pressure that is
driven by different mechanisms. For example, a response of
the pore water pressure in unsaturated soil can be caused
by either preferential flow [23] or pressure wave through
the entrapped air [24]. However, how to distinguish the
initial cause-effect mechanism of pressure response is still a
challenge [22, 25]. Many studies used the kinematic wave
equation to simulate unsaturated flow [8, 18, 26, 27], in
which the celerity was defined as a first-order derivative of
hydraulic conductivity (i.e., equal to specific discharge) with
respect to the water content [22, 28, 29]. These studies illus-
trated the celerity as “mobility of water in soil” [29, 30], and
the mechanisms of pressure propagation in unsaturated zone
was, however, not discussed.

On the other hand, the pore water velocity in numerous
flow paths is dictated by the pore structure such as pore con-
nectivity, tortuosity, and pore size distribution [1–3]. Espe-
cially, the soil hydraulic functions can be derived as an
integration of pore water velocities in all flow paths if con-
siders a unit gradient condition [10, 12, 31]. Based on a pore
bundle model, the hydraulic properties of each flow path can
be equivalent to that of a cylinder tube with a small circular
cross section and a sufficient length [32–34], then the exper-
imentally measured water retention curve is used to infer
pore size distribution and pore water velocity distribution
[35–38]. Under such condition, each tube conducts the vis-
cous flow; therefore, the relations of the equivalent tube
radius to capillarity pressure and pore hydraulic conductivity
can be, respectively, described by a capillary rise equation
(i.e., Young-Laplace equation) and a pipe/cylinder liquid

flow equation (i.e., the Hagen-Poiseuille law). The hydrau-
lic conductivity functions integrated from pore velocity
distribution can indirectly reflect the pore-scale hydraulic
properties [39, 40]. As the first-order derivative of hydraulic
conductivity can be defined as a celerity function for unsatu-
rated soil [22, 24], the celerity can be related to the pore water
velocity distribution.

The complex solute transport behaviours are caused by
the pore water velocity distribution in a subsurface flow sys-
tem [28, 41–43], which have been captured either by an
experimentally obtained breakthrough curve [5, 44–46] or
by natural and artificial tracers in a hydrological system
[28, 47, 48]. The breakthrough curve expresses the time
series of the tracer concentration of drainage flow, which
was often characterized by a coexisting early initial break-
through and extensive tailing [44]. The tracer experiment
in a hillslope or a catchment assists in inferring the travel
time distribution [49, 50]. However, many tracer studies
found a paradox behaviour; that is, during a high-intensity
rainstorm a large amount of “old” water resident in soil or
groundwater is expelled into the stream, while the labelled
“new” water of the rainfall on the hillslope immediately
starts to appear in the stream after a fast infiltration
through a fast flow path [51–54]. Those complex tracer
transport behaviours address the importance of quantify-
ing the pore water velocity distribution for achieving the
more detailed physical interpretations of unsaturated flow
and transport [28, 55].

The celerity and velocity are intimately linked with
tracer transport, while most of the current studies focused
on one or two aspects. For example, mathematical deriva-
tions for the celerity and kinematic ratio have been provided
by Rasmussen et al. [22], while they did not find the relation
between tracer transport and pressure propagation. Wang
et al. [24] and Mohammadi et al. [56] found the derivation
of the tracer breakthrough curve through the soil hydraulic
conductivity functions, and their method have been validated
through their experiments. However, the studies from Wang
et al. [24] and Mohammadi et al. [56] were based on the soil
hydraulic functions of either the Brooks-Corey model or the
van Genuchten model for a single-permeability model, and
more soil hydraulic functions still need further studies. There
is no report existing that explored the relations among celer-
ity (pressure propagation), velocity (water transport), and
tracer transport (pore velocity distribution) yet.

The objective of this paper was to (i) illustrate the concept
of celerity in unsaturated flow, (ii) propose a new soil hydrau-
lic function (i.e., celerity function) to express the pore water
velocity distribution, and (iii) quantify the advective break-
through curves using the proposed celerity function. Specifi-
cally, in Section 2.1, the definitions of velocity and celerity
were given to illustrate the mechanisms of pressure propaga-
tion in unsaturated soils. Based on a pore bundle model,
Section 2.2 mathematically proved the equivalence between
celerity in unsaturated soil and maximum pore water velocity
among all flow paths that conduct water. Furthermore, a
theoretical analysis was conducted to illustrate the difference
between celerity and velocity of wetting front under a unit-
hydraulic-gradient condition, showing that the celerity
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function derived from a perturbation analysis can reveal the
pore water velocity distribution (see Section 2.3). The celerity
functions of the Brooks-Corey model and both unmodified
and modified Mualem-van Genuchten models are provided
in Section 2.4. The impact of velocity distribution on tracer
transport can be illustrated by mathematically deriving a
breakthrough curve through a celerity function (Section
2.5). Functions for the celerity in dual-permeability models
are derived in Section 2.6. Section 3 analysed the hydraulic
characteristic and breakthrough curves of typical soil textures
by using the proposed celerity function. Hereto, the pore
water velocity distribution and breakthrough curve of typical
soils were analysed using the existing parameter sets of the
Mualem-van Genuchten model and the Brooks-Corey
model. Additionally, the equifinal parameter sets of a
bimodal soil hydraulic function were distinguished by the
celerity function. The follow-up discussion focused on the
mechanism of pressure propagation and tracer transport in
a natural subsurface flow system.

2. Theory

2.1. Definitions. In subsurface, the vertical component q
(LT−1) of a specific discharge vector (i.e., the volume flux of
water per unit cross-sectional area) is formulated using
Darcy’s law as

q = −K
∂
∂z

h − z , 1

where K (LT−1) is the hydraulic conductivity, h (L) is
the pressure head, and z (L) is the vertical coordinate
(positive downward).

The average pore water velocity v (LT−1) is

v = q
θ − θr

, 2

where θ (−) is the volumetric water content and θr(−) is the
residual water content.

The continuity equation for one-dimensional vertical
flow is

∂θ
∂t

+ ∂q
∂z

= 0 3

The derivative of specific discharge q with respect to z is
written as

∂q
∂z

= ∂q
∂θ

∂θ
∂z

4

Substitution of (4) for ∂q/∂z in (3) results in an advection
equation

∂θ
∂t

+ c
∂θ
∂z

= 0, 5

where c (LT−1) is the celerity [22]

c = ∂q
∂θ

6

Theoretically, the advection equation represents the
advection of the soil-water content θ with speed c. When c
is a constant value, it would mean that an arbitrarily shaped
pulse of θ moves with constant speed c without changing its
shape. The celerity is, however, not a constant but a function
of water content. Hence, the celerity is an approximate
advection speed of a small pulse of θ.

A ratio between celerity and average velocity is called the
kinematic ratio αK(−), as defined by Rasmussen et al. [22]:

αK = c
v

7

2.2. Celerity and Maximum Pore Velocity. The pore sizes and
their intrinsic permeabilities vary throughout the unsatu-
rated zone. Based on a pore bundle model, many previous
studies considered soil as a bundle of nonintersecting, par-
allel, and cylindrical tubes with varying radii to quantify
the water and solute transport [32–34, 57]. When water
enters soil flowing through a pore of certain size, each pore
is either entirely filled with water or entirely empty. Consid-
ering variably saturated conditions, pores are filled from the
smallest tube group (i = 1) to the largest (i =N). Under
unsaturated conditions,Mof theN tube groups are filled with
water. The pore water velocity vi (LT

−1) in one specific equiv-
alent (saturated) cylinder tube i can be determined by its
specific discharge

vi = −ki
∂
∂z

h − z , 8

where ki (LT
−1) is a coefficient relating the head gradient and

the average velocity in pore i.
The pores with the same size and the same pore water

velocity can be classified as one group, based on which the
water content θ (i.e., all the volumetric fractions of the
pore space filled with water) is discretised in N fragments
of equal water content Δθ and ordered from small pores to
larger pores. Assuming a unique, nonhysteretic relationship
between water content and capillary pressure, water can flow
through the water-filled saturated smaller pores with higher
capillary pressure, while the larger pores will remain empty
and inactivated for conducting unsaturated flow [58].

By discretizing the flow domain into numerous flow
tubes that are vertically homogeneous, the hydraulic charac-
teristics of each tube can be formulated as functions of the
volumetric water content θ. Considering the pore size distri-
bution, the pore water flow velocity vi follows a distribution
ordering from smallest pore group (with velocity v1) to larg-
est pore group (with velocity vM). At a certain water content
value, v θ (LT−1) may denote the maximum pore water flow
velocity taking place in the water-filled pore with the largest
equivalent radius—then the specific discharge q (LT−1) and
the hydraulic conductivity K (LT−1) can be obtained through
a summation:

q = 〠
M

i=1
viΔθ, 9
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whereM is the largest tube group filled with water. Substitu-
tion of (8) for vi in (9) gives

q = 〠
M

i=1
viΔθ = 〠

M

i=1
− ki

∂
∂z

h − z Δθ = −K
∂
∂z

h − z , 10

where the hydraulic conductivity K is defined as

K = 〠
M

i=1
kiΔθ 11

The unit hydraulic gradient condition considers a
gravity-driven vertical infiltrating flow (i.e., when ∇h = 0
and K = q), and the hydraulic conductivity function K θ
therefore can be obtained by summing up the pore water
velocity vi from a limited number of pore groups as shown
in Figure 1.

The integral equation of (9) is

q =
θ

θr

vdθ, 12

and the integral equation of (11) is

K =
θ

θr

kdθ 13

The celerity is now obtained as

c θ = ∂q
∂θ

= v θ
θr
= v θ , 14

where v θ is the maximum velocity corresponding to the
water content θ. Hence, the celerity is equal to the maximum
velocity corresponding to a certain water content θ.

Many previous studies using the pore bundle model to
derive the hydraulic conductivity function by upscaling
pore water velocities to REV scale were similar to (12)–(13)
[32–34], while an inverse derivation in (14) demonstrates
that the celerity in unsaturated flow is equal to the maximum
pore water flow velocity. Moreover, Figure 1 implies that the
piecewise linear approximation of the soil hydraulic conduc-
tivity function can infer the flow paths (or tubes groups) in
which the water flow has distinct velocities.

2.3. Expressing Pore Water Velocity Distribution by a Celerity
Function. The effects of pore water velocity distribution on
soil hydrology can be visualized by a perturbation analysis
with a hypothetical infiltration experiment. Considering soil
under unit hydraulic gradient condition as ∂ h − z /∂z = −1
(when h is constant), the specific discharge is equal to the
hydraulic conductivity (q = K) [58]. Under this condition,
an increment of water flow on the surface boundary will
cause downward pressure propagation. The pressure propa-
gation may be linked to the celerity as maximum pore water
velocity, while it can also be described by a similar terminol-
ogy of the velocity of wetting front. A hypothetical analysis is
provided hereafter to exemplify their different roles in quan-
tifying the pressure wave propagation under unit hydraulic
gradient condition.

Considering a steady flow condition driven by an infiltra-
tion flow q, the increments of Δq to the upper boundary cor-
respondingly induce an increment of soil water content Δθ
that generates a piston-shaped advancing wetting front with
velocity vWF(LT

−1) expressed as [59]

vWF =
Δq
Δθ = q θ + Δθ − q θ

Δθ = K θ + Δθ − K θ

Δθ 15

The velocity of wetting front vWF expresses the average
pore water velocity of the newly activated pore system with
the volumetric fraction of Δθ, which is induced by a change
of the specific discharge Δq.

On the other hand, the celerity in unsaturated flow can be
illustrated by a perturbation analysis; namely, a small incre-
ment of δq at the surface boundary will activate water flow
in a larger-size pore with water content of δθ:

c = δq
δθ

= v θ 16

Furthermore, under unit hydraulic gradient condition,
the celerity can be mathematically linked to the maximum
pore hydraulic conductivity

c = ∂K
∂θ

= k θ 17

A perturbation (i.e., an small increment) of water flow at
the surface boundary will activate water flow in the “new”
tube group with larger size and higher pore hydraulic con-
ductivity k θ , and the flow velocity v θ in the newly
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Figure 1: A numerical integration of pore water velocities from pore groups.
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activated water flow path will be larger than other water-filled
tubes. Assuming that the fluid dynamics are independent
among tubes, the celerity under variably saturated condition
express the one-to-one correspondence between the maxi-
mum pore water velocities with the water content [58]. When
exerting the perturbation analysis in saturated/unsaturated
soil, the celerity as a first-order derivative of the hydraulic
conductivity function can quantify the pore hydraulic con-
ductivity distribution (equivalent to the pore water velocity
distribution) under unit hydraulic gradient condition.

2.4. Different Soil Hydraulic Models. The pore water velocity
distribution can be obtained by a celerity function that was
derived as the first-order derivative of the hydraulic con-
ductivity function. The two most widely used soil hydrau-
lic conductivity functions of the Brooks-Corey model and
the Mualem-van Genuchten model [35, 37, 60] have been
chosen by Rasmussen et al. [22] to formulate celerity func-
tions. However, the kinematic ratio and celerity under the
Mualem-van Genuchten model in near-saturated soil is
approaching an infinite value, which is caused by a mathe-
matical artefact [38]. To overcome this problem, the modi-
fied Mualem-van Genuchten model was used to prevent the
unrealistic variations in unsaturated hydraulic conductivity
for the near-saturation range [38, 61–63].

The mathematical formulations of water retention curve,
hydraulic conductivity, average pore velocity, celerity, and
kinematic ratio based on the Brooks-Corey and Modified
Mualem-van Genuchten parameterization are shown in
Table 1 [35, 38]. The modified Mualem-van Genuchten
model here includes a nonzero minimum capillary height
of air entry pressure to overcome the mathematical artefact,
and the results will be given in Section 3.1. The unmodified
Mualem-van Genuchten model sets the air entry pressure

hs to zero, so that the parameter ε equals one. The formula-
tion of the kinematic ratio derived from the Brooks-Corey
model is a constant value of 2/nBC + 3 that equals to the
power index in the hydraulic conductivity function.

The kinematic ratio is a constant value if deriving it from
a power function that describes unsaturated hydraulic con-
ductivity [64, 65], and its value usually falls in a range between
2.5 and 24.5 [65]. Similarly, the celerity in surface water has
been extensively investigated for describing fluid dynamics
[13–15, 17]. The kinematic ratio for surface flow is approxi-
mately equal to 1.67 derived from the Manning resistance
coefficient in a kinematic wave equation for open-channel
flow [15]. Since the celerity in unsaturated subsurface flow
is analogous to the wave celerity in surface flow [8], the kine-
matic ratio of unsaturated flow can be 1.5–14.7 times larger
than that of surface flow, which implies that the velocity dis-
tribution in unsaturated subsurface flow is highly nonlinear.

2.5. Derivation of a Breakthrough Curve through the Celerity
Function. Transport of a conservative tracer in a porous
medium is governed by physical mechanisms of advection,
dispersion, and molecular diffusion, among which advection
and dispersion are a function of the velocity distribution.
The tracer advection is governed by the average pore water
velocity, and the tracer dispersion is caused by the velocity
distribution [66, 67].

Considering a one-dimensional and uniform flow under
the unit hydraulic gradient condition, the transport of conser-
vative tracer in a subsurface flow system can be described with
the pore bundle model, and the breakthrough curve can be
derived from velocity distribution [58]. If the water content
is constant and equal to θw,M of the N tube groups are filled
with water, so that the water content θw may be written as

Table 1: Constitutive relationships under the unit hydraulic gradient condition formulated by the Brooks-Corey model and the modified
Mualem-van Genuchten model.

Property Definition Brooks-Corey Modified Mualem-van Genuchten

Water retention Θ = f h Θ =
αBCh

−nBC , αBCh < −1,
1,  αBCh > −1

εΘ =
1 + αVGh

nVG −mVG , h < hs,
1,  h ≥ hs

Specific capacity
dθ
dh

αBCnBC θs − θr Θ1+1/nBC mVGnVGαVG θs − θr Θ1/mVG 1 −Θ1/mVG mVG

Specific discharge q = K KsΘ 2/nBC +3 KsΘlVG
1 − 1 − εΘ 1/mVG mVG

1 − 1 − ε1/mVG mVG

2

Average pore velocity v = q
θ − θr

Ks

θs − θr
Θ 2/nBC +2 Ks

θs − θr
ΘlVG−1 1 − 1 − εΘ 1/mVG mVG

1 − 1 − ε1/mVG mVG

2

Celerity c = v = dK
dθ

aKKs

θs − θr
Θ 2/nBC +2 aKKs

θs − θr
ΘlVG−1 1 − 1 − εΘ 1/mVG mVG

1 − 1 − ε1/mVG mVG

2

Kinematic ratio αK = c
v

2
nBC

+ 3 lVG + 2 1 − εΘ 1/mVG mVG−1 εΘ 1/mVG

1 − 1 − εΘ 1/mVG mVG

Notation of table: α (L−1), n (−), andm (−) are the fitting parameters for the Brooks-Corey model (detonated with subscription of “BC”) and the Mualem-van
Genuchten model (detonated with subscription of “VG”); Θ is the effective saturation (−) that is defined as Θ = θ − θr / θs − θr ; ε is the correction factor to
modify the van-Genuchten model ε = θs − θr / θm − θr , with θm = θr + θs − θr 1 + αVGhs

nVG mVG ; hs is the minimum capillary height, which becomes zero
when θm = θs; and lVG is the pore connectivity parameter and is usually assumed to be 0.5.
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θw = M
N

θs 18

Considering a soil column with length L (L) with a
uniform distributed water content θw, the specific discharge
is equal to the specified constant water flow at the upper
boundary under unit hydraulic gradient condition. Consider-
ing the varying pore water velocities in numerous vertical
flow paths in a soil column, the time ti needed for tracer
breakthrough from a pore group with a velocity vi can be
expressed as

ti =
L
vi

19

Tracer breakthrough sequentially occurs from the largest
water-filled pores to the smallest one. Especially, the first
arrival time of the tracer transport is associated with the max-
imum pore water velocity L/v θw and thus can be calculated
with L/c θw .

When the tracer concentration in the surface flow is
changing from C0 to C0 + ΔC, the tracer breakthrough will
be achieved at the time of L/c θw , and then the concentra-
tion of the drainage flow will be increased gradually. At time
ti (after the first arrival time), water in all tube groups j > i has
travelled from the top of the column to the bottom of the col-
umn; the concentration of drainage flow can be formulated
through a summation [57]:

C ti = C0 +
〠M

j=ivjΔθ
〠M

j=1vjΔθ
ΔC 20

The integral equivalent of (21) is

C tc = C0 +
θw
θc
vdθ

θw
θr
vdθ

ΔC

= C0 +
θw
θr
vdθ − θc

θr
vdθ

θw
θr
vdθ

ΔC,

21

where

tc =
L
vc
, 22

where vc is pore water flow velocity in a certain flow path at
the arrival time of tc for tracer breakthrough

vc = c θc 23

θc is the water content corresponding to a flow velocity vc
that is equal to the celerity and thus

tc =
L

c θc
24

Under unit hydraulic gradient condition, the integrals in
(21) are equal to the specific discharge (see (12)), which are
equal to the hydraulic conductivity, so that it becomes

C tc = C0 + 1 − K θc
K θw

ΔC 25

The mathematical expression for the breakthrough curve
C t based on the Mualem-van Genuchten parameterization
requires an analytical approach [56]. In this study, the
numerical approach was used to derive the breakthrough
curve of the unmodified and modified Mualem-van Genuch-
ten models. We hereafter demonstrate an example of deriv-
ing the breakthrough curve C tc of a nonreactive tracer
from the celerity function based on the Brooks-Corey model,
to be more explicitly linking the tracer transport with the
pore water velocity distribution [58].

Substitution of the celerity equation for the Brooks-Corey
model in Table 1 into (25) and rearrangement of terms giving
the pore water velocity v θc can be calculated as

v θc = c θc = αK
Ks

θs − θr

θc − θr
θs − θr

2/nBC +2
26

If the initial tracer concentration is zero, the break-
through curve for the Brooks-Corey model can be written
explicitly as

C tc
ΔC =

0 ; t ≤
L

c θw

1 − Ks

Kw

θs − θr
αKKs

L
t

3nBC+2 / 2nBC+2
; t > L

c θw
,

27
where L/c θw approximates the first arrival time of the
tracer. Eq. (27) indicates that the first arrival time of a tracer
is determined by the maximum pore water velocity, and the
tailing is determined by the pore water velocity distribution.
The above-given mathematical derivations are similar with
the previous work that also formulated the breakthrough
curve by soil hydraulic conductivity functions under the sat-
urated condition [57]. In this study, we extended the formu-
lation to unsaturated soils and further formulated the tracer
transport as a function of kinematic ratio αK that simplified
(28) by replacingnBC:

C t∗

ΔC =
0 ; t∗ ≤

1
αK

1 − 1
αKt

∗

aK/aK−1
; t∗ > 1

αK
,

28

with t∗ as a dimensionless time defined as

t∗ = v
L
tc =

Kw

L θw − θr
tc 29

When t∗ is equal to 1, the flow through a soil column is
equal to one pore volume.

The breakthrough curve expressed with (28) shows that
the kinematic ratio can directly determine the first arrival
time and tailing of a conservative tracer in drainage flow.
For an extreme case, when the kinematic ratio is equal to 1,
the pore water velocity in all the flow paths is equal to the
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average pore water velocity. Such a uniform pore water veloc-
ity distribution leads to a piston-shaped breakthrough curve:

C t∗

C1
=

0 ; t∗ ≤ 1,
1 ; t∗ > 1

30

Eq. (30) expresses only the tracer advection that is
controlled by the average pore water velocity, while
excluding the dispersion effect caused by the pore water
velocity distribution.

For the Brooks-Corey model, substituting the hydraulic
conductivity function (from Table 1) into (29), the dimen-
sionless time can be formulated as a function of either soil
water content or specific discharge:

t∗ = KsΘαK−1

L θs − θr
tc =

Ks

L θs − θr

Kw

Ks

1− 1/αK
tc 31

The kinematic ratio is a constant in the Brooks-Corey
model (see Table 1), which means that the breakthrough
curve as a function of dimensionless time t∗ in variably satu-
rated soil is independent of the specific discharge or effective
saturation for the Brooks-Corey model.

2.6. Celerity of the Bimodal Soil Hydraulic Functions. This
section derives a celerity function through the bimodal soil
hydraulic conductivity functions for quantifying the pore
water velocity distribution in structured soil. Conceptualiz-
ing a soil porous medium as two overlapping continuums
of the matrix domain and the preferential flow domain as a
dual-continuum pore system [41, 68], the composite bimodal
soil hydraulic functions use two water retention curves and
hydraulic conductivity functions to, respectively, describe
the soil hydraulic properties [69–74]. The preferential flow
domain consists of the pores with relatively large size (often
taken as larger than 0.3mm in equivalent tube diameter)
and low tortuosity, such as worm burrows, root channels,
tension cracks, and interaggregate pores [41, 75, 76]. The
remaining micropore volume is classified as the matrix
domain. The bimodal soil hydraulic function has been widely
used to parameterize the dual-permeability models that sim-
ulate two groups of state variables (i.e., different pressure
heads, water contents, and tracer concentrations between
two domains) for describing the nonequilibrium phenomena
[77]. The hydraulic characteristics of the preferential flow
domain and the matrix domain can be distinguished by
their parameterization in bimodal soil hydraulic functions
[70, 78]. Below, we derive the soil hydraulic functions of aver-
age pore water velocity and celerity for a dual-continuum
system under unit hydraulic gradient condition.

First, the volumetric ratio of the preferential flow domain
and the matrix flow domain sums up to 1:

wf +wm = 1, 32

where the subscripts f andm denote the preferential flow and
matrix flow domains, respectively. The total water content
and total specific discharge of a soil with a dual-continuum
pore system are calculated as the weighted average of the
two domains water content and specific discharge:

θ =wf θf +wmθm, 33

q =wf qf +wmqm 34
The average pore velocity of each a domain is defined as

vf =
qf

θf − θr f
,

vm = qm
θm − θrm

35

Then, the average pore velocity of the dual-continuum
pore system is

v = q
θ − θr

=
wf qf +wmqm

θ − θr
36

Under the steady flow condition, the celerity of each a
domain can be defined as follows:

cf =
∂qf
∂θf

,

cm = ∂qm
∂θm

37

Finally, the celerity of the dual-continuum pore system
can be expressed as

c =max cf , cm 38
When the matrix domain is unsaturated, the matrix con-

ducts water, and the preferential flow domain remains inac-
tive. Therefore, pressure propagation will take place in the
matrix domain as well. When the matrix domain approaches
near-saturation condition, the preferential flow domain
becomes activated. At this stage, the water flow in the prefer-
ential domain quickly takes over the majority of water flow
and consequently the pressure propagation of celerity.

3. Analysis

3.1. Soil Hydraulic Functions under a Single-Domain
Conceptualization. This section combines the theoretical for-
mulation (given in Section 2) with the existing parameteriza-
tion of 5 typical soils to analyse the soil hydraulic behaviours.
Table 2 shows the standard parameter sets of 5 typical soils
obtained from the UNSODA database [79, 80]. The detailed
values of each soil type have slightly different values of satu-
rated hydraulic conductivity and residual/saturated water
content, which might be related to the different fitting algo-
rithms and sampling data. Considering that the values of
these parameters are drastically varied for different soil tex-
tures, we then decided to use dimensionless indicators, for
example, the effective saturation. Furthermore, the values of
specific discharge, average velocity, and celerity were all
divided by the saturated hydraulic conductivity to convert
those variables to dimensionless values. Consequently, all
the values of each individual indicator for the different soil
types fall in a similar range (Figure 2). The air entry pressure
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values in the modified Mualem-van Genuchten model were
adopted from those of the Brooks-Corey model for all 5 typ-
ical soils and listed in the last column of Table 2. Solely using
either specific discharge or average pore water velocity to
quantify the transport processes is theoretically insufficient
[20, 22, 81]; we included the celerity and kinematic ratio in
Table 2 to provide a more complete illustration of the depen-
dence of pore water flow velocity and pressure propagation
on soil effective saturation.

The water retention curves (first row in Figure 2) for 5
typical soils have distinct curvatures attributed to the differ-
ent pore size distributions [38, 76]. Specifically, in coarse
texture soil (e.g., sandy soil), a flatter curve might manifest
a relatively uniform pore size distribution and homogeneous
soil hydraulic characteristic of the coarse texture. When
approaching the fully saturated state, the slopes of the water
retention curve from the Mualem-van Genuchten model
reaches an infinite value; instead, the slopes from the
Brooks-Corey model and the modified Mualem-van Gen-
uchten model (Figures 2(a) and 2(c)) are close to 0, which
are attributed to the inclusion of an air entry pressure head
stemmed from the observation of various types of soils [80].

Celerity, average pore water velocity, and specific dis-
charge all increase as the effective saturation increases, but
the ranges of their values differ. Specifically, q/Ks ranges from
0 to 1 as expected. v/Ks is between 0 and 3 (because θs − θr is
around 0.35; see Table 2). c/Ks ranges from 0 to 70. αKalso
ranges from 0 to 30, except for the unmodified Mualem-van
Genuchten model under near-saturated condition. All four
dimensionless variables reach their maximum value when
soils are saturated. The celerity curves can manifest the max-
imum pore water velocity at a certain saturation state, and
Figure 2 shows that the celerity is over 20 times larger than
the average pore water velocity and 10 up to 100 times larger
than the specific discharge.

The celerity curves show different patterns for different
soil types. Near saturation, c/Ks can reach above 50 for
fine textured soils, while it reaches around 20 for coarse-
textured soils. On the contrary, when the effective satura-
tion drops below 0.8–0.9, c/Ks is much smaller. The value
of K/Ks is below 0.5 for θ = 0 85 for all soil types. The
value of K/Ks is highest for sand (= 0.5) and lowest for
clay (= 0.2), which means that more than 50% of the spe-
cific discharge flows through only 15% of the pore space
when flow is saturated.

The K/Ks curves are near-exponentially increased with
the effective saturation increasing till the soils reach the fully

saturated state. However, the celerity curves show different
patterns under the parameters set for different soil types.
Under near-saturated condition, in fine-textured soil (i.e.,
sandy clay and clay), the celerity responds to the effective
saturation more significantly than that in coarse soil textures.
c/Ks in coarse-textured soil (e.g., sandy soil) only changes
from 0 to around 15 (Figures 2(i) and 2(j)), while the celerity
curve of fine texture soil has a much larger range (e.g., c/Ks of
silty soil ranges from 0 to 70). Under the low saturation state
(e.g., Θ < 0 7), specific discharge and average pore water
velocity behave similarly with the relative low values between
different soil textures. Till the effective saturation Θ reaches
0.9, K/Ks is below 0.5 in all soil types (sand K/Ks = 0 5 and
clay K/Ks = 0 2), which implicitly manifests that more than
50% of specific discharge is conducted in pores with a volu-
metric fraction less than 10%.

The slope of the αK curve is used as an indicator, shown
in Figure 3. The kinematic ratios derived from the unmodi-
fied Mualem-van Genuchten model approach the infinite
values, which were induced by a mathematical artefact. How-
ever, the kinematic ratios under the modified Mualem-van
Genuchten model and the Brooks-Corey model consistently
have (nearly) constant values for all the saturation ranges
(specific values are given in Table 3). αK indicates that the
celerity is proportionally increasing with the average pore
water velocity (see Figure 3(a)).

3.2. Breakthrough Curves. The pore water velocity distribu-
tion can further dictate the tracer transport, which can be
formulated and illustrated with a breakthrough curve
(Figure 4). The functions of the breakthrough curve in typi-
cal soils used the same parameter set given in Table 2. Break-
through curves were plotted for three soil hydraulic models,
using an analytic approach for the Brooks-Corey model and
a numerical approach for the unmodified and modified
van-Genuchten models. We adopted a dimensionless time
(see (29)) to exclude the impact of Ks, θs, and θr on break-
through curve. It is recalled that only advective transport is
considered based on the pore bundle model, where water
particles remain in the same pore group (and hence travel
with the same velocity) for the entire length of the column.
Here, we used dimensionless time t∗ to eliminate the influ-
ence of different specific discharges in various soil textures,
and the kinematic ratio is directly correlated with the shape
of breakthrough curves (following (28)).

The generated breakthrough curves are presented in
Figure 4 for saturated conditions and Figures 5 and 6 for

Table 2: Parameter sets of 5 typical soils in the Brooks-Corey model and the van-Genuchten model.

Soil
Brooks-Corey model Van-Genuchten model

Ks (m day−1) θr (−) θs (−) αBC (m−1) nBC (−) Ks (m day−1) θr (−) θs (−) αVG (m−1) nVG (−) hs (m)

Sand 5.0400 0.020 0.417 13.8 0.592 7.1280 0.045 0.430 14.5 2.680 0.072

Sandy loam 0.6216 0.041 0.412 6.8 0.322 1.0610 0.065 0.410 7.5 1.890 0.147

Loam 0.1632 0.027 0.434 9.0 0.220 0.2496 0.078 0.430 3.6 1.560 0.111

Clay loam 0.0522 0.075 0.390 3.9 0.194 0.0624 0.095 0.410 1.9 1.310 0.256

Silty clay loam 0.0360 0.040 0.432 3.1 0.151 0.0168 0.089 0.430 1.0 1.230 0.322

Note. hs is the air entry pressure value of the Brooks-Corey model and the modified Mualem-van Genuchten model.
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unsaturated conditions. The piston-shaped breakthrough
curves (black lines in Figure 4, based on (31)) were computed
for tracer advection driven by flow with uniform velocity dis-
tribution. The dimensionless first arrival time can be deter-
mined as a reciprocal of the kinematic ratio (see (28)).
Specifically, the kinematic ratio is lower in coarse-textured
soil than in fine-textured soil; therefore, the dimensionless
first arrival time of fine-textured soil is earlier. The first
arrival time described by the Brooks-Corey model and the
modified Mualem-van Genuchten model is significantly
larger than that calculated by the unmodified Mualem-van

Genuchten model for saturated condition. The kinematic
ratio under the unmodified Mualem-van Genuchten model
is expressed as an infinite value under saturated condition,
which is caused by the overestimated celerity leading to a
nearly instant breakthrough of the tracer.

After the first arrival time, the increment of relative con-
centration over the dimensionless time in each soil is caused
by pore water velocity distribution. When t∗ = 1, the relative
concentration is above 0.7 for all soil types and all soil
hydraulic models. All breakthrough curves show very long
tailing, caused by the low velocity in the smaller pore
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Figure 3: Relations between dimensionless celerity and dimensionless average pore water velocity for 5 typical soils under (a) the Brook-
Corey model, (b) unmodified Mualem-van Genuchten model, and (c) modified Mualem-van Genuchten model.

Table 3: Kinematic ratio under low saturation condition (effective saturation Θ < 0 5).

Soil types Sand Sandy loam Loam clay Loam Silty clay loam

Brooks-Corey model 6.378 9.211 12.091 13.309 16.245

Modified Van-Genuchten model 3.691 4.747 6.071 8.952 11.196
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bundles. When t∗ < 1, the relative concentration C t∗ /ΔC
approximately ranges between 0 and 0.7; the water particle
transport process is dominated by the pore water velocity
that is larger than the average pore water velocity. When
t∗ > 1, the relative concentration C t∗ /ΔC generally
approaches 1.0, and the slopes of the breakthrough curves
turn to be flatter. The long tailing is determined by the pore
water velocity distribution, because a significant fraction of
pores with the low pore water velocity needs much longer
time for tracer breakthrough.

In the Brooks-Corey model, the kinematic ratio is con-
stant, and the breakthrough curves are independent of the
effective saturation. In the modified Mualem-van Genuch-
ten model, the shapes of the breakthrough curves for

saturated soil are affected by the value of the air entry
pressure, while the shapes of the breakthrough curves for
unsaturated soil are not affected by the effective saturation.

The effect of the air entry pressure on the breakthrough
curves for sandy loam soil under saturated and unsaturated
(θ = 0 8) conditions is shown in Figure 5. Under saturated
conditions (Figure 5(a)), the dimensionless first arrival time
is zero for the unmodified Mualem-van Genuchten model
(hs = 0), and it approaches 0.2 when the air entry pressure
is increased from 3 cm to 30 cm. In contrast, breakthrough
curves do not depend significantly on the air entry pres-
sure in unsaturated sandy loam (Figure 5(b)).

Breakthrough curves are shown for different effective
saturation values for sandy loam under the unmodified
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Mualem-van Genuchten model in Figure 6. Except for the
saturated case (Θ = 1 0), the other three breakthrough curves
are very similar.

3.3. Analysis of the Dual-Permeability Model. The bimodal
soil hydraulic function describes the hydraulic properties
of a conceptualized dual-continuum pore system as a com-
posite function. However, parameterization of a bimodal soil

hydraulic function is difficult as two conceptualized domains
cannot be experimentally separated. Fitting the parameter set
of the bimodal soil hydraulic function according to the
measurable single-continuum soil hydraulic function of the
water retention curve and soil hydraulic conductivity might
result in the “equifinal” parameter sets. For example, based
on the Mualem-van Genuchten model, Köhne et al. [70]
obtained 5 sets of the equifinal parameters of bimodal soil
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hydraulic functions, all of which can perfectly fit a single-
continuum water retention curve and hydraulic conductivity
function. Different soil hydraulic behaviours described by
those 5 parameter sets are difficult to distinguish. Therefore,
this section demonstrates a way to distinguish the soil
hydraulic characteristics of the equifinal parameter sets in
the bimodal soil hydraulic function, by quantifying the celer-
ity as a function of pressure head.

Table 4 shows the hydraulic properties of each pore
domain specified by the Mualem-van Genuchten model
under two “equifinal” parameter settings [70]. Under unit
hydraulic gradient condition, it is often assumed that the
pressure heads in the matrix flow domain and in the
preferential flow domain are the same when facilitating
the illustration of the hydraulic behaviour of structured
soil [70]. For a dual-continuum conceptualization, the
hydraulic characteristics in the matrix domain, preferential
flow domain, and total domain were obtained according to
(32)–(38).

Figure 7(a) shows the water retention curve for the bulk
soil; the fitted bimodal water retention curve using two
groups of parameters (w = 0 1 and w = 0 025) for a dual-
continuum porous medium (shown as “Total” in Figure 7)
agrees well with that of the single-continuum soil hydraulic
model (shown as “Single” in Figure 7). Figures 7(b) and
7(c) further show that the specific discharge and average pore
water velocity in a bimodal hydraulic conductivity function
under two groups of “equifinality” parameter sets are differ-
ent from that in single-continuum soil hydraulic function.
However, the parameter sets of a bimodal soil hydraulic func-
tion generate an equifinal phenomenon in the formulated
total hydraulic conductivity and total average pore water
velocity. Thus, under the equifinal parameter sets of the
bimodal soil hydraulic model, the higher hydraulic conduc-
tivity of the preferential flow domain can be compensated
by a smaller volumetric fraction of w for conducting the
equivalent amount of total specific discharge.

The proposed constitutive relation between celerity and
pressure head c h (in Figure 7(d)) is able to distinguish the
implicitly formulated pore water velocity distribution of
equifinal parameter sets. The celerity in the matrix domain
is nearly the same for the two parameter sets. When the pres-
sure head is smaller than −35 cm, the celerity is controlled by
the matrix flow, and the preferential flow domain can be
regarded as an insignificant component contributing to the
pressure propagation, while when the pressure head is larger
than −35 cm, the celerity is in turn controlled by the prefer-
ential flow with a much higher pore water velocity than the
matrix flow, and the pressure propagation is induced by the
preferential flow with much higher pore water velocity than
that of the matrix flow.

The relative difference of the hydraulic conductivity and
the celerity for the total domain is shown in Figure 8. For the
two parameter sets, the relative difference of the hydraulic
conductivity is less than 5% (Figure 8(a)). However, the
celerity for the second parameter set (w = 0 025) in c h is
approximately twice as large as with the first parameter set
(w = 0 1) (Figure 8(b)). This is an important result, as it
can be decided which of the two parameter sets is the better
one, if the celerity can be measured. The celerity can be
measured with a tracer experiment by using a conservative
tracer and measuring the first arrival time of the tracer. In
summary, the proposed constitutive relation between
celerity and pressure head (i.e., c h ) is able to distinguish
the implicitly formulated pore water velocity distribution
of equifinal parameter sets.

4. Discussion

4.1. Relations of Soil Hydraulic Properties to the Breakthrough
Curve. The pore water velocity distribution is feasible by
measuring the variation of both specific discharge and water
content under a perturbation analysis (i.e., by generally
increasing the water fluxes on the soil surface) [33]. The pore
bundle model is linking the measurable REV-scale variable
with the pore-scale hydraulic characteristics. On such a basis,
the proposed celerity function enables the derivation of the
breakthrough curve to express the influence of pore water
velocity distribution on tracer transport. Consequently, the
mathematical derivation (in Section 2) implies that the same
parameter set for the water retention curve or hydraulic con-
ductivity function can also be used to parameterize pore
water velocity distribution and the breakthrough curve.
Inversely, the measured breakthrough curve might also be
used to infer the parameter for soil hydraulic function.
Recent studies show that the breakthrough curve derived
from a tracer experiment could assist in obtaining a rea-
sonably accurate parameter estimation for describing the
water retention curve and the hydraulic conductivity func-
tion [56, 57]. Thus, mutually fitting the breakthrough curve,
water retention curve, and hydraulic conductivity function
by an inverse parameter estimation through experiments
can provide a more accurately mathematical formulation to
express the soil hydraulic properties.

The obtained pore water velocity distribution in typical
soil textures is highly nonlinear [31, 38], which manifests that
the nonuniform pore size distribution influences both water
and tracer transport. In the breakthrough curve, the first
arrival time is dictated by the maximum pore water velocity,
and the long tailing is dictated by the relatively low pore
water velocity. This phenomenon implies that the transport
processes are significantly different in the preferential flow

Table 4: Equifinal parameter sets of the bimodal soil hydraulic function for a hypothetical single-continuum soil.

w (−) Matrix flow domain Preferential flow domain
Ks (cm day−1) θr (−) θs (−) αVG (cm−1) nVG (−) Ks (cm day−1) θr (−) θs (−) αVG (cm−1) nVG (−)

0.1 2.01 0.05 0.350 0.01 1.2 1000 0 0.6 0.1 2.5

0.025 1.9 0.0 0.345 0.01 1.2 3990 0 1.0 0.1 2.508

13Geofluids



path within the matrix. A large volumetric fraction of water
stored in micropores is nearly stagnant or with extremely
low velocity [50], being classified as the matrix domain,
which causes an extensive tailing of tracer concentration in
the breakthrough curve. The matrix flow has a relatively
insignificant contribution in delivering specific discharge
and propagating pressure wave under near-saturated condi-
tion, while flow occurs in a small volumetric fraction of
pores (e.g., macropores) that can be categorized as the pref-
erential flow path dominating the transport processes and
pressure propagation.

4.2. Implementing the Kinematic Ratio to Predict the
Maximum Tracer Velocity. The fast tracer transport in het-
erogeneous soil will be dominated by the preferential flow

with the high flow velocity; thus, the effect of absorption,
reaction, or diffusion might be negligible. Nimmo [23] ana-
lysed 64 field experiments and determined that the maxi-
mum tracer velocities varied within a small range, which
could be predicted with by a simple model. These tracer
experiments were conducted in various types of soil or bed-
rock with a transport distance ranging from 0.3 to 1300m,
and the maximum tracer velocities (with a 90% probability)
spread between 0.8 and 200m/day. Nimmo [23] proposed a
predictive model using a ratio to link the fastest tracer veloc-
ity v0 with an effective precipitation rate i0 (a spatially and
temporarily averaged precipitation applied to the surface
boundary) and suggested that the ratio of v0/i0 is an essen-
tially constant value which equaled to 18 based on an empir-
ical estimation from their geometric mean. The obtained
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ratio with an order-of-magnitude accuracy facilitates a fast
prediction of worst-case contaminate travel times. Nimmo
illustrated that the low variability of the ratio v0/i0 could be
caused by a natural speed limit of the preferential flow in
terms of frictional force and water exchange (e.g., via absorp-
tion) from the macropore to the matrix. However, the pre-
dicting ability of Nimmo’s model might be hampered due
to lack of the parameter constrains.

Based on our analyses of celerity, a theoretical proof and
parameter constrain for Nimmo’s model can be achieved by
using a kinematic ratio to predict the maximum tracer veloc-
ity. Considering a hillslope, the process of water particle and
tracer transport can be summarized as follows. For vertical
infiltration flow in an unsaturated zone, celerity represents
the maximum pore water velocity as well as the maximum
tracer velocity, and the kinematic ratio approximately repre-
sents the ratio between maximum tracer velocity and average
tracer velocity. For lateral flow in a saturated zone, celerity
represents a nearly instant pressure propagation, yet the
actual flow velocity in each pore is related with the intrinsic
permeability depending on the size and tortuosity of the pore
[31, 38]. Therefore, the celerity function derived for unsatu-
rated flow can express the pore water velocity distribution
even in saturated soil. In Section 3.1, we found that the kine-
matic ratio of unsaturated flow is likely to be a constant value
for all ranges of saturation. Therefore, it can be used as an
indicator to quantify the ratio between maximum tracer
velocity and average tracer velocity for both the saturated soil
and unsaturated soil.

The presented analysis of celerity in unsaturated soils can
be compared to Nimmo’s model. The ratio v0/i0 in Nim-
mo’s paper has the same physical meaning as the ratio of
c/q that can be defined in this study. The value of c/q is
related to both kinematic ratio and soil water content as
c/q = c/ vθ = αK/θ. The kinematic ratio of unsaturated
flow based on the Brooks-Corey model is constant and
ranges from 3 to 16 for the soils of Table 2, and q is equal
to K under unit gradient condition.

The ratio c/K is plotted versus the effective saturation Θ
in Figures 9(a)–9(c). The value of c/K decreases with Θ for
the Brooks-Corey and the modified van Genuchten model.

The value of c/K approaches infinity when the effective satu-
ration decreases from 0.3 to 0, which is not shown here
because the corresponding specific discharge is very small.
Except for the unmodified van Genuchten model, c/K is
fairly constant and only weakly depends on the specific dis-
charge (q/Ks) as shown in Figures 9(d)–9(f). Assuming that
the soil-water content in the natural system is within a range
of 0.2–0.5 (effective saturation is within a range of 0.4–1.0),
we can also derive c/K which approximately ranges between
6 and 80. The geometric mean of c/K is 23 based on this
rough estimation, which is close to the value of 18 from Nim-
mo’s experimental finding. Moreover, the value of the kine-
matic ratio can be approximately inferred by the soil
textures, water retention curve, soil hydraulic function, or
maximum tracer velocity, and using the estimated kinematic
ratio can provide an additional parameter constrain.

5. Conclusion

We conducted a theoretical study attempting to investigate
the mechanism of pressure propagation and tracer trans-
port in a subsurface flow system by analyzing the celerity
in unsaturated flow. The celerity was firstly defined accord-
ing to the continuum equations. Furthermore, based on the
conceptualization of a pore bundle model, a mathematical
derivation showed that the celerity in unsaturated flow can
be illustrated as the maximum pore water velocity among
all the water-filled flow paths, and the kinematic ratio can
be illustrated as the ratio of the maximum pore water velocity
to the average pore water velocity. Under unit hydraulic
gradient condition, the celerity function is formulated as
a first-order derivative of the soil hydraulic conductivity
function to manifest the pore water velocity distribution,
which can further be used to derive a breakthrough curve
for tracking the tracer and water particle transport under
steady flow condition.

The soil hydraulic characteristic of typical soil textures is
reanalysed by using the (un/modified) Mualem-van Genuch-
ten and Brooks-Corey models with standard parameter sets.
The results of all soil textures present nonlinear relations of
effective saturation with hydraulic conductivity and celerity.
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The results show that water in a small volumetric fraction
(around 15%) of pores has a much higher velocity than the
remaining pore volume. The derived breakthrough curve
can manifest the influence of pore water velocity distribution
on the advective tracer transport. The first arrival time of the
tracer is determined by the maximum pore water velocity,
and the long tailing is caused by the nearly stagnate matrix
flow in micropores with a large volumetric fraction. Further-
more, the pore water velocity distribution formulated in a
composite bimodal soil hydraulic function can also be
described by the proposed celerity function. Different param-
eter sets may result in similar water retention curves and soil
hydraulic functions, but their celerities differ significantly
which shows that the equifinal parameter sets of a bimodal
soil hydraulic function can be distinguished by using the
celerity function.

Analyzing the celerity in unsaturated flow facilitates
the understanding and quantification of the pore-scale
hydraulic characteristics and the complex subsurface trans-
port processes. The celerity-effective saturation curve may
be applicable to the bimodal soil hydraulic functions to dem-
onstrate the distributions of pore water velocities for natural

soils. Furthermore, the following possible approaches for
implementation are suggested and discussed in Section 4.
Under unit hydraulic gradient, the three constitutive rela-
tions (i.e., water retention curve θ h , hydraulic conductiv-
ity function K θ , and celerity function c θ ) and the
derived breakthrough curve share the same parameter
set, which could facilitate the formulation and parameter-
ization of soil hydraulic models. Finally, we found that
the ratio of celerity and specific discharge c/q is fairly con-
stant for specific soil texture, in accordance with published
experiment findings.
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Abstract: This study focuses on the quantification of non-isothermal soil moisture transport and evaporation fluxes in 
vegetated area. A one-dimensional numerical model is developed by integrating a multi-phase flow model with a two-
layer energy-balance model. The non-isothermal multi-phase flow model solves four governing equations for coupled 
air, vapour, moisture, and heat transport in soil porous medium. The two-layer energy balance model estimates evapora-
tion fluxes from transpiration, interception, and soil surface. The model was implemented to an oak forest area in  
Missouri, USA. For model calibration and validation, measurements of energy fluxes, soil moisture, and soil temperature 
were used. The proposed model is compared with a simple model that couples the Penman-Monteith equation with the 
Richards’ equation. The results indicate that the simple model underestimate the total evaporation rate. On the contrary, 
the proposed model includes a more detailed description of energy transfer, which could improve the accuracy in esti-
mating evaporation rates. The proposed model could be a promising tool to quantify the energy and moisture fluxes in a 
soil-vegetation-atmosphere continuum in vegetated area. 
 
Keywords: Soil–vegetation–atmosphere transfer model; Evaporation flux; Soil moisture transport; Forest meteorology. 
 

INTRODUCTION 
 

In vegetated area, evaporation generally consists of three 
components: interception evaporation, transpiration, and soil 
evaporation (Savenije, 2004). The variation of evaporation 
fluxes is mutually affected by meteorological fluctuation, vege-
tation dynamics, and soil moisture stress (Entekhabi et al., 
1996; Rodriguez-Iturbe, 2000; Šír et al., 2001). The interaction 
between soil moisture dynamics with evaporation fluxes can be 
summarized as follows. Interception diminishes the precipita-
tion that arrives at the soil surface, causing more gradual infil-
tration (Dohnal et al., 2014). Transpiration is directly conducted 
through the stomata of leaves and simultaneously consumes soil 
moisture from the root zone. Soil evaporation drives exfiltra-
tion, water phase change, and upward vapour flow in the soil 
porous medium. In addition, the dynamics of moisture and 
temperature at soil surface mutually dictate the variations of 
albedo, emissivity, and vapour pressure, which influence ener-
gy budget and evaporation fluxes (Eltahir, 1998; Seneviratne et 
al., 2010). Therefore, quantification of land-atmosphere interac-
tion needs an integrated model incorporating theories of soil 
physics, vegetation physiology, and atmospheric science to 
simulate the energy and moisture transport in a soil–vegetation–
atmosphere transfer (SVAT) continuum (Gran et al., 2011; 
Overgaard et al., 2006). 

The descriptions of evaporation processes are different in 
SVAT models. Coupling the Penman-Monteith equation with 
the Richards’ equation is the basis of many software to calcu-
late the interaction between actual evaporation and soil mois-
ture dynamics, e.g., Hydrus-1D (Šimůnek et al., 2013). Howev-
er, the application of the analytical evaporation equations needs 
pre-define the soil surface temperature and ground heat flux, 
and the thermal energy transport was not explicitly simulated 
(Varado et al., 2006; Were et al., 2008; Yin et al., 2014). Many 
studies, however, suggested that the evaporation fluxes can be 
strongly related with biophysical process of vegetation, and 

dynamics of soil moisture and soil temperature (Garcia 
Gonzalez et al., 2012; Guimberteau et al., 2014; Kollet and 
Maxwell, 2008; Saito et al., 2006). The current SVAT models 
emphases on improving the physiological processes (Bonan et 
al., 2014; Gran et al., 2011; Overgaard et al., 2006), while the 
processes descriptions may be further improved by including 
the non-isothermal soil moisture transport. 

The soil moisture and the energy transport can be simulated 
by multi-phase flow models solving the governing equations for 
moisture, air, vapour, and heat transport in soil (Garcia 
Gonzalez et al., 2012). The non-isothermal multi-phase flow 
models have demonstrated a high accuracy in simulating soil 
temperature, moisture content, and evaporation rate (Grifoll et 
al., 2005; Smits et al., 2012; Zeng et al., 2011). However, the 
existing applications are still limited in bare soil for either 
short-time period studies (i.e., a few days) (Davarzani et al., 
2014) or indoor chamber evaporation experiments (Grifoll, 
2013; Mosthaf et al., 2011; Smits et al., 2012). The non-
isothermal multi-phase flow models enable a more complete 
description of both soil hydrology and thermodynamics pro-
cesses, and they also have potential to apply in the vegetated 
soils. 

In this study, a one-dimensional model is developed by  
integrating a non-isothermal multi-phase flow model with a 
two-layer energy-balance model to quantify the interactions 
between evaporation fluxes, soil hydrology, and thermodynam-
ics. The proposed model is implemented to an oak forest area in 
Missouri, USA. The detailed measurements of energy fluxes, 
soil moisture, and soil temperature are used for model calibra-
tion and validation. The analyses are focused on i) quantifying 
the dynamics of moisture and temperature in the soil in re-
sponse to various meteorological conditions, and ii) partitioning 
the evaporation into transpiration, soil evaporation, and inter-
ception evaporation. 
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STUDY SITE 
 
The study area is located at 38.7° N, 92.2° W (with elevation 

219 m a.s.l.) in Missouri, USA. The land cover is deciduous 
broadleaf forest with tree species of oak hickory. The site is 
uniquely located in a transitional zone between the central 
hardwood region and the central grassland region of the US. 
The climate condition is warm temperate-fully humid with hot 
summer. Field experiment was conducted by Oak Ridge Na-
tional Laboratory, aiming to investigate the evaporation fluxes 
under varying meteorological and environmental conditions. 

The study period is from 2 August 2004 (DoY215) to 26 
September 2004 (DoY270) in the early autumn season. The leaf 
area index (LAI) of vegetation cover is 5.0, and the canopy 
height is 24 m. The soil is Weller silt loam with bulk density of 
1.5 g/cm3. An eddy covariance flux tower was installed at the 
30 m height to measure the sensible and latent heat fluxes. The 
total evaporation rate can be gained from the measured latent 
heat flux. The net radiation was measured from a four-
component net radiometer. In the soil, temperature sensors were 
buried at the depths of 4 cm, 8 cm, 32 cm, and 64 cm, and three 
time-domain reflectometers (TDRs) were installed to measure 
the soil moisture content at the depth of 8, 32, and 64 cm. All 
above-mentioned data were collected in a 30-minute interval. 
The data is available from the FLUXNET Database 
(http://fluxnet.ornl.gov/site/967). 

 
MODEL DESCRIPTION 
Two-layer energy-balance  

 
The energy-balance is calculated for two layers that consist 

of a canopy layer and a soil surface layer. The measured net 
radiation netR  (W m–2) was partitioned into two components 
following the Beer’s law (Zhou et al., 2006): 

 

LAIexp( )net net C Isur r= −R R   (1) 

LAI1 exp( )net net C Ircan  = − − R R    (2)
 

 
where subscripts “can” and “sur” indicate canopy layer and soil 
surface layer, LAII  (–) is the leaf area index, and Cr  (–) is the 
extinction coefficient of the vegetation for net radiation. The 
net radiations are further transferred into specific forms in the 
two layers (Davarzani et al., 2014; Mosthaf et al., 2011):  
 

net
can can canE Hλ= +R  

(3) 

net
sur sur sur HE H Gλ= + +R  

(4) 

 
where Eλ  (W m–2) is the latent heat, H  (W m–2) is the sensi-
ble heat, HG  (W m–2) is the ground heat flux, and λ  
(≈2.45×106 J kg–1) is the latent heat for vaporization, which is 
associated with the evaporation rate E (kg m–2 s–1). 

The energy-balance equation for canopy layer (Eq. 3) is sim-
ilar to many SVAT models (e.g., Choudhury and Monteith, 
1988; Colaizzi et al., 2012; Xin and Liu, 2010), which neglects 
the influence of other energy components (e.g., canopy heat 
storage and photosynthesis) on energy transfer. The energy 
components of ground heat, sensible heat, and latent heat fluxes 
are calculated in analogy to a two-layer electrical resistance 
network with equations given in Table 1. The sensible and 
latent heat fluxes are driven by gradients of temperature and 
vapor pressure between the interfaces of soil, canopy, and at-
mosphere respectively (Choudhury and Monteith, 1988; Xin 
and Liu, 2010). The calculation of resistance coefficients (given 
in the Appendix) considers the influence of multiple environ-
mental stresses. 

 
Canopy interception, transpiration, and root water uptake 

 
Interception occurs when rainfall is captured by surface stor-

age (e.g., vegetation canopy, roofs, etc.) before reaching the soil 
surface (Savenije, 2004). The water storage of interception in 
the canopy layer represents the depth of rainwater stored on 
leaves and branches that is expressed by (Eltahir and Bras, 
1993; Ivanov et al., 2008; Rutter et al., 1971):  
 

(1 )C
rain rain drip i w

dS q q E
dt

τ ρ= − − −    (5) 

 
where CS  (m) is the interception storage, t  (s) is time, iE   
(kg m–2 s–1) is the interception evaporation, wρ (kg m–3) is the 
density of liquid water, rainq (m s–1) is the rainfall intensity, 
(1 )rain rainqτ−  is the intercepted rainwater, rainτ  (–) is a coeffi-
cient that denotes the fraction of rainfall that directly penetrates 
through canopy and reaches soil surface: 
 

( )LAIexp 0.5rain Iτ = −  (6)
  

Table 1. Formulations of energy fluxes and resistance network. 
 Position Sensible heat Latent heat Energy network Canopy veg can

can a p
ac

T T
H c

r
ρ

−
=  a p veg can

can
ac c

c e e
E

r r
ρ

λ
γ

∗ −
=

+
 net

can can canE Hλ= +R  
Soil surface sur can

sur a p
as

T TH c
r

ρ −=  a p sur can
sur

as s

c e eE
r r

ρ
λ

γ
−=
+

 net
sur H sur surG E Hλ− = +R  

Atmosphere can atm
a p

a

T TH c
r

ρ −=  a p can atm

a

c e eE
r

ρ
λ

γ
−=  net

HG E Hλ− = +R  Energy network can surH H H= +  can surE E Eλ λ λ= +  net net net
can sur= +R R R   Note: subscript “atm”, “can”, and “sur” represent atmospheric layer, canopy layer, and soil surface; subscript “veg” represents vegetation foliage; 

T (K) is the temperature; e (Pa) is the vapour pressure; e* (Pa) is the saturation vapour pressure; cp (J kg–1 K–1) is the specific heat capacity of moist air under a constant pressure; aρ  (1.013 kg m–3) is the density of the air; γ  (PaK−1) is the psychometric constant; ar , acr  and asr  (s m–1) are the aerodynamic resistances between canopy and reference height, between foliage and canopy air, and between soil surface and canopy air respectively; and sr and cr  are the soil surface resistance and the bulk stomatal resistance of the canopy layer. 
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where dripq  (m s–1) is the canopy drainage rate: 
 

( )maxexpdrip C C C Cq K g S S= −    
(7) 

 
where Cg  (m–1) is an exponential decay parameter, maxCS (m) 
is the capacity of canopy water storage, and CK (m s–1) is the 
drainage rate when the water storage reaches to its capacity. 

iE  (kg m–2 s–1) is the interception evaporation, which is one 
component of canE  (Eltahir and Bras, 1993):  
 

( )2/3
max/i C C canE S S E=  (8) 

 
The assumption in Eq. 8 is that the interception can alter the 

transpiration rate tE  without feedback to total evaporation rate 
from canopy canE . When the interception is existing, the tran-
spiration rate tE (kg m–2 s–1) is then calculated by: 
 

t can iE E E= −  (9) 
 

The transpiration rate is equal to the root water uptake. In 
wet soils, the distribution of water uptake is directly linked to 
root distribution described by an exponential function (Feddes 
et al., 2001): 
 

cz
rootg e−=  (10) 

 
where rootg  (–) is the root density distribution, z  (m) is the soil 
depth, and c (m–1) is a fitting parameter. 

In water-limited soil, the diminished water uptake rate of 
dryer soil layer can be compensated by the enhanced water 
uptake from wetter layer (van Dijk and Bruijnzeel, 2001), the 
spatial distribution of root water uptake will be attributed to the 
variations of soil moisture content and root density distribution 
(Varado et al., 2006): 
 

 

( ) ( ) ( )
( ) ( )

,
,

,
root

R w root
R w t

R w root
d

h z g z
Q h z E

h z g z dz
α
α

=


    

(11) 

 
where RQ  (kg m–3 s–1) is the root water uptake rate, wh (m) is 
the pore water pressure head, rootd  (m) is the rooting depth, 
and Rα  (–) is an empirical reduction function (Feddes et al., 
2001): 
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where wiltingh (–150 m) and fieldh (–3.3 m) are the pressure head 
on permanent wilting point and

 
field capacity respectively.  

The net rainfall ,w surq  for soil surface infiltration is a sum of 

the direct throughfall rain rainqτ  and the canopy drainage dripq : 
 

,w sur rain rain dripq q qτ= +    (13)
 

 
 

Non-isothermal multi-phase flow in soil porous medium 
 
The moisture and energy transport in soil porous medium are 

simulated within a non-isothermal multi-phase flow model 
proposed by Grifoll et al. (2005). In this study, the model was 
extended by considering the root water uptake that links to the 
vegetation transpiration. The coupled air, liquid water, vapour, 
and heat transport in soil porous medium can be expressed by 
three mass-balance equations and one energy-balance equation 
(Grifoll et al., 2005): 
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where ρ (kg m–3) is the mass density, with subscripts of a, w, v, 
and s denote the air, liquid water, vapour, and solid phase re-
spectively; wθ  and aθ   (m

3 m–3) are the volumetric content of 
moisture and air, φ  (m3 m–3) is the porosity, EQ  (kg m–3 s–1) is 
the water phase change rate caused by vaporization and con-
densation in the soil, RQ  (kg m–3 s–1) is the root water uptake 
rate, wq  and aq  (m s–1) are the specific discharge of water flow 
and air flow, vJ  (kg m–2 s–1) is the hydrodynamic dispersion 
(dispersion and diffusion) of vapour in soils, T (°C) is the tem-
perature of soil, c  (J kg−1 K−1) is the specific heat capacity with 
different values for solids, liquid water, dry air and water vapour 
( sc = 870 J kg−1 K−1, wc = 4180 J kg−1 K−1, ac  = 1006 J kg−1 
K−1, and vc = 1996 J kg−1 K−1), and hJ  (W m–2) is the heat flux 
density in soil caused by the thermal conduction and dispersion.  

In unsaturated soil, air may freely escape from soil to atmos-
phere, so that the air pressure along the soil profile may be 
constant (Grifoll, 2013; Grifoll et al., 2005). Under such condi-
tion, air flow is driven by two mechanisms: the changes of 
moisture content cause the changes of volumetric air content, 
and the air density aρ varies due to expansion or contraction 
effects caused by the changes of vapour density vρ : 
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where atmp  (kPa) is the atmospheric pressure, R  (8.3145  
J mol–1 K–1) is the gas constant, g  (9.81 m s–2) is the gravita-
tional acceleration, wM (18.02 g mol–1) and aM  (28.96 g mol–1) 
are the molar weight of water and dry air, reH  is the relative 

    (17)
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humidity, kT  (K) is the thermodynamic temperature, and vsρ
(kg m–3) is the saturated vapour density.  

Neglecting the hysteresis effect and preferential flow, the 
specific discharge of liquid water flow (positive upward) can be 
calculated by the Darcy’s law (Pinder and Celia, 2006):  
 

1w
w w

hq K
z

∂ = − + ∂ 
 (21) 

 
where wK (m s–1) is the hydraulic conductivity. The Mualem-
van Genuchten model is used to express water retention curve 
and hydraulic conductivity function as given in Table 2 (van 
Genuchten, 1980). The thermal liquid water flow is neglected 
(see Eq. 21). Many studies showed that liquid water flow is driv-
en by capillary gradient and gravity, and the influence of temper-
ature gradient on liquid water flow is negligible (Davarzani et al., 
2014; Pinder and Celia, 2006; Smits et al., 2011). 

For calculating the vapour transport in soil porous medium, 
the hydrodynamic vapour dispersion term vJ  is given as 
(Milly, 1984):  
 

Ma v
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   (22) 

 
where aD  and M

mGD  (m2 s–1) are the vapour diffusion and me-
chanical dispersion, respectively (Table 2), and aς  (–) is the 
tortuosity (Grifoll et al., 2005): 
 

2/3 /a aς φ θ=    (23) 
 

The heat flow equation (Eq. 17) is formulated based on the 
assumption of local thermodynamic equilibrium: the tempera-
tures of three phases (i.e., water, air, and soil solid matrix) are 
equivalent (Grifoll, 2013; Mosthaf et al., 2011; Parlange et al., 
1998), which holds if the preferential flow is negligible. The 
advection thermal transport is caused by the mass transport of 
water and air. The phase change and root water uptake are 
formulated as source/sink terms of λQE and cWQRT respectively. 
Additionally, the thermal conduction and dispersion in soil 
porous medium may be expressed as (Saito et al., 2006):  
 

H
h H w w w mL

TJ K c D
z
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   (24) 

 

where H
mLD  (m2 s–1) is the thermal dispersion coefficient in-

duced by water flow, and HK  (W m–1K–1) is the thermal con-
ductivity (Table 2). 
 
Model coupling approaches and numerical strategies 

 
The moisture and energy fluxes estimated by the two-layer 

energy-balance equations were used to specify the boundary 
conditions of the multi-phase flow model (Section “Model 
description”). For the water flow equation, a net rainfall ,w surq  
is set as the upper boundary (Eq. 13), and a gravitational drain-
age is specified for the lower boundary assuming the ground-
water table far below the computational domain. Transpiration 
is linked to root water uptake that is specified as a sink term in 
the water flow equation. For vapour flow equation (Eq. 16), the 
upper boundary is the soil surface evaporation rate surE  that is 
obtained from Eq. 4. At the lower boundary of soil domain, 
both vapour flow and air flow were specified as zero-flux. 
The boundary conditions of heat flow equation (Eq. 17) include 
both thermal advection and conduction. Thermal advection is 
mainly driven by liquid water flow of drainage and infiltration. 
At the upper boundary, we assume the temperature of the rain-
water is equal to the atmospheric temperature at 30 m height. 
The infiltration on the soil surface and drainage from soil bot-
tom cause thermal advection in the soil heat flow equation (Eq. 
17). Thermal conduction at the upper boundary is set to the 
ground heat flux and at the lower boundary is set to the zero-
gradient condition.  

The energy fluxes and soil physical processes are strongly 
coupled. Specifically, the latent heat flux surEλ is correspond-
ing to the soil surface evaporation rate that is specified as the 
upper boundary for the vapour flow equation. The calculated 
transpiration rate tE  drives the root water uptake distribution 
as a sink term RQ  in the water flow equation. The ground heat 
flux HG  is used to specify the heat flux at the upper boundary 
of the soil. In turn, the temperature and moisture dynamics on 
the soil surface will affect the energy fluxes.  

 

Table 2. Formulations of the transport terms and coefficients. 
 

Constitutive law Equation Parameter notation Reference 

Soil hydraulic 
function 
 

VGVG
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1 , 0
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h h
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wrθ and wsθ ( m3 m–3) are the residual and  

saturated moisture content; Θ (–) is the  
degree of saturation. (van Genuchten, 

1980; Zeng et al., 
2011) 

( ) VGVG VG
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1/1 1
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w wsK K  = Θ − − Θ  
 

VGα , VGl , VGm , and VGn  

are fitting parameters ( VG VG1/m n= ); 

wsK (m s–1) is the saturated hydraulic conductivity 

Vapour  
diffusion 

2
52.12 10

273.15
k

a
TD −  = ×  

 
 kT (K) is the absolute thermal temperature (Smits et al., 2012) 

Vapour  
dispersion 

M
mG L aD vα=  a a av q θ=  is the pore velocity of air flow; Lα  

(m) is a longitudinal dispersivity 
(Grifoll et al., 2005) 

Thermal  
diffusion 

0.5
1 2 3H w wK b b bθ θ= + +  1b , 2b , and 3b  are fitting parameters 

(Chung and Horton, 
1987; Grifoll et al., 
2005) 

Thermal  
dispersion 

H
mL H wD vα=  w w wv q θ=  is the pore velocity of water flow; 

Hα  (m) is the thermal dispersivity 
(Grifoll, 2013) 
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The mathematical framework is numerically solved by an 
author-developed script under Python 2.7 programming lan-
guage. Specifically, the governing equations in multi-phase 
flow model compose a fully-coupled partial differential equa-
tions system. The iteration approach proposed by Grifoll (2013) 
is used. The equations of air, vapour, and heat transport are 
solved by the Crank-Nicholson finite difference method, and 
the Richards equation is solved by a fully-implicit finite differ-
ence method (Celia et al., 1990; Pinder and Celia, 2006).  

The model coupling is achieved by iteratively implementing 
the estimated evaporation and ground heat flux as the upper 
boundary of the soil, thereafter the simulated soil moisture 
content and temperature on the soil surface are used to recalcu-
late the energy and evaporation fluxes. The numerical errors of 
soil moisture and temperature are controlled by the iteration 
technique with tolerable errors of 0.0001 and 0.01°C, respec-
tively. The time step is constrained in a range of 0.005–5 min to 
ensure sufficient computational efficiency.  
 
MODEL SET-UP AND PARAMETERIZATION 

 
The measurements of net radiation, rainfall, atmospheric 

temperature, wind speed, and air humidity at the height of 30 m 
above the ground are used as model input (Fig. 1).  

Model performance is evaluated by comparing simulations 
with measurements, including the energy fluxes of latent heat, 
sensible heat, and ground heat fluxes, as well as soil tempera-
ture and soil moisture content at different soil depths. Taken the 
soil moisture content as an example, the bias and root-mean-
square error (RMSE) may be calculated as follows: 
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1Bias
N

sim obs
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θ θ
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= −   (25) 

( )2

1
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N
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where simθ and obsθ are the simulated and observed values (e.g., 
soil moisture content θ ), and N is the number of values that 
used for comparison. 

 

The parametrization of resistance coefficients is given in 
Appendix. Specifically, the aerodynamic resistance coefficients 
are calculated based on previous studies (Choudhury and 
Monteith, 1988; Xin and Liu, 2010), which are related with 
wind speed, canopy height, and surface roughness. The bulk 
stomatal resistance is calculated by the Jarvis-Stewart model 
accounting the influence of multiple environmental stresses of 
solar radiation, atmosphere temperature, vapour pressure defi-
cit, and soil moisture stress on transpiration (Jarvis, 1976; 
Stewart, 1988). The root density distribution is decreasing from 
1.0 (on the soil surface) to a very small value (at the lower 
boundary) following an exponential function with a coefficient c 
(Eq. 10) of 4.0. Soil surface resistance adopts the exponential 
function proposed by van de Griend and Owe (1994), which links 
the soil evaporation rate with the soil moisture at 1 cm depth.  

The interception can reduce the amount and intensity of rain-
fall that reaches soil surface. The interception parameters for 
deciduous broadleaf forest area are adopted from Ivanov et al. 
(2008), and the interception storage maxCS  is set to 5 mm as a 
typical value that is often used for the long-term water balance 
in the forest area (Gerrits et al., 2009) (Table 3). For the simula-
tion of water flow in soils, most of the parameters adopted the 
typical values of silt loam (van Genuchten et al., 1991), 
including the saturated hydraulic conductivity wsK , VGα and 
the residual and saturated soil moisture content wrθ  and wsθ  
(see Table 3). The soil thermal parameters given in Table 3 are 
also specified as the default parameter values of silt loam soil 
(Chung and Horton, 1987; Sakai et al., 2011). 

The study period was split into two parts, one for model cal-
ibration (DoY 215-235) and another for model validation  
(DoY 235-270) (see Fig. 1). The values of calibrated parame-
ters are shown in Table 3. The fitting parameter VGn  is cali-
brated according to the soil moisture response, and its value is 
1.75 for upper layer soil (0–50 cm) and 1.35 for lower layer soil 
(50–100 cm). The extinction coefficient rC  can dictate the 
partitioning of the net radiation energy, and it is calibrated 
according to the measurements of soil temperature, latent heat, 
and ground heat fluxes. For the day-time, rC  is calibrated to  
 

 
 

Fig. 1. Measured meteorological forcing data of (a) net radiation, (b) atmospheric temperature, (c) wind speed, and (d) air humidity in the 
study area over the period of DoY 215-DoY 270 in 2004. The calibration and validation periods are illustrated respectively.  
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Table 3. Parameters for soil hydraulic and canopy properties in non-isothermal soil multi-phase flow model and canopy interception 
module respectively.  
 

 Soil hydraulic parameter 
Depth wrθ wsθ  wsK  VGα  VGn  
(m) (–) (–) (m/s) (m–1) (–) 
0–0.5 0.067 0.45 1.25×10 –6 0.2 1.75 
0.5–1.0 0.067 0.45 1.25×10 –6 0.2 1.35 
 Soil thermal parameter 
Depth 
(m) 

b1 
(–) 

b2 
(–) 

b3 
(–) 

Lα  
(m) 

Hα  
(m) 

0–1.0 0.243 0.393 1.534 0.1 0.1 
 Canopy interception parameter 

 

 maxCS  Cr (day / night time) CK  Cg  
 (mm) (–) (mm/h) (–) 
 5 0.4 /0.08 0.18 3.9 

Note: wrθ  and wsθ -  residual and saturated moisture content; wsK - saturated hydraulic conductivity; VGα , VGn - fitting parameters; b1 , b2, b3 - coeffi-

cients for thermal conduction; Lα , Hα are dispersivity for mechanical and thermal dispersion; maxCS - interception storage capacity; CK - canopy 

drainage rate; Cg - exponential decay parameter; and Cr  - extinction coefficient of the vegetation for net radiation. 

 
0.4, while for the night-time, rC is calibrated to 0.08 to ensure 
the consistency of the predictions on both energy fluxes and 
soil temperature dynamics.  

In unsaturated zone, the upper 1 m soil is defined as the 
computational area and discretized with a non-uniform mesh 
with 36 nodes. The topmost soil layer (0–8 cm) is discretized 
with a finer mesh with 1 cm to simulate the non-isothermal soil 
moisture transport under a steep gradient of capillary pressure 
and temperature. A larger mesh size of 2 cm is used for the 
depth between 8 and 32 cm. A relatively coarse mesh (4 cm) is 
used in the deeper soil profile (32–100 cm) where the soil tem-
perature and moisture content are relatively less dynamic.  

The results of the proposed model (non-isothermal multi-
phase flow model integrated with land surface energy-balance 
equations) was compared with a simple model that coupled the 
Penman-Monteith equation with the Richards’ equation  
(PM-RE model). The FAO Penman-Monteith equation is wide-
ly-used to determine the reference evaporation rate, a pre-
defined ground heat flux was used to account the single-layer 
energy-balance (Allen et al., 1998). The Richards’ equation 
(i.e., combining Eq. 15 and Eq. 21) used the same parameter set 
for soil hydraulic parameters (Table 3) and root water uptake 
(Eqs. 10–12), the impact of soil moisture stress on evaporation 
flux is included through Eq. A13. Note that the simple model 
can only simulate the total evaporation and isothermal soil 
moisture transport, but neglects the soil heat transport. The soil 
temperature, vapour transport in vadose zone, and the parti-
tioned evaporation fluxes can only be simulated with proposed 
model. 
 
RESULTS 
Soil moisture  

 
The measured soil moisture content in response to the rain-

fall is shown in Fig. 2. The multiple rain-pulses can be roughly 
separated into three main events. The first event occurs on DoY 
217 with the rainfall intensity of 10 mm/h lasting two hours. 
During the second (DoY 233-243) and third (DoY 260-263) 
rain events the rainfall amount is 23 mm and 55 mm respective-
ly. Under high-intensity rainfall, the soil moisture content of 
three depths dramatically increased to 0.5, then generally de-
creased to 0.2–0.3. The measured fast response of soil moisture 
may be caused by the occurrence of preferential flow, while its 

influence on infiltration might only last for a few hours (Figs. 
2b–c). The propagation of wetting fronts was attenuated,  
because a fraction of infiltrated rainwater was stored in the 
upper-layer soil (i.e., 0–8 cm). Consequently, less rainwater can 
infiltrate to the deeper soil (e.g., 64 cm depth).  

The simulated soil moisture content by the proposed non-
isothermal model and the simple PM-RE model at three differ-
ent depths (8 cm, 32 cm, and 64 cm) is also shown in Fig. 2, 
and their RMSE and bias compared with the measurement 
during the calibration and validation periods are listed in Table 
4. Under high-intensity rainfall, the response of simulated soil 
moisture content of both two models in deeper soil (32 and  
64 cm) shows time delay to rainfall pulses, and the simulated 
peak moisture content is under-estimated. In dry-down periods, 
the moisture content decreased gradually. The simple model 
overestimated the soil moisture content, the simulated moisture 
content by non-isothermal model gives a good match with the 
measurement. The error statistics indicates all RMSEs and 
absolute values of bias of soil moistures of non-isothermal 
model at three different depths are less than 0.05 and 0.01 re-
spectively (Table 4).  
 
Soil temperature 

 
Simulated by the proposed non-isothermal model, the meas-

ured and simulated soil temperature at four different depths  
(4 cm, 8 cm, 32 cm, and 64 cm) are shown in Fig. 3. The 
RMSE and bias during the calibration and validation periods 
are listed in Table 4. Both the ground heat flux and the soil 
temperature have clear diurnal periodic patterns as shown in 
Fig. 3. Additionally, the amplitudes of soil temperature were 
decreasing along with the increasing depth of soil profile. Spe-
cifically, the average diurnal amplitude of soil temperature at 4 
cm depth is approximately 10°C, while the amplitudes at 8 and 
32 cm are approximately 5°C and 2°C, respectively. The soil 
temperature at 64 cm depth did not show a significant diurnal 
pattern, and its amplitude is even lower than 1°C (Fig. 3).  

The amplitude of soil temperature is also affected by 
rainfall-infiltration that increases both soil moisture and soil 
heat capacity. For example, the amplitude of ground heat flux 
and soil temperature during the second rainfall period (e.g., 
DoY 233-243) are relatively small as the net radiation and 
atmosphere temperature were lower than that during the 
intermittent period. 
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Fig. 2. (a) Measured rainfall intensity (bar), and measured soil water content at the depths of (b) 8 cm, (c) 32 cm, and (d) 64 cm below the 
ground surface over the study period of DoY 215-DoY 270 in 2004. The soil moisture content at different depths simulated by the simple 
model and by the proposed non-isothermal model are given as grey line and black line, respectively. 

 
Table 4. Comparisons of the RMSE and bias between measurements and simulations from the proposed non-isothermal model in terms of 
soil moisture content (–) and soil temperature (°C) at the depth of 4, 8, 32, and 64 cm below the surface for both calibration and validation 
periods, respectively. Comparisons of the RMSE and bias between measurements and the simulated soil moisture content from the simple 
model (i.e., Penman-Monteith equation coupled with Richards’s Equation) are given in the bracket, note that the simple model can only 
simulate soil moisture content but cannot simulate soil temperature. 
 

 Soil moisture content (–) Soil temperature (oC) 
Depth 
(cm) 

Calibration Validation Calibration Validation 
RMSE Bias RMSE Bias RMSE Bias RMSE Bias 

4 – 
 

– – – 1.41 –0.17 1.75 –0.62 

8 0.022 
(0.030) 

–0.008 
(0.017) 

0.020 
(0.049) 

–0.004 
(0.039) 

1.02 0.03 1.30 –0.33 

32 0.034 (0.043) –0.002 
(0.031) 

0.038 
(0.050) 

–0.010 
(0.032) 

0.79 –0.02 0.84 –0.21 

64 0.033 (0.027) –0.002 
(–0.016) 

0.041 
(0.023) 

–0.004 
(–0.007) 

1.03 0.66 0.85 0.58 

 
The errors at different depths are provided in Table 4.  

Compared with the measurements, the RMSE of simulated soil 
temperature is 1.75°C, while the bias is relatively small with an 
absolute value less than 1°C. Relatively large RMSEs of topmost 
soil temperature at 4 cm depth indicate that the amplitude of diur-
nal variation was slightly underestimated. On the contrary, the 
RMSE and bias of soil temperature at deeper soil (8, 32, and 64 
cm) show that both of amplitude and daily averaged values of 
soil temperature are well simulated. 
 
Vapour transport in soil  
 

The vapour transport in vadose zone can be simulated with 
the proposed multi-phase flow model, and the equivalent ener-
gy flux of vapour flow during a 7-day period is shown in Figure 
4. The vapour flow transports at depths of 0, 1, 10, and 20 cm 
show clear diurnal patterns (Fig. 4). In particular, at the surface 
(0 cm), the vapour flux rate reaches a maximum value of 2.2  
W m–2 around noon (i.e., at 12 h), and then reduces to about 
zero at night. However, the vapour flow at deeper depths 
demonstrates of the opposite diurnal pattern - the vapour flow 
in deeper soil is downward after the noon, but upward at night. 
The drying front is not obvious in the study site, indicating that 

the evaporation is mainly from soil surface under such relatively 
wet condition. The amplitude of the vapour flow is decreasing 
from around 6 W m–2 (at 1 cm) to 2 W m–2 (at 20 cm) (Fig. 4). 
 
Energy fluxes 

 
The averaged diurnal cycle of measured net radiation during 

both of calibration and validation periods was analysed (Fig. 5). 
The averaged net radiation significantly increases after 6 h in 
the morning from below 0 W m–2, reaching its maximum value 
of around 600 W m–2 in the noon (i.e., at 12 h). Then the net 
radiation starts to decrease and generally approaching zero. 
During the night, the net radiation is below 0 W m–2, because 
the upward infrared radiation may be larger than the downward 
infrared radiation. The sensible heat and latent heat show simi-
lar averaged diurnal cycles compared with the net radiation (an 
increase from 6 h, peak around 12 h, and bottom around 18 h), 
except for the amplitudes. The average daily sensible heat is 
fluctuated from below 0 W m–2 (during the night) to around 400 
W m–2 (at noon), while the average daily latent heat is ranged 
from around 0 W m–2 (during the night) to around 200 W m–2  
(at noon).  
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Fig. 3. Simulated and measured (a) ground heat fluxes, and soil temperature at four different depths of (b) 4 cm, (c) 8 cm, (d) 32 cm, and 
(e) 64 cm over the study period of DoY 215-DoY270 in 2004. 
 

 
 

Fig. 4. The equivalent energy flux of vapour transport vqλ at depths of 0 cm, 1 cm, 10 cm, and 20 cm during a 7-day period. The vapour 
flux of advection, diffusion and dispersion vq is expressed as v v a a vq q Jρ θ= + . Positive values represent the upward vapour flow. 
 

During both the calibration and validation periods, the devia-
tions between the simulated and measured ground heat and 
sensible heat fluxes shown in Fig. 5 might correspond to the 
simplification of radiative transfer algorithm (Eq. 1, 2), which 
neglects the impact of canopy structure (e.g., leaf angle distri-
bution, vertical distribution of leaf area) on radiation transfer. 
The overall performance of the simulated sensible heat, latent 
heat, and ground heat fluxes are satisfying compared with 
measurements during both calibration and validation periods, 
giving within 22 W m–2 of RMSEs and within ±7 W m–2 of 
biases (Table 5). 
 
Evaporation rates 

 
The potential evaporation rate simulated by the FAO Pen-

man-Monteith equation gives a good fit to the measured values 
(RMSE = 0.64 mm, bias = –0.29 mm). However, the actual 
evaporation simulated by the simple model using the FAO 
Penman-Monteith equation coupled with the Richards’ equation 
are underestimated compared with the measurement (RMSE = 
1.06 mm, bias = –0.74 mm). On the contrary, the total evapora-
tion calculated by the proposed model is much more accurate 
compared to the simple model. The RMSE of the proposed 
model is 0.77 mm, while the bias is only 0.17 mm. 

Table 5. Comparisons of RMSE and bias between simulations and 
measurements of sensible heat, latent heat, and ground heat for 
both calibration and validation periods, respectively. Unit: W/m2. 
 

Energy flux Calibration Validation 
 RMSE Bias RMSE Bias 

Eλ  21.3 –4.2 19.0 1.2 
H  15.4 2.2 16.4 –6.7 

HG  18.4 2.4 20.5 –5.7 
The simulated three components of evaporation fluxes using 

the proposed model are shown in Fig. 6. The study area was 
nearly fully-covered by forest canopy, and the transpiration 
dominated the total evaporation as expected. Based on the 
simulated evaporation fluxes, 86% of total evaporation was 
from transpiration, only 11% of total evaporation was from the 
soil surface, and the remaining 3% evaporation was from inter-
ception (Fig. 6). After the rainfall, the total evaporation general-
ly reached to a peak rate of 6.5 mm day–1 (e.g., DoY 218-219), 
while it was generally decreasing as the soil getting dryer  
(DoY 220-227 and DoY 263-270). The soil surface evaporation 
had a similar pattern but with a relative small fluctuation, espe-
cially when the moisture content in the topmost soil is lower 
than 0.20 (DoY 255-260). The interception evaporation oc-
curred only during or after rainfall. 
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Fig. 5. The averaged diurnal cycle of the energy fluxes of net radiation (circles), sensible heat (diamonds), latent heat (squares), ground heat 
fluxes (stars), and simulations (solid lines) during (a) calibration period, and (b) validation period. The energy fluxes are calculated by 
Equation 3 and 4 (for detail see Table 1 and Appendix). 
 

 
 

Fig. 6. Measured total evaporation, calculated potential evaporation by FAO Penman-Monteith equation (FAO-PM), calculated actual 
evaporation by the simple model (PM-RE: Penman-Monteith equation coupled with Richards’ equation), and simulated fluxes of three 
evaporation components by the proposed model (energy-balance equations coupled with non-isothermal soil moisture transport). 

 
DISCUSSION  

 
In a hydrological system, evaporation is an important pro-

cess that affects both water balance and energy balance. Specif-
ically, the energy fluxes are strongly coupled with the soil sys-
tem: the variations of soil surface temperature can affect both 
sensible heat and ground heat flux, and the soil moisture in 
topsoil and root zone can impact soil surface evaporation and 
transpiration respectively (Saito et al., 2006). A recently study 
by Garcia Gonzalez et al., (2012) indicated that the simulated 
soil surface temperature and evaporation fluxes may be deviat-
ing from reality because of using a simplified soil heat and 
water flow equation. The quantification and prediction of evap-
oration fluxes still have large uncertainties, especially when the 
complex physical processes are not adequately represented by 
the modelling system (Coenders-Gerrits et al., 2014). 

The model proposed and applied in this study is focused on 
improving the representation of soil moisture and energy 
transport processes within an SVAT system, which may poten-
tially give more realist simulations of land-atmosphere interac-
tion. The case study was conducted for a deciduous broadleaf 
forest area with well-instrumented measurements, and the phys-

iological behaviour of leaf stomata in the typical oak forest area 
can be parameterized based on previous literature (Baldocchi et 
al., 1987). Only the soil hydraulic parameters and extinction 
coefficients were calibrated. 

Integrating the soil thermal transport with a two-layer ener-
gy-balance method in a SVAT model can assist in calibrating 
the extinction coefficient Cr. The ground heat flux is interacted 
with the diurnal variation of soil temperature, despite the fact 
that the contribution of soil evaporation to total evaporation is 
relatively small. For example, an over-estimation of Cr will lead 
to an underestimation of the ground heat flux, consequently, 
amplitude and values of the soil temperature may also be under-
estimated. Coupling of soil thermal transport with energy-balance 
model may bring a more reliable estimation of ground heat flux. 

The simulated total evaporation flux was compared with a 
simple model that couples Penman–Monteith model with the 
Richards’ equation. The simple model underestimated the total 
evaporation rate, which might be related to the following rea-
sons. The Penman–Monteith equation used a pre-defined 
ground heat flux that may affect the accuracy of calculated 
energy fluxes. The Penman–Monteith equation simulates a 
reference evaporation rate, the multiply environmental stress on 
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transpiration rate is considered for grassland. The oak forest 
species may show different physiological behaviour in response 
to solar radiation, temperature, and soil moisture stress, which 
could all affect the transpiration rate.  

In forest area, the liquid water transport can be affected by 
both preferential flow and matrix flow. Previous studies (e.g., 
Dusek et al., 2008; Shao et al., 2015, 2016) indicated that the 
preferential flow through macropores, and other local high 
permeability zones may be extremely rapid and instantly affect 
the hydrological response. The results in this study indicate that 
the peak soil moisture content during the rainy period was 
underestimated if neglecting the impact of preferential flow, 
even though the proposed model can adequately simulate the 
soil moisture content in root zone during the intermittent period 
(when no rainfall occurs). The soil moisture stored in matrix 
has relatively low flow velocity and long residence time, which 
is more correlated with the evaporation fluxes. Moreover, the 
matrix flow can cause exfiltration delivering water upward to 
the topmost soil for sustaining soil surface evaporation. How-
ever, for simulating the groundwater percolation and stream 
flow generation processes, the incorporation of preferential 
flow processes in modelling systems is still essential. 

 
CONCLUSIONS  

 
A multiphase flow model was coupled with a two-layer en-

ergy-balance model to simulate both energy and moisture flux-
es in a soil-vegetation-atmosphere continuum. The model was 
applied using data of an experimental Oak-hickory forest area 
in Missouri, USA, covering 55 days during the late-summer 
period. The measurements of soil and vegetation information 
were used to parameterize the model. The model was driven by 
meteorological forcing data of net radiation, atmosphere tem-
perature, air humidity and wind speed. The measured energy 
fluxes and soil temperature and moisture were used to calibrate 
and validate the model.  

The simulated results of energy fluxes, soil moisture and 
temperature were in good agreements with the measured val-
ues, showing a satisfying model simulating ability. In compari-
son with the simple model coupling Penman-Monteith equation 
with Richards’ equation, the proposed model provided a better 
estimation of total evaporation rate and meanwhile it could 
partition the evaporation into interception, soil evaporation and 
transpiration. In such forest area with a dense canopy cover, 
86% of total evaporation is from transpiration, the interception 
accounts for 3%, and only 11% of total evaporation is from the 
soil surface. The results indicate that the proposed model can 
simulate the total evaporation rate and soil mois-
ture/temperature, which may be a promising tool to provide 
more detailed simulations of energy and moisture fluxes in a 
soil-vegetation-atmosphere continuum. 

 
Acknowledgements.The research was supported by the EU 
COST Action 1306 project LD15130 “Impact of landscape 
disturbance on the stream and basin connectivity”. Wei Shao 
would like to acknowledge the financial support from research 
grant (HKUST6/CRF/12R) provided by the Research Grants 
Council of the Government of the Hong Kong. We thank Dr. 
Miriam Coenders-Gerrits (Water Resources Department, Delft 
University of Technology) and Dr. Yijian Zeng (ITC Faculty, 
University of Twente) for critical comments which help us to 
improve the quality of the paper. The helpful and constructive 
comments and suggestions from the anonymous reviewers are 
appreciated. 
 

REFERENCES 
 
Allen, R.G., Pereira, L.S., Raes, D., Smith, M., 1998. Crop 

evapotranspiration-guidelines for computing crop water 
requirements. FAO Irrigation and Drainage Paper, No. 56, Rome, 
210 p. 

Baldocchi, D.D., Hicks, B.B., Camara, P., 1987. A canopy stomatal 
resistance model for gaseous deposition to vegetated surfaces. 
Atmos. Environ., 21, 1, 91–101. DOI: 10.1016/0004-
6981(87)90274-5. 

Bonan, G.B., Williams, M., Fisher, R.A., Oleson, K.W., 2014. 
Modeling stomatal conductance in the earth system: linking leaf 
water-use efficiency and water transport along the soil-plant-
atmosphere continuum. Geosci. Model Dev., 7, 5, 2193–2222. 
DOI:10.5194/gmd-7-2193-2014. 

Celia, M.A., Bouloutas, E.T., Zarba, R.L., 1990. A general mass-
conservative numerical solution for the unsaturated flow equation. 
Water Resour. Res., 26, 7, 1483–1496. 
DOI:10.1029/WR026i007p01483. 

Choudhury, B.J., Monteith, J.L., 1988. A four-layer model for the heat 
budget of homogeneous land surfaces. Q. J. R. Meteorol. Soc., 114, 
480, 373–398. DOI:10.1002/qj.49711448006. 

Chung, S.-O., Horton, R., 1987. Soil heat and water flow with a partial 
surface mulch. Water Resour. Res., 23, 12, 2175–2186. 
DOI:10.1029/WR023i012p02175. 

Coenders-Gerrits, A.M.J., van der Ent, R.J., Bogaard, T.A., Wang-
Erlandsson, L., Hrachowitz, M., Savenije, H.H.G., 2014. 
Uncertainties in transpiration estimates. Nature, 506, 7487, E1-E2. 
DOI:10.1038/nature12925. 

Colaizzi, P.D., Kustas, W.P., Anderson, M.C., Agam, N., Tolk, J.A., 
Evett, S.R., Howell, T.A., Gowda, P.H., O’Shaughnessy, S.A., 
2012. Two-source energy balance model estimates of 
evapotranspiration using component and composite surface 
temperatures. Adv.Water Resour., 50, 134–151. DOI: 
10.1016/j.advwatres.2012.06.004. 

Davarzani, H., Smits, K., Tolene, R.M., Illangasekare, T., 2014. Study 
of the effect of wind speed on evaporation from soil through 
integrated modeling of the atmospheric boundary layer and shallow 
subsurface. Water Resour. Res., 50, 1, 661–680. 
DOI:10.1002/2013wr013952. 

Dohnal, M., Černý, T., Votrubová, J., Tesař, M., 2014. Rainfall 
interception and spatial variability of throughfall in spruce stand. J. 
Hydrol. Hydromech., 62, 277–284. 

Dusek, J., Gerke, H.H., Vogel, T., 2008. Surface boundary conditions 
in 2D dual-permeability modeling of tile drain bromide leaching. 
Vadose Zone J., 7, 1287–1301. DOI: 10.2136/vzj2007.0175. 

Eltahir, E., Bras, R., 1993. A description of rainfall interception over 
large areas. J. Clim., 6, 6, 1002–1008.  

Eltahir, E.A.B., 1998. A soil moisture-rainfall feedback mechanism: 1. 
Theory and observations. Water Resour. Res., 34, 4, 765–776. 
DOI:10.1029/97WR03499. 

Entekhabi, D., Rodriguez-Iturbe, I., Castelli, F., 1996. Mutual 
interaction of soil moisture state and atmospheric processes. J. 
Hydrol., 184, 1–2, 3–17. DOI: 10.1016/0022-1694(95)02965-6. 

Feddes, R.A., Hoff, H., Bruen, M., Dawson, T., de Rosnay, P., 
Dirmeyer, P., Pitman, A.J., 2001. Modeling root water uptake in 
hydrological and climate models. Bull. Am. Meteorol. Soc., 82, 12, 
2797–2809. 

Garcia Gonzalez, R., Verhoef, A., Luigi Vidale, P., Braud, I., 2012. 
Incorporation of water vapor transfer in the JULES land surface 
model: Implications for key soil variables and land surface fluxes. 
Water Resour. Res., 48, 5, W05538. DOI:10.1029/2011WR011811. 

Gerrits, A., Savenije, H., Veling, E., Pfister, L., 2009. Analytical 
derivation of the Budyko curve based on rainfall characteristics and 
a simple evaporation model. Water Resour. Res., 45, 4, W04403.  

 DOI: 10.1029/2008WR007308.  
Gran, M., Carrera, J., Olivella, S., Saaltink, M.W., 2011. Modeling 

evaporation processes in a saline soil from saturation to oven dry 
conditions. Hydrol. Earth Syst. Sci., 15, 7, 2077–2089. 
DOI:10.5194/hess-15-2077-2011. 



Wei Shao, Ye Su, Jakub Langhammer 

420 

Grifoll, J., 2013. Contribution of mechanical dispersion of vapor to soil 
evaporation. Water Resour. Res., 49, 2, 1099–1106. 
DOI:10.1002/wrcr.20105. 

Grifoll, J., Gastó, J.M., Cohen, Y., 2005. Non-isothermal soil water 
transport and evaporation. Adv. Water Resour., 28, 11, 1254–1266. 
DOI: 10.1016/j.advwatres.2005.04.008. 

Guimberteau, M., Ducharne, A., Ciais, P., Boisier, J.P., Peng, S., De 
Weirdt, M., Verbeeck, H., 2014. Testing conceptual and physically 
based soil hydrology schemes against observations for the Amazon 
Basin. Geosci. Model Dev., 7, 3, 1115–1136. DOI:10.5194/gmd-7-
1115-2014. 

Ivanov, V.Y., Bras, R.L., Vivoni, E.R., 2008. Vegetation-hydrology 
dynamics in complex terrain of semiarid areas: 1. A mechanistic 
approach to modeling dynamic feedbacks. Water Resour. Res., 44, 
3, W03429. DOI:10.1029/2006wr005588. 

Jarvis, P.G., 1976. The interpretation of the variations in leaf water 
potential and stomatal conductance found in canopies in the field. 
Philosophical Transactions of the Royal Society of London. B, 
Biological Sciences, 273, 927, 593–610. 
DOI:10.1098/rstb.1976.0035. 

Kollet, S.J., Maxwell, R.M., 2008. Capturing the influence of 
groundwater dynamics on land surface processes using an 
integrated, distributed watershed model. Water Resour. Res., 44, 2, 
W02402. DOI:10.1029/2007WR006004. 

Milly, P.C.D., 1984. A simulation analysis of thermal effects on 
evaporation from soil. Water Resour. Res., 20, 8, 1087–1098. 
DOI:10.1029/WR020i008p01087. 

Mosthaf, K., Baber, K., Flemisch, B., Helmig, R., Leijnse, A., Rybak, 
I., Wohlmuth, B., 2011. A coupling concept for two-phase 
compositional porous-medium and single-phase compositional free 
flow. Water Resour. Res., 47, 10, W10522. 
DOI:10.1029/2011wr010685. 

Overgaard, J., Rosbjerg, D., Butts, M.B., 2006. Land-surface 
modelling in hydrological perspective – a review. Biogeosciences, 
3, 2, 229–241. DOI:10.5194/bg-3-229-2006. 

Parlange, M.B., Cahill, A.T., Nielsen, D.R., Hopmans, J.W., 
Wendroth, O., 1998. Review of heat and water movement in field 
soils. Soil and Tillage Research, 47, 1–2, 5–10. DOI: 
10.1016/S0167-1987(98)00066-X. 

Pinder, G.F., Celia, M.A., 2006. Subsurface Hydrology. John Wiley & 
Sons, 484 p. 

Rodriguez-Iturbe, I., 2000. Ecohydrology: A hydrologic perspective of 
climate-soil-vegetation dynamies. Water Resour. Res., 36, 1, 3–9. 
DOI:10.1029/1999WR900210. 

Rutter, A.J., Kershaw, K.A., Robins, P.C., Morton, A.J., 1971. A 
predictive model of rainfall interception in forests. 1. Derivation of 
the model from observations in a plantation of Corsican pine. Agric. 
Meteorol., 9, 367–384, DOI: 10.1016/0002-1571(71)90034-3. 

Saito, H., Šimůnek, J., Mohanty, B.P., 2006. Numerical analysis of 
coupled water, vapor, and heat transport in the vadose zone. Vadose 
Zone J., 5, 2, 784–800. DOI:10.2136/vzj2006.0007. 

Sakai, M., Jones, S.B. Tuller, M., 2011. Numerical evaluation of 
subsurface soil water evaporation derived from sensible heat 
balance. Water Resour. Res., 47, 2, W02547. DOI: 
10.1029/2010WR009866. 

Savenije, H.H.G., 2004. The importance of interception and why we 
should delete the term evapotranspiration from our vocabulary. 
Hydrol. Process., 18, 8, 1507–1511. DOI:10.1002/hyp.5563. 

Seneviratne, S.I., Corti, T., Davin, E.L., Hirschi, M., Jaeger, E.B., 
Lehner, I., Orlowsky, B., Teuling, A.J., 2010. Investigating soil 
moisture–climate interactions in a changing climate: A review. 
Earth-Sci. Rev., 99, 3–4, 125–161. DOI: 
10.1016/j.earscirev.2010.02.004. 

Shao, W., Bogaard, T. A., Bakker, M., Greco, R., 2015. Quantification 
of the influence of preferential flow on slope stability using a 
numerical modelling approach. Hydrol. Earth Syst. Sci., 19, 5, 
2197–2212. DOI:10.5194/hess-19-2197-2015. 

Shao, W., Bogaard, T. A., Bakker, M., Berti, M., 2016. The influence 
of preferential flow on pressure propagation and landslide 
triggering of the Rocca Pitigliana landslide. J. Hydrol., 543(B), 
360–372. DOI: 10.1016/j.jhydrol.2016.10.015. 

Šimůnek, J., Sejna, M., Saito,  H., Sakai, M., van Genuchten, M.T., 
2013. The HYDRUS-1D software package for simulating the one-

dimensional movement of water, heat, and multiple solutes in 
variably-saturated media, version 4.17. Department of 
Environmental Sciences, University of California Riverside, 
Riverside, California, USA, 242 p. 

Šír, M., Syrovátka, O., Pražák, J., Lichner, Ľ., 2001. Soil water regime 
in head water regions-observation, assessment and modelling. J. 
Hydrol. Hydromech., 49, 355–375. 

Smits, K.M., Cihan, A., Sakaki, T., Illangasekare, T.H., 2011. 
Evaporation from soils under thermal boundary conditions: 
Experimental and modeling investigation to compare equilibrium- 
and nonequilibrium-based approaches. Water Resour. Res., 47, 5, 
W05540. DOI:10.1029/2010wr009533. 

Smits, K.M., Ngo, V.V., Cihan, A., Sakaki, T., Illangasekare, T.H., 
2012. An evaluation of models of bare soil evaporation formulated 
with different land surface boundary conditions and assumptions. 
Water Resour. Res., 48, 12, W12526. DOI:10.1029/2012wr012113. 

Stewart, J.B., 1988. Modelling surface conductance of pine forest. 
Agric. For. Meteorol., 43, 1, 19–35. DOI: 10.1016/0168-
1923(88)90003-2. 

van de Griend, A.A., Owe, M., 1994. Bare soil surface resistance to 
evaporation by vapor diffusion under semiarid conditions. Water 
Resour. Res., 30, 2, 181–188. DOI:10.1029/93wr02747. 

van Dijk, A.I.J.M., Bruijnzeel, L.A., 2001. Modelling rainfall 
interception by vegetation of variable density using an adapted 
analytical model. Part 1. Model description. J. Hydrol., 247, 3–4, 
230–238. DOI: 10.1016/S0022-1694(01)00392-4. 

van Genuchten, M.T., 1980. A closed-form equation for predicting the 
hydraulic conductivity of unsaturated soils. Soil Sci. Soc. Am. J., 
44, 5, 892–898.  

van Genuchten, M.T., Leij, F., Yates, S., 1991. The RETC code for 
quantifying the hydraulic functions of unsaturated soils. Robert S. 
Kerr Environmental Research Laboratory. 

Varado, N., Braud, I., Ross, P.J., 2006. Development and assessment 
of an efficient vadose zone module solving the 1D Richards' 
equation and including root extraction by plants. J. Hydrol., 323, 1–
4, 258–275. DOI: 10.1016/j.jhydrol.2005.09.015. 

Were, A., Villagarcía, L., Domingo, F., Moro, M.J., Dolman, A.J., 
2008. Aggregating spatial heterogeneity in a bush vegetation patch 
in semi-arid SE Spain: A multi-layer model versus a single-layer 
model. J. Hydrol., 349, 1–2, 156–167. DOI: 
10.1016/j.jhydrol.2007.10.033. 

Xin, X., Liu, Q., 2010. The Two-layer Surface Energy Balance 
Parameterization Scheme (TSEBPS) for estimation of land surface 
heat fluxes. Hydrol. Earth Syst. Sci., 14, 3, 491–504. 
DOI:10.5194/hess-14-491-2010. 

Yin, Z., Dekker, S.C., van den Hurk, B.J.J.M., Dijkstra, H.A., 2014. 
Effects of vegetation structure on biomass accumulation in a 
Balanced Optimality Structure Vegetation Model (BOSVM v1.0). 
Geosci. Model Dev., 7, 3, 821–845. DOI:10.5194/gmd-7-821-2014. 

Zeng, Y., Su, Z., Wan, L., Wen, J., 2011. A simulation analysis of the 
advective effect on evaporation using a two-phase heat and mass 
flow model. Water Resour. Res., 47, 10, W10529. 
DOI:10.1029/2011wr010701. 

Zhou, M.C., Ishidaira, H., Hapuarachchi, H.P., Magome, J., Kiem, 
A.S., Takeuchi, K., 2006. Estimating potential evapotranspiration 
using Shuttleworth–Wallace model and NOAA-AVHRR NDVI 
data to feed a distributed hydrological model over the Mekong 
River basin. J. Hydrol., 327, 1–2, 151–173. DOI: 
10.1016/j.jhydrol.2005.11.013. 

 
Received 20 April 2016 

 Accepted 11 February 2017 
 
APPENDIX  
Parameterization of resistance coefficients 

 
The parameterization of the resistance coefficients is needed 

to calculate the energy fluxes using the equations from Table 1. 
The ar is the aerodynamic resistance dictating the sensible heat 
flux between atmosphere and canopy layer (Choudhury and 
Monteith, 1988):  
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( ) ( )M 0
1 ln / 1a ref
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(A1)  

 
where kark  (=0.41) is Karman constant, η  and δ are coeffi-
cients for stability correction based on Monin-Obukhov theo-
ries (Choudhury et al., 1986), and u∗  (m/s) is the friction ve-
locity: 
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where refz ( 2)vegh= +  is the reference height can be defined as 
2 meters above the height of the vegetation canopy vegh , g (9.81 

m s–2) is the gravitational acceleration; windu  (m s–1) is the wind 
speed at reference height. The zero displacement height Md (m) 
and the roughness length for momentum 0z  (m) are determined 
following Choudhury and Monteith (1988): 
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where 0gz (m) is the roughness of soil surface with value of  

0.02 m adopted in this study, dζ  is the effective drag coeffi-
cient with a typical value of 0.2 for forest area.  

The aerodynamic resistance to heat and water transfer in 
canopy layer is calculated by: 

 

( )
0.5

1

LAI

100 1 exp / 2c L
ac e

e hc

wr n
I n u
σ − 

= − −    
      

(A5)

  
where

 
cσ  (= 0.5) is the shielding factor, Lw  is the characteris-

tic leaf width with a typical value of 0.2 m for broadleaf forest 
(Monteith and Unsworth, 2013), en  (–) is the eddy diffusivity 
decay constant that may be set to 4.25 for forest area (Zhou et 
al., 2006). 

The aerodynamic resistance between soil surface and canopy 
layer is calculated by (Shuttleworth and Gurney, 1990):
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where

 
edcK   is the eddy diffusivity decay constant:

  

( )Medc kar vegK k u h d∗= −  (A7) 
 
Soil surface resistance is formulated as an exponential func-

tion which links the evaporation process with the soil moisture 
condition (van de Griend and Owe, 1994):  

 

( )min10expS topr θα θ θ = −   
(A8)

 
 
where θα  (–) is a fitting parameter with a recommended value 
of 35.63 (van de Griend and Owe, 1994); minθ is the empirical 
minimum value of 0.15 below which the evaporation rate is 

limited by soil moisture. topθ (–)
 
is the moisture content at1cm 

depth.  
The transpiration rate is partly governed by the canopy struc-

ture and leaf morphology for absorbing radiation energy, partly 
governed by the physiology of stomatal in response to solar 
radiation, temperature, and humidity in the atmosphere and soil 
moisture stress. The parameterization for bulk stomatal re-
sistance is formulated by the Jarvis-Stewart model to introduce 
the dynamic interaction between transpiration and environmen-
tal stress (Jarvis, 1976; Stewart, 1988): 
 

,

LAI (x)
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r
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(A9) 

 
where, ,c optr  is the minimum value of stomatal resistance under 
optima environment, and its value for oak forest is 145 s m–1. 
The (x)i iF∏  is an empirical multiplicative stress function 
based on the observed response of transpiration rate to the 
multiple environmental stresses. In this study, four response 
functions are used to quantify the influence of radiation, vapour 
pressure deficit, leaf temperature, and soil moisture content on 
transpiration rate (Baldocchi et al.,1987; Zhou et al., 2006): 
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where 1( )F ↓I  is the hyperbolic radiation response function of 

photosynthetically active radiation ↓I (w/m2), B  is the a curva-
ture coefficient with a value of 22 w/m2 for oak forest area 
(Baldocchi et al., 1987). 2 ( )canF D  is a linear equation quantify-
ing the decreasing of transpiration rate with the vapour deficit 

canD  increasing, vpdb  is the shape coefficient with a value of 0 
for oak forest (Baldocchi et al., 1987). Function 3( )vegF T  quan-
tifies the influence of foliage temperature on transpiration, the 

optT is the optimum temperature, minT and maxT are temperatures 

on which the transpiration is limited. The values of minT , optT , 

and maxT in oak forest area are 10, 28, and 45°C, respectively. 

4 ( )avgF θ  quantifies the impact of soil moisture stress on tran-
spiration (Zhou et al., 2006), where avgθ is the average moisture 
content in root zone, fieldθ  is the field capacity below which the 
plant transpires at less than its maximum value, and wiltingθ is 
the willing point below which the plant transpires stops. fieldθ  
and wiltingθ  are moisture content at field capacity and wilting 
point corresponding the pore water pressure head of  
–3.3 m and –150 m respectively.  
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SUPPLEMENTARY MATERIAL 
Part A. Algorithms for solving of two-layer energy-balance 
equations 

 
The sensible heat fluxes can be expressed as follows: 
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a p

a
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veg can
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−
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where vegT and surT  (K) are temperature of vegetation foliage 

and soil surface, atmT and canT  (K) are atmosphere temperature 
at the reference height and at the canopy source height;  

ar , acr , and asr  (s m–1) are aerodynamic resistances between 
canopy and reference height, between foliage and canopy air, 
between soil surface and canopy air respectively; pc   
(J kg–1 K–1) is a specific heat capacity of moist air under a con-
stant pressure, and aρ  (kg m–3) is density of the air. 

The latent heat fluxes can be expressed as: 
 

a p can atm

a

c e e
E

r
−

=
ρ

λ
γ

 (S4) 

a p veg can
can

ac c

c e e
E

r r

∗ −
=

+
ρ

λ
γ

 (S5) 

a p sur can
sur

as s

c e e
E

r r
−

=
+

ρ
λ

γ
 (S6) 

 

where γ (Pa K–1) is the psychometric constant; vege∗  (Pa) is 
saturation vapour pressure of air in contact with vegetation 
foliage or soil surface, cane and atme (Pa) are vapour pressure of 
atmosphere at the levels corresponding to vegetation canopy 
and reference height respectively, and sure is vapour pressure of 
the soil surface.  

For solving the energy fluxes, we can obtain the following 
relations based on the Eqs. S1–S3 and Eqs. S4–S6: 
 

( ) ( ) ( )1 2a can atm veg can sur cang T T g T T g T T− = − + −  (S7) 
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with: 
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The canopy temperature and canopy vapour pressure can 

be expressed as: 
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Substitute equation S10 and S11 to the energy balance equa-
tion in the canopy layer: 
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In Eq. S12, atme and atmT are model input from meteorologi-

cal forcing data; sure and surT are estimated from the vadose 
zone model. Moreover, vege and vegT  obey the following rela-
tion:

 
17.27

0.6108exp
237.3

veg
veg

veg

T
e

T
∗  

=   + 
 (S13) 

 
Therefore, substituting Eq. S13 to S12, we can obtain a non-

linear equation with only one unknown variable Tveg, which can 
be numerically solved using the Newton-Raphson algorithm.  

 
Part B. Finite Difference Algorithms for non-isothermal soil 
moisture transport 
B1. Water Flow equation (two conditions: Flux-Flux and Head-
Flux) 
 

The numerical scheme was applied considering the follow-
ing discretized 1D geometry (Fig. S1): 

 

 
Fig. S1. Schematic representation of the mass balance derivation 
for middle nodes where  
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The Richards’ equation can be formulated by integrating the 
Darcy’s Law with the water-balance equation: 
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where Q represent source/sink term and C is the differential 
water capacity: 
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 (S16) 
where SS  is the specific storage of soils under fully saturated 
condition. 

Equation S15 can be discretised with a fully-implicit finite 
difference method (Celia et al., 1990): 
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where the superscript n is time level, and m is iteration level for 
solving the Richards’ equation. 

Rearranging the Eq. S17, we can get the following linearized 
equation: 
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Fig. S2. Schematic representation of the mass balance derivation 
for top nodes. 
 
(1)  First type of boundary condition: pressure head boundary 
condition  

 
The pressure head boundary condition suits to ponding infil-

tration condition. If the surface potential head is Hsur, the poten-
tial head of the first node of soil profile is 0 surh H= , thus, the 
first function is expressed as: 
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If we set the bottom potential head as Hbottom, then the water 

head of the last node of soil profile is Nz bottomh H= , thus, the 
last function is expressed as:  
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(2)  Second type of boundary condition: the flux boundary 
condition 

 
A mass-conservative solution can be derived from the mass 

balance principle (Fig. S2): 
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Then we can use the Darcy’s Law: 
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Similarly, by rearranging the above-equation we can obtain: 
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Similarly, we can also derive this equation from the mass balance equation. If we control the bottom flux, the last function can be 

obtained by the following steps: 
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Similarly, the Celia’s method for the mixed form of the Richards equation will be: 
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B2. Air flow equation  
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Equation S30 shows the air flow equation can be solved by an explicit scheme by assuming the air flow velocity at the lower 
boundary of the soil is zero. 

 
B3. Vapor flow (Flux boundary condition) 
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Vapor density on the surface is evaluated by the evaporation rate: 
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Bottom boundary: zero gradient 
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B4. Heat flow 
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Surface boundary: heat flux boundary 

 
If we set the surface potential head as Hsur, the potential head of the first node of soil profile is 0 surh H= , thus, the first function 

is expressed as: 
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Lower boundary: zero gradient boundary 
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A B S T R A C T

The process of evaporation interacts with the soil, which has various comprehensive mechanisms. Multiphase
flow models solve air, vapour, water, and heat transport equations to simulate non-isothermal soil moisture
transport of both liquid water and vapor flow, but are only applied in non-vegetated soils. For (sparsely) ve-
getated soils often energy balance models are used, however these lack the detailed information on non-iso-
thermal soil moisture transport. In this study we coupled a multiphase flow model with a two-layer energy
balance model to study the impact of non-isothermal soil moisture transport on evaporation fluxes (i.e., inter-
ception, transpiration, and soil evaporation) for vegetated soils. The proposed model was implemented at an
experimental agricultural site in Florida, US, covering an entire maize-growing season (67 days). As the crops
grew, transpiration and interception became gradually dominated, while the fraction of soil evaporation
dropped from 100% to less than 20%. The mechanisms of soil evaporation vary depending on the soil moisture
content. After precipitation the soil moisture content increased, exfiltration of the liquid water flow could
transport sufficient water to sustain evaporation from soil, and the soil vapor transport was not significant.
However, after a sufficient dry-down period, the soil moisture content significantly reduced, and the soil vapour
flow significantly contributed to the upward moisture transport in topmost soil. A sensitivity analysis found that
the simulations of moisture content and temperature at the soil surface varied substantially when including the
advective (i.e., advection and mechanical dispersion) vapour transport in simulation, including the mechanism
of advective vapour transport decreased soil evaporation rate under wet condition, while vice versa under dry
condition. The results showed that the formulation of advective soil vapor transport in a soil-vegetation-atmo-
sphere transfer continuum can affect the simulated evaporation fluxes, especially under dry condition.

1. Introduction

Evaporation in vegetated land consists of interception, transpira-
tion, and soil evaporation, which is strongly coupled with dynamics in
soil moisture and temperature (Blyth and Harding, 2011; Lawrence
et al., 2007; Savenije, 2004). Both moisture and temperature at the soil
surface mutually dictate the variations of albedo, emissivity, and va-
pour pressure, which can further influence energy budget and eva-
poration fluxes (Eltahir, 1998; Seneviratne et al., 2010). Direct ob-
servations of soil moisture transport and evaporation fluxes are
impractical (Wei et al., 2017), therefore, numerical modelling is

commonly used to study the physical processes of evaporation (Bittelli
et al., 2008; Shao et al., 2017b). The model for energy and moisture
transport in a soil-vegetation-atmosphere transfer continuum, being
named as an SVAT model, is developed by incorporating theories from
soil physics, vegetation physiology, and atmospheric science (Gran
et al., 2011; Overgaard et al., 2006). Numerical simulations were in-
directly validated by comparing the simulations of state variables with
the measurements, e.g., weight of the soils, soil moisture and tem-
perature (Moene and van Dam, 2014; Zeng et al., 2009a; Zeng et al.,
2009b).

Most SVAT models have been focused on improving the
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physiological representation for estimating vegetation water-use effi-
ciency and biomass production (Best et al., 2011; Ivanov et al., 2008;
Yin et al., 2014). Yet, the detailed interaction between soil moisture
transport and evaporation fluxes in vegetated soils has not been ex-
plored because of the simplified description of soil physics in current
SVAT models. For instance, evaporation in many SVAT models was
calculated by analytical equations that specified pre-defined soil surface
temperature and ground heat flux without involving an explicit calcu-
lation of the heat transport in the soil (Varado et al., 2006; Were et al.,
2008; Zhou et al., 2006). The analytical evaporation equations may be
suitable to areas covered by dense canopies, because the dense canopy
could absorb most of solar radiation, and the ground heat flux is,
therefore, less important compared with other energy fluxes. But for
bare soil or sparsely vegetated soils, the evaporation fluxes can be
strongly coupled with soil moisture dynamics under non-isothermal
conditions, especially in arid or semi-arid environments (Wang et al.,
2017). The errors in the predefined ground heat flux and soil surface
temperature can significantly affect the energy budget (Kabat, 2004),
and studies have indicated that the representation of soil hydrology and
thermodynamics can affect the accuracy of calculated evaporation rates
(Guimberteau et al., 2014; Kollet and Maxwell, 2008; Yu et al., 2016).

The model proposed by Philip and De Vries (1957), hereafter re-
ferring as the PDV model, can simulate both liquid water and vapour
flow in vadose zone under non-isothermal condition, which has been
widely-implemented in bare soils (Bittelli et al., 2008; Du et al., 2018;
Fayer, 2000; Milly, 1984; Saito et al., 2006; Zeng et al., 2011a; Zeng
et al., 2011b), as well as vegetated soils (Braud et al., 1995; Casanova
and Judge, 2008; Garcia Gonzalez et al., 2012). The PDV model in-
cludes vapour diffusion, but neglects the advective vapour transport
(i.e., vapour advection and dispersion caused by air flow). To com-
pensate the underestimated vapour flow, the PDV model then adopts a
theory of “liquid islands” and introduces an enhancement factor (Philip
and De Vries, 1957), and the vapour enhancement factor can increase
the vapour fluxes in soil about 3–6 times depending on the degree of
soil saturation (Cass et al., 1984; Lu et al., 2011; Shahraeeni and Or,
2012). Many studies suggested that the vapour flow under relatively
high saturation condition is not significant (Grifoll et al., 2005; Novak,
2016), especially when the enhancement factor be formulated by as-
suming that no liquid water flow occurred in soil (Lu et al., 2011). The
soil moisture transport can be appropriately simulated by considering
liquid water flow and advective vapour transport even when excluding
the enhancement factor (Grifoll et al., 2005; Ho and Webb, 1998;
Parlange et al., 1998).

The state-of-the-art vadose zone models simulate multiphase flow
by solving the governing equations for water, air, vapour, and heat
transport (Grifoll et al., 2005; Novak, 2016; Zeng et al., 2011b). The
comprehensive description of above-mentioned soil hydrology and
thermodynamics could facilitate the simulation of state variables (e.g.,
soil moisture and soil temperatures) and also the evaporation rate
(Davarzani et al., 2014; Mosthaf et al., 2011; Smits et al., 2012).
However, current applications of multi-phase flow models are often
limited for bare soil, either for short-time period studies (a few days)
under atmospheric conditions (Zeng et al., 2011a; Zeng et al., 2011b),
or for soil column experiments in a well-controlled chamber environ-
ment (Davarzani et al., 2014; Mosthaf et al., 2011; Smits et al., 2012).
The study that investigates the impact of advective soil vapour trans-
port on moisture transport in vegetated soil is still lacking.

In this study, a non-isothermal multi-phase flow model was coupled
with a two-layer energy balance model to investigate the detailed land-
atmosphere interactions in vegetated soil. The proposed model was
implemented to observations from a maize cropland in Florida, US, and
the experimental period covered a complete maize-growing season. The
detailed measurements of energy fluxes, soil moisture, and soil tem-
perature were used for model calibration and validation. Detailed
analyses were focused on:

1) simulating evaporation fluxes under different hydro-meteorological
and vegetation conditions;

2) quantifying the interactions between non-isothermal soil moisture
transport and evaporation fluxes; and

3) conducting a sensitive analysis to examine the impact of advective
soil vapour transport on soil surface temperature and evaporation.

2. Field observation and experimental set-up

The study area is a maize cropland located at 29.5° N, 82.2° W in
Florida, US, and the elevation is at 23m above sea level. The cropland
has a rectangular geometry with one side length of 183m. The field
experiment was conducted by the Remote Sensing Centre of PSREU
(Plant Science Research and Education Unit) under the MicroWEX-2
project (Second Microwave Water and Energy Balance Experiment),
aiming to investigate the land-atmosphere interactions during the
maize growing season (Casanova and Judge, 2008; Judge et al., 2005).
The soil in the experimental cropland was lake fine sand with a bulk
density of 1.55 g/cm3, and its percentages of sand, silt, and clay were
89.4%, 3.4%, and 7.1%, respectively (Casanova and Judge, 2008). The
depth of groundwater table was 5m below the soil surface. The soil
moisture and soil temperature at five different soil depths of 4, 8, 32,
64, and 100 cm were measured by the Time-Domain Reflectometers
probes and thermistors, respectively.

Maize was planted on 18 March 2004, i.e., day of year (DoY) 78.
During the whole maize growing season from 19 March 2004 (DoY 79)
to 3 June 2004 (DoY 155), irrigation was applied above the crops with a
linear move sprinkler irrigation system. The irrigation together with
rainfall were all considered as precipitation in this study, which were
measured by tipping-bucket rain gauges at the east and west edge of the
field. The meteorological forcing variables of wind speed, atmospheric
temperature, and relative humidity were measured at the centre of the
field, recording at a 15-min interval. Upwelling and downwelling short-
wave and long-wave radiation fluxes were measured by a Kipp and
Zonen CNR-1 four-component radiometer, and latent and sensible heat
fluxes were collected with a Campbell Scientific eddy covariance
system. Additionally, vegetation properties in terms of leaf area index
(LAI) and canopy heights were measured weekly during the growing
season (Fig. 1a), and the root density distribution was measured after
finishing the whole experiment (Fig. 1b).

The net radiation had clear diurnal fluctuations (Fig. 2), reaching a
local maximum value at mid-day and bottoming to a local minimum
value at night. The daily trend of the local maximum values of net ra-
diation showed a slightly increase during the spring period. The at-
mospheric temperature, which was intimately correlated with the net
radiation, showed a similar trend. The relatively humidity and wind
speed also showed clear diurnal patterns. Humidity was relatively
lower during mid-day, while increased to higher values (80%–100%) at
mid-night. In contrast, the wind speed was higher during the night
while getting lower during the day.

3. Soil-vegetation-atmosphere transfer model

We developed a numerical model by coupling a soil multiphase flow
model with a two-layer energy balance model to simulate energy and
moisture transport in a SVAT continuum, and the basic model valida-
tion in a forest area under humid environment can be found in Shao
et al., (2017b). This study focuses on explicit simulation of detailed
interactions between non-isothermal soil moisture transport and eva-
poration fluxes, and furthermore we included the radative transfer
model (for detail see Supplementary material). The shortwave radiation
was calculated based on the Beer’s law (Monteith and Unsworth, 2013),
and the longwave radiation calculation was based on the widely-used
equations in many land surface models (e.g., Bonan, 1994; Bonan et al.,
2002; Ivanov et al., 2008). The calculated net radiation values were
used as inputs for the two-layer energy balance equation.
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3.1. Two-layer energy-balance method

The net radiation of canopy layer and soil surface layer was trans-
ferred respectively to specific energy terms as (Choudhury and
Monteith, 1988; Xin and Liu, 2010):

= +λE HRcan
net

can can (1)

= + +λE H GRsur
net

sur sur H (2)

where Rnet , λE , and H (W m−2) are net radiation, latent heat, and
sensible heat fluxes with subscripts of “can” and “sur” indicate canopy
layer and soil surface layer, GH (W m−2) is the ground heat flux, E (kg
m−2 s−1) is the evaporation rate, and λ (≈2.45×106 J kg−1) is the
latent heat for vaporization.

Fig. 3 shows the resistance network for calculating the energy fluxes
between three interfaces – soil surface, canopy and atmosphere. The
energy fluxes of sensible and latent heat are driven by gradients of at-
mospheric temperature and vapour pressure, respectively (Bittelli et al.,
2008; Choudhury and Monteith, 1988; Xin and Liu, 2010; Zhou et al.,
2006).

3.2. Canopy interception, transpiration, and root water uptake

In forested areas, interception consists of interception from the ca-
nopy and forest floor (Gerrits, 2010). The study area is maize cropland
where a forest floor is not present, we therefore only included canopy
interception. The interception storage can be defined as an equivalent
depth of rainwater stored on leaves and branches of the vegetation
canopy, and the dynamics processes can be expressed by the water
balance equation (Eltahir and Bras, 1993):

= − − −S
t

τ q q E ρd
d

(1 ) /C
rain rain drip int w (3)

where SC (m) is the interception storage, t (s) is the time, qrain (m s−1) is
the rainfall intensity, Eint (kgm−2 s−1) is the evaporation rate from
interception, ρw (kg m−3) is the density of water, qdrip (m s−1) is the
canopy drainage rate, −τ q(1 )rain rain is the intercepted rainwater with τrain
(−) as a coefficient that denotes the fraction of rainfall directly
reaching soil surface.

= −τ Iexp( 0.5 )rain LAI (4)

Fig. 1. a) Changes in LAI and vegetation height as a function of the maize-growing time; and b) a measured root density distribution with depth.

Fig. 2. Meteorological forcing data of (a) net radiation, (b) atmospheric temperature, (c) relative air humidity, and (d) wind speed during the whole study period
(DoY 86–155).
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where ILAI (−) is the leaf area index (LAI).
The canopy drainage rate qdrip (m s−1) follows an exponential

function:

= −q K g S Sexp[ ( )]drip C C C Cmax (5)

where gC (m−1) is an exponential decay parameter, SCmax (m) is the
interception capacity, and KC (m s−1) is the drainage coefficient. Under
heavy rainfall, canopy drainage is also affected by interception storage
when assuming the interception storage shall not exceed its maximum
interception capacity.

The interception evaporation Eint (kg m−2 s−1) as one component of
Ecan is related to the interception storage (van Dijk and Bruijnzeel,
2001; Varado et al., 2006):

=E S S E( / )int C C canmax
2/3 (6)

The transpiration Eveg (kgm−2 s−1) then can be calculated with:

= −E E Eveg can int (7)

Eveg is the actual transpiration. It drives the root water uptake that
consumes soil moisture in the root zone, and the distribution of root
water uptake is a function of soil moisture and root density in roots
zone (Yadav et al., 2009).

Interception diminishes quantity and intensity of precipitation ar-
riving on the soil surface, the net rainfall qnet (m s−1) that reaches the
soil surface is formulated as a sum of direct throughfall τ qrain rain and
canopy drainage qdrip:

= +q τ q qnet rain rain drip (8)

3.3. Non-isothermal multi-phase flow in soil porous medium

The soil moisture transport in vertical direction is accompanied with
processes of transporting air, liquid water, vapour, and heat in soil
porous medium, which can be expressed with three mass-balance
equations and one energy-balance equation respectively as (Grifoll,
2013):

∂
∂
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where z (m) is the vertical elevation (positive upwards); ρ (kgm−3) is
the mass density, with subscripts of “a”, “w”, “v”, and “s” denote air,
liquid water, vapour, and solid phase, respectively; θw and θa (m3m−3)
are the volumetric water content (i.e., soil moisture) and the volumetric
air content, ϕ (m3m−3) is the porosity; QE (kgm−3 s−1) is the water
phase change of vaporization and condensation, QR(kg m−3 s−1) is the
root uptake rate; qw and qa (m s−1) are the flow rate of liquid water and
air; Jv (kg m−2 s−1) is the hydrodynamic dispersion of vapour flux; T
(°C) is the soil temperature; c (J kg−1 K−1) is the specific heat capacity
with different values for solids, liquid water, dry air and water vapour;
and Jh (Wm−2) is the flux rate of heat flow caused by thermal con-
duction and dispersion.

The specific discharge of liquid water can be calculated by the
Darcy’s law (Davarzani et al., 2014; Pinder and Celia, 2006)

= − ⎛
⎝

∂
∂

+ ⎞
⎠

q K h
z

1w w
w

(13)

where Kw (m s−1) is the hydraulic conductivity, and hw (m) is the pore
water pressure head. The Mualem-van Genuchten model (Van
Genuchten, 1980) is used to express water retention curve and hy-
draulic conductivity function (given in Table 1).

In soil porous medium, the hydrodynamic vapour dispersion Jv
consists of vapour diffusion and mechanical dispersion (Parlange et al.,
1998):

= −⎡
⎣⎢

+ ⎤
⎦⎥

∂
∂

J D
ς

D
ρ
zv

a

a
mG
M v

(14)

where Da and DmG
M (m2 s−1) are coefficients of diffusion and mechanical

Fig. 3. Resistances network for main energy fluxes used in this study. Notation: T is the temperature, subscriptions of “atm”, “can”, “veg”, and “sur” represent the
atmospheric, canopy, vegetation foliage, and soil surface; ρa is the density of air (=1.205 kgm−3); cp (=1013 J kg−1 K−1) is the specific heat capacity of moist air
under a constant pressure; ra, rac and ras (s m−1) are aerodynamic resistances between canopy and reference height, between foliage and canopy air, and between soil
surface and canopy air, respectively; γpsy (kPa °C

−1) is the psychometric constant; ∗eveg (Pa) is the saturation vapour pressure of air in contact with vegetation foliage,
ecan and eatm (Pa) are the vapour pressure at the vegetation canopy and the reference height, respectively, esur (Pa) is the vapour pressure at the soil surface; and rcan

and rsur (s m−1) are the bulk stomatal resistance and the soil surface resistance.
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dispersion (see Table 1), and ςa (−) is the tortuosity (Grifoll, 2013):

=ς ϕ θ/a a
2/3 (15)

The thermal conduction and dispersion in soil porous medium is
expressed as:

= − + ∂
∂

J K θ ρ c D T
z

[ ]h H w w w mL
H

(16)

The equation expressing the thermal dispersion coefficient DmL
H

(m2 s−1) and the thermal diffusivity KH (Wm−1 K−1) are given in
Table 1.

4. Model implementation and parameterization

4.1. Numerical strategies

The numerical model was codified by a Python 2.7 script. The

Table 1
Formulation of the transport terms and coefficients.

Constitutive law Equation Parameter notation Reference

Soil hydraulic function
= = ⎧

⎨⎩

+ <
⩾

−
−

−[ ]α h h
h

Θ
1 | | , 0

1, 0
θw θwr
θws θwr

w n m w

w

VG VG VG θwr and θws (m3m−3) are residual and saturation water content, Θ (−)
is degree of saturation.

(Van Genuchten, 1980)

= − −[ ( ) ]K K Θ 1 1 Θw ws l m mVG 1/ VG VG 2 αVG, lVG, mVG, and nVG are fitting parameters
Kws (m s−1) is saturated water hydraulic conductivity

Vapour diffusion
= × − ( )D 2.12 10a

Tk5
273.15

2.0 Tk (K) is absolute thermal temperature (Grifoll et al., 2005)

Vapour dispersion =D α v| |mG
M

L a =v q θ/a a a is pore velocity of air flow
αL (m) is a longitudinal dispersivity,

(Grifoll, 2013)

Thermal diffusion = + +K b b θ b θH w w1 2 3
0.5 b1, b2, and b3 are fitting parameters (Chung and Horton,

1987)
Thermal Dispersion =D α v| |mL

H
H w =v q θ/w w w is pore velocity of water flow, αH (m) is thermal

dispersivity
(Grifoll, 2013)

Table 2
Calibrated parameters for the soil hydraulic and thermal properties.

Parameter and unit depth θwr θws Kws αVG nVG
(cm) (−) (−) (m/min) (m−1) (−)

Hydraulic properties 0–50 0.003 0.34 0.012 13 1.51
50–100 0.003 0.34 0.012 13 1.68

Thermal properties depth b1 b2 b3 αL αH
(cm) (−) (−) (−) (cm) (cm)
0–100 0.22 −2.4 4.9 5 2

Fig. 4. a) Forcing data of incoming short-wave irradiance; (b, c, d) simulated three radiation components for the whole growing period, and their RMSEs compared
with measurements are given in the brackets.
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equations of two-layer energy balance were solved by Newton-Raphson
method (Oleson et al., 2010). The soil multiphase flow model include
governing equations of water, air, vapour, and heat transport. The
water flow equation, combining the water balance equation and Darcy’s
law, is essentially the Darcy-Richards equation, which was solved by
the fully-implicit finite difference approach and the Picard iteration
method. The air flow equation is a first-order advection equation, which
was solved by the explicit finite difference scheme. Both vapour and
heat flow equations are advection-diffusion equations, which were

solved by the Crank-Nicolson scheme. Those above-listed four equa-
tions composed a coupled equation system, which were solved itera-
tively by using Grifoll et al. (2005)’s method. The numerical errors of
soil moisture and temperature were constrained by the iteration tech-
nique with tolerable errors of 0.0001 and 0.01 °C, respectively. The
varying time step was in a range of 0.005–5min to ensure sufficient
computational efficiency.

The computational domain of the maize cropland was defined as the
upper 1m soil, and the discretization used a non-uniform mesh with 90

Fig. 5. Comparisons of simulated and measured net radiation and latent heat during DoY 86–DoY152. Symbols of star, square, and circle represent for the stages of
sparse vegetated, rapid growing, and mature vegetation, respectively.

Fig. 6. Simulated and measured soil moisture content at the depth of 4, 8, 32, 64, and 100 cm below ground surface over the whole study period DoY 86–DoY152.
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meshes and 91 nodes. The topmost soil layer (0–2 cm) was discretized
with a fine mesh with 0.1 cm that facilitated the simulation of vapour
transport under steep gradient of capillary pressure and temperature.
The variation of soil moisture and temperature in deeper soil was not as
significant as that in topmost soil layer. Therefore, the mesh size was
gradually enlarged up to maximum 1 cm for the soil depth between

2 cm and 10 cm. Then, the mesh size was 1 cm for the soil depth be-
tween 10 cm and 32 cm, and 2 cm for the soil depth from 32 cm to
100 cm.

At the upper boundary of the vadose zone, the soil evaporation Esur
was specified for the soil vapour flow equation, and the net rainfall qnet
was specified for the Darcy-Richards equations (Eqs. (10) and (13)).
The boundary condition of soil heat flow equation (Eq. (12)) considered
both thermal advection and conduction. Namely, thermal advection
was driven by liquid water flow (e.g., drainage and infiltration) and air
flow, and the thermal conduction at the upper boundary was set as the
ground heat flux GH .

At the lower boundary of the vadose zone, both vapour flow and air
flow were specified as zero-flux. The gravitational drainage was used as
a lower boundary of the Darcy-Richards equation, where the ground-
water table was considered far below the computational domain. For
the lower boundary of the heat flow equation, the zero-gradient con-
dition was specified for the heat conduction term because the tem-
perature in deeper soil (i.e., the soil depth larger than 1m) was ap-
proximately constant during the study period.

Table 3
Comparison of the RMSE and bias between the estimated soil moisture content and the measurements at the depth of 4, 8, 32, 64, and 100 cm below surface for three
vegetation stages respectively.

Depth, cm DoY 86–DoY 100
Stage 1
(sparse vegetated)

DoY 101–DoY 132
Stage 2
(rapid maize growing)

DoY 133–DoY 152
Stage 3
(mature vegetation)

RMSE Bias RMSE Bias RMSE Bias

4 0.0137 −0.0022 0.0245 −0.0130 0.0262 0.0190
8 0.0155 0.0053 0.0253 −0.0154 0.0268 0.0223
32 0.0192 0.0183 0.0124 0.0018 0.0206 0.0075
64 0.0114 0.0094 0.0105 0.0035 0.0154 0.0043
100 0.0062 −0.0024 0.0107 −0.0036 0.0120 −0.0021

Fig. 7. Simulated and measured soil temperature at the depth of 4, 8, 32, 64, and 100 cm below the surface over the study period of DoY 86–DoY152.

Table 4
Comparison of the RMSE and bias between the estimated soil temperature (°C)
and the measurements at the depth of 4, 8, 32, 64, and 100 cm below the
surface for three vegetation stages, respectively.

Depth, cm DoY 86–DoY 99
Stage 1
(sparse vegetated)

DoY 100–DoY 132
Stage 2
(rapid maize growing)

DoY 133–DoY 152
Stage 3
(mature vegetation)

RMSE Bias RMSE Bias RMSE Bias

4 2.008 −0.614 2.294 0.511 1.651 1.139
8 1.741 −0.540 1.755 0.003 1.076 0.873
32 0.746 −0.455 0.958 -0.058 1.329 1.221
64 0.637 −0.156 0.757 0.264 1.833 1.473
100 0.717 −0.058 0.835 0.559 2.105 1.736
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4.2. Parameterization

The detailed measurements of soil properties and vegetation in-
formation in maize cropland were used to parameterize the model. The
transpiration rate is related to radiation, vapour pressure deficit, leaf
temperature, and soil moisture content, which quantified through the
bulk stomatal resistance (Jarvis, 1976; Stewart, 1988), and the para-
meterization function for maize cropland was referred to Baldocchi
et al. (1987). The soil evaporation rate is related to the soil moisture
content at soil surface, and the soil surface resistance rsur adopted an
exponential function proposed by van de Griend and Owe (1994).

The soil hydraulic parameters are listed in Table 2. The saturated
moisture content and saturated hydraulic conductivity were de-
termined based on the measurement of soil samples. The parameter αVG
in van Genuchten model was estimated from measured air entry pres-
sure, and nVG was calibrated according to the soil moisture dynamics
during the first 10 days when the soil surface was nearly barren. The
measured wilting point was 0.005, and the residual water content θwr
was then set to 0.003. The soil thermal parameters (Table 2) were
specified as the default parameter values of sandy soil (Chung and
Horton, 1987; Sakai et al., 2011). The dispersivity for vapour flow and
heat flow adopt typical values suggested by Grifoll (2013).

The specified interception parameters are as follows: the maximum
interception storage SCmax was set to 0–6mm for cropland, the value is
dynamic and linearly increased with LAI (Breuer et al., 2003); the

canopy drainage rate KC was set to 0.18mmh−1, and the exponential
decay parameter gC was set to 3900m−1 (Ivanov et al., 2008).

4.3. Model implementation

The model was applied in the experimental cropland in Florida, US,
covering an entire growing season of maize (67 days). The entire study
period was split into 3 stages according to the changes in vegetation
properties: a sparse vegetated period (DoY86–DoY100) when the LAI
was smaller than 0.1, a rapid maize-growing season (DoY101–DoY133)
when the LAI was between 0.1 and 3.0, and a mature-vegetation period
(DoY133–DoY152) when the LAI gradually reached the maximum value
of 3.2. For the Stage 1, the initial value of the LAI was 0.001 and the
initial canopy height was set as 0.01m to facilitate the computation.
The initial condition along the soil profile was set to a uniform value:
the initial temperature was set to 20 °C, and initial pressure head was
set to −0.8 m.

The hourly meteorological forcing data of incoming short-wave ir-
radiance, wind speed, atmospheric temperature, humidity, and pre-
cipitation were used as the model inputs. The model performance was
evaluated by comparing the simulations with the measurements, in-
cluding i) outgoing short-wave radiation, downwelling and upwelling
long-wave radiation; ii) net radiation and latent heat; and iii) soil
temperature and soil moisture at six depths. The root-mean-square
error (RMSE) and bias were introduced as criteria:

Fig. 8. (a) Input data of rainfall amount of each 6h, and simulated interception storage, and (b) daily evaporation rate, and partitioning of evaporation in soil
evaporation, interception and transpiration.

Fig. 9. Soil surface resistance over the study period DoY 86-DoY152.
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5. Results and discussions

5.1. Energy fluxes

The incoming/outgoing short-wave and downwelling/upwelling
long-wave irradiance are shown in Fig. 4. The incoming short-wave
irradiance is a meteorological forcing variable, here only the measured
values were plotted (Fig. 4a). The incoming short-wave irradiance had a
clear diurnal pattern, showing the lowest value at night and the peak
value during mid-day. The daily peak value of incoming short-wave
irradiance has a wide range of 510–980Wm−2, which were also re-
lated to the weather conditions. The daily peak values of the incoming
short-wave irradiance were relatively small during rainy or cloudy
weather conditions, while became much larger (e.g., 980Wm−2) under
clear-sky weather.

The outgoing short-wave irradiance (Fig. 4b) is related to the in-
coming short-wave irradiance and reflection coefficient. The reflection
coefficient of vegetation foliage is approximately a constant, while the
reflection coefficient of soil surface behaves as a function of moisture

content at the soil surface (Casanova and Judge, 2008). A good
agreement between measured and simulated out-going short-wave ir-
radiance during the bare soil period (see Fig. 4b) provided an indirect
validation of the simulated soil moisture content.

The downwelling and upwelling long-wave irradiances (Fig. 4 c, d)
are functions of the temperature and emissivity of the interfaces of
atmosphere, canopy foliage, and soil surface (for details see
Supplementary material). The bias of incoming long-wave irradiance
simulations may be caused by the uncertainties in the calculation of
atmosphere emissivity and temperature (Prata, 1996; Saito et al.,
2006). The upwelling long-wave irradiance depends on the land surface
temperature. The under-estimation of upwelling long-wave irradiances
from DoY105 to DoY120 was caused by the under-estimation of tem-
perature of soil surface and foliage. The good agreement was achieved
during Stage 3, implying the simulated foliage temperature fallen into a
correct range.

The calculated hourly net radiation and latent heat fluxes were
compared to the measured values (Fig. 5). It worth to notice that the
latent heat fluxes during the mature vegetation period were commonly
larger than the sparse vegetated period, even though the net radiation
did not show such pattern. The estimated net radiation in Fig. 5a
showed a consistence with the measurements (RMSE=29Wm−2), and
the scatters were clearly laid on the 1: 1 line. The RMSE between
measured and simulated latent heat flux was 47Wm−2 (Fig. 5b). The
model provided reliable simulations of net radiation and latent heat
under the fluctuations of meteorological condition and vegetation

Fig. 10. Simulated energy fluxes of (a) net radiation and (b) latent heat at canopy and soil for DoY105–DoY115. The simulated (c) liquid water, (d) hydrodynamic
dispersion of vapour phase (vapour diffusion and dispersion), and (e) soil vapour convection are given for the depths of 0.2, 1, 2, 5 and 10 cm below soil surface.
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dynamics.

5.2. Soil moisture and temperature

The measured and simulated soil moisture at 5 different soil depths
are shown in Fig. 6. In response to rainfall and evaporation, the mag-
nitudes of soil moisture dynamics were much larger in upper-layer soil
than in deep-layer soil. The soil moisture content at 4 cm and 8 cm
depths varied in a similar range between 0.01 and 0.28. The magni-
tudes of soil moisture dynamics below 32 cm were much smaller with
values less than 0.05. The soil moisture at 4 cm, 8 cm, and 32 cm in-
creased sharply in response to rainfall, while decreased gradually
during dry-down period due to multiple effects of evaporation, root
water uptake, and drainage. During rainfall periods, the soil moisture
dynamics revealed the propagation of wetting front, which was atte-
nuated along the depth. A fraction of infiltrated rainwater was stored in
the upper-layer soil (i.e., 4 cm, 8 cm) that caused the variation of soil
moisture content, consequently less rainwater could reach deeper soil.
During dry-down periods, soil evaporation drove exfiltration and va-
pour flow (detailed results will be provided in Section 5.4), and their
impact was less significant at deeper depth especially below 32 cm.
Similarly, the root water uptake was more significant in the upper
layers soil than in deep-layer soil due to the roots distribution.

The errors statistics of simulations are provided in Table 3. The
RMSEs and absolute values of bias of simulated soil moisture at all
depths were less than 0.03 and 0.02, respectively, which showed the

acceptable accuracy of simulation. For rainfall periods, the simulated
soil moisture content well represented the hydrological response at
4 cm and 8 cm soil depth, but with significant time delays in deep-layer
soil (e.g., with 5 h at 64 cm, and around 1 day at 100 cm soil depth). The
under-estimation of the simulated soil moisture in deeper soil (i.e.,
64 cm and 100 cm) might be a signal of the occurrence of preferential
flow in sandy soil. The preferential flow can transport water with ve-
locities much larger than that in the micropores (Shao et al., 2016; Shao
et al., 2017a), and the arriving time of infiltrated water below depth of
32 cm would be much earlier than the modelling results.

The measured and simulated soil temperatures are shown in Fig. 7.
The soil temperature showed a typical diurnal pattern. The amplitudes
of soil temperature were decreasing along with the depth. Specifically,
the amplitudes of diurnal soil temperature dynamics at 4 cm depth can
be larger than 20 °C during the Stage 1. The difference in soil tem-
perature at the depths of 64 cm and 100 cm was not significant, which
was approximately equal to the average soil temperature, and the
diurnal variation was less than 3 °C (Fig. 7).

The amplitudes of diurnal cycle of soil temperature were mutually
affected by meteorological forcing data, LAI, and soil moisture.
Compared with clear-sky periods, rainfall periods were accompanied
with lower solar radiation and lower atmospheric temperature, and the
infiltration then increased the soil moisture content and the heat ca-
pacity. Consequently, the amplitudes of soil temperature dynamics
were lower during the rainfall period. As maize growing (i.e., LAI in-
creasing), more solar radiation was received by canopy instead of

Fig. 11. Simulated energy fluxes of (a) net radiation and (b) latent heat at canopy and soil for DoY 125–DoY 135. The simulated (c) liquid water, (d) hydrodynamic
dispersion of vapour phase (vapour diffusion and dispersion), and (e) soil vapour convection are given for the depths of 0.2, 1, 2, 5 and 10 cm below soil surface.
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reaching soil surface. The amplitudes of soil temperature dynamics
during the Stage 3 (when LAI > 3) were much lower compared with
that during the Stage 1 and 2. For instance, the amplitudes of soil
temperature dynamics at 4 cm depth were reduced from around 20 °C
during the Stage 1 to less than 10 °C during the Stage 3.

The RMSE and bias of the simulated soil temperature were provided
in Table 4. At 4 cm depth, the values of RMSE were around 2.0 °C, and
the absolute values of the bias were around 1.0 °C. On the contrary, the
RMSE and bias of the soil temperature at deeper depth (8–100 cm) were
relatively smaller, namely both amplitude and daily mean values of soil
temperature were well simulated. The relatively larger RMSE values of
soil temperature were caused by the errors in the amplitude of diurnal
variation. Such error might be related to uncertainty on the model
structure, the location of the sensor (e.g., at a place with relatively low
LAI comparing to the surrounding area), or the specified soil thermal
properties (e.g., bulk density, thermal conductivity and heat capacity).

5.3. Evaporation partitioning

The rainfall amount of each 6 h, together with simulated

interception storage SC is shown in Fig. 8a. The SC during the Stage 1
were negligible, while it was generally increasing along with the in-
creasing of LAI during the Stage 2, the variation of SC was closely re-
lated to storage capacity and rainfall (Fig. 8a). In response to rainfall,
the SC increased sharply, thereafter gradually decreased due to canopy
drainage and interception evaporation. The SC given in Fig. 8a was
much higher in the Stage 3 than that was in the Stage 2, and nearly one-
thirds of the rainfall intercepted during the rainfall period in the Stage
3.

The daily evaporation was expressed with equivalent depth of liquid
water in mm/day in Fig. 8b, including total evaporation and its three
components of interception, transpiration, and soil evaporation. Stage 1
only had soil evaporation, while during Stage 2 the impact of tran-
spiration and interception were becoming increasingly significant.
Specifically, from Stage 1 to Stage 2, the fraction of soil evaporation to
total evaporation dropped from nearly 100% to less than 20% (Fig. 8).
The soil evaporation component among the total evaporation was
gradually replaced with transpiration and interception as LAI was
continuously increasing up to 3.0. Transpiration was affected by LAI
and its contribution to total evaporation was increasing during Stage 2.

Fig. 12. Vertical profiles of soil temperature, capillary pressure head, vapour density, and vapour flow rate of the topsoil layer (0–20 cm) at 2 am, 6 am, 2 pm and
6am on two selected days: DoY108 (upper column) and DoY131 (lower column).
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During Stage 3, the estimated fraction of interception reached nearly
50% of the total evaporation when rainfall and irrigation occurs fre-
quently in the study area.

The evaporation rates were correlated with the availability of en-
ergy and water. Rainfall increased the soil moisture content and pro-
vided abundant water for soil evaporation, so that the evaporation rate
from wet soils was dictated by the availability of energy. During the
dry-down periods, the soil moisture content in both topmost layer (i.e.,
0–2 cm) and root zone layer decreased gradually. If the soil moisture
was below a certain threshold, evaporation and transpiration would be
hampered due to the limitation of soil moisture.

The impact of soil moisture stress on soil surface evaporation was
accounted by the soil surface resistance rsur as a exponential function of
the soil moisture content at 1 cm depth (van de Griend and Owe, 1994).
The value of rsur was highly relevant to the frequency of precipitation
(i.e., rainfall and irrigation). During Stage 1, the rsur ranges between 10
and 600 sm−1 (Fig. 9). At Stage 2, both total evaporation and extrac-
tion of soil moisture increased, therefore, the topmost soil was getting
dryer, which in turn led to higher value of rsur . During Stage 3, the
frequently applied irrigation maintained the soil moisture content at a
relatively high level (Fig. 6), and thus the value of rsur was also main-
tained in a range from 10 to 200 sm−1 (Fig. 9).

5.4. Interactions between energy fluxes and soil moisture transport

The simulated energy fluxes and soil moisture transport for two
selected periods were shown in Figs. 10 and 11 to study the interaction
between land surface and atmosphere under varying soil moisture and
LAI. One period was from DoY 105 to 115, when the LAI increased from

0.2 to 1.0, and another period was from DoY 125 to DoY 135, when the
LAI increased from 2.0 to 3.0. The analysis of the results of net radia-
tion, latent heat, and soil moisture transport during these two periods
can manifest the transition from a sparse vegetation period to a dense
vegetation period. The results of soil moisture transport in the topsoil
layer (0–10 cm) were provided, considering the soil evaporation mainly
interacted with the soil moisture transport in topsoil (0–10 cm). The
simulated moisture transport included liquid water flow, hydrodynamic
dispersion of vapour flow (including diffusion and mechanical disper-
sion), and advection of vapour flow (Figs. 10 and 11). Note that the
negative values of liquid water flow provided in Figs. 10c and 11c were
infiltration, and the positive values were exfiltration.

Soil moisture evaporates at the surface, which drives liquid water
exfiltration and an upward vapour flow in soil porous medium. The rate
of soil moisture fluxes were originally expressed in unit of kgm−2 s−1,
and such rate was multiplied by the latent heat of vaporization λ
(≈2.45× 106 J kg−1) to express the liquid water flow and vapour flow
as equivalent energy fluxes in unit of Wm−2. Such conversion was
made based on the following considerations: (1) the Section 5.4 focused
on the analysis of interaction between latent heat fluxes and soil
moisture fluxes, expressing the liquid water flow with an energy flux
can facilitate a direct comparison of magnitude between soil moisture
transport and latent heat; and (2) both of Figs. 10 and 11 completely
provided the positive value of liquid water flow to represent the ex-
filtration in the soil depth of 0–10 cm, and such exfiltration mainly
contribute to the root water extraction or phase change in topmost soil
during the intermittent period, expressing the soil moisture fluxes to
energy fluxes can manifest the magnitude of soil moisture transport that
potentially contributed to soil evaporation and transpiration.

Fig. 13. (a) Input data of rainfall amount of each 6h, and (b, c, and d) simulated absolute differences (caused by including-excluding the advection and mechanical
dispersion of vapour flow) of temperature, pore water pressure head, vapour density, latent heat on the soil surface, and the difference of total latent heat at the
hourly step between DoY95 and DoY140.
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The LAI affected the partitioning of solar radiation and total eva-
poration. During the early period of fast growing stage (DoY 105–115 in
Fig. 10a), the LAI increased from 0.2 to 1.0 (see Fig. 2), and the net
radiation of canopy layer increased from 10% to around 60% (Fig. 10a).
The increased net radiation on canopy caused more transpiration and
interception evaporation. When LAI increased to a stable value 3.2
(DoY 133–135), the canopy effectively shielded the soil surface against
sunlight, so that the net radiation of canopy layer was reaching around
90%.

The liquid water flow can significantly affect both moisture trans-
port and advective heat transfer. During the rainfall periods, the
equivalent energy flux of infiltration can be several orders of magnitude
larger than the exfiltration during the dry-down periods, the values
exceeding the lower bound (e.g., DoY 109 in Fig. 10, DoY 133 and 134
in Fig. 11) were excluded in our analysis.

During the dry-down periods, the exfiltration delivered liquid water
from deep soil to topmost soil layer for evaporation. However, the ex-
filtration rate decreased during the dry-down period because of the
decrease in unsaturated hydraulic conductivity and soil moisture con-
tent (e.g., DoY 107–110 in Fig. 10, DoY 111–115 in Fig. 10, and DOY
125–133 in Fig. 11). In topmost soil layer (0–2 cm), if the moisture
content was sufficiently low, the liquid water exfiltration in topmost
soil layer (0–2 cm) was significantly decreased because the hydraulic
connection in capillary flow paths was destroyed. If the liquid water
flow was insufficient to transport water for soil evaporation, the soil
vapour flow would start to contribute in transporting soil moisture.

The vapour flow dominate the soil moisture transport in topmost
soil layer when the soil moisture content was extremely low. For in-
stance, on DoY 109 (in Fig. 10), the vapour flow at 0.2 cm depth
reached 150Wm−2 and the water flow of exfiltration dropped to less
than 100Wm−2. Even under the dense vegetation condition (on DoY
131–132, when LAI= 2.5, see Fig. 11), the vapour flow still con-
tributed over 60% of soil moisture transport that sustained soil eva-
poration. The latent heat of soil evaporation significantly decreased
from 100Wm−2 on DoY 126 to less than 30Wm−2 on DoY 132 be-
cause the decrease of the soil moisture content (Fig. 11c), until the
rainfall occurred on DoY 133 (Fig. 11b).

Generally, the results here showed two different mechanisms of soil
moisture transport process. Immediately after rainfall, soil evaporation
initiated at the surface and started consuming soil moisture. The up-
ward liquid water flow (i.e. exfiltration) delivered a significant amount
of water to the soil surface, contributing over 90% of soil moisture
transport for sustaining evaporation, and the soil evaporation rate was
primarily constrained by energy supply. When it was under the water-
limited condition, the soil moisture content significantly reduced after
sufficient dry-down period, during which (e.g., under soil moisture
stress) the soil vapour flow dominat the upward moisture transport in
topmost soils.

5.5. Diurnal variation of non-isothermal vapour flow

More detailed vertical profiles of soil temperature, capillary pres-
sure, vapour density, and vapour flow rate on DoY 108 (when
LAI= 0.2) and DoY 131 (when LAI= 2.7) were provided in Fig. 12,
which illustrated the processes of soil vapour transport under both
sparse and dense vegetated condition. The vapour flow under non-
isothermal conditions were illustrated in Fig. 12 by showing the diurnal
variation at four typical time steps (i.e., 2 am, 6 am, 2 pm and 6 pm)
within those two selected days.

On DoY 108, the soil surface temperature peaked at 2 pm with a
value of 40 °C and reached the lowest value of 12 °C at 6 am. The
magnitude of the diurnal cycle regarding soil temperature was gen-
erally decreasing along with the soil depth (Fig. 12). The vapour
transport was affected by gradients of both capillary pressure and soil
temperature. The detailed simulation of vapour density profile and
vapour transport revealed evaporation zone and drying front with a

depth of around 1 cm. Below the drying front, the low capillary pressure
head (< 10m) along the soil profile indicated that the soil moisture
was not sufficiently dry, thus the vapour flow would be dictated by soil
temperature gradient. The soil vapour flow was upward during the
night (e.g., 2 am– 6 am), while it was downward during the mid-day
(e.g., 2 pm–6 pm). Besides, shown in the vapour flow profile of the
upper panels in Fig. 12c and d, it is indicated that under wet conditions
evaporation was originated from the soil surface.

On DoY 131, the amplitude of soil surface temperature was smaller
than that on DoY 108 due to its larger LAI. The capillary pressure above
2 cm depth was extremely high (> 1000m) due to low soil moisture
content (which was close to residual soil moisture content). The drying
front propagated downwardly to about 2 cm soil depth, above which
the vapour flow was always upward driven by the capillary pressure
gradient. Below the drying front, the direction of vapour flow still
showed a diurnal pattern that was dictated by soil temperature varia-
tions. At night, the gradients of both soil temperature and pore water
pressure head were consistently upward, which had driven upward
vapour flow that transported moisture from deeper soil to the interface
of drying front. During the mid-day, the vapour flow was downward
that was the same direction of temperature gradient, and downward
vapour flow could transport moisture to deeper soil.

5.6. Effect of incorporating the advective soil vapour transport

A sensitivity analysis was conducted to investigate the impact of
different representations of soil physical processes on land-atmosphere
coupling. The original results included the impact of advective soil
vapour transport (i.e., mechanical dispersions and advection). In the
modified modelling results, we set the air flow velocity qa as zero to
exclude the advective soil vapour transport, and only the vapour dif-
fusion was considered.

The analysis found that there is a systematic bias from including and
excluding the advective soil vapour transport for simulating latent heat
flux and soil moisture/temperature (Fig. 13). The modified approach
resulted in slightly lower temperature (up to 2 °C) and higher volu-
metric moisture content (up to 0.012) on soil surface (Fig. 13b and c).
Incorporating the influence of advective soil vapour transport on soil
moisture transport may lead to slightly decrease of estimated soil eva-
poration (around 4%) and total evaporation (around 2%).

The differences of the latent heat showed that the advective soil
vapour transport can increase evaporation fluxes under dry condition.
For example, the differences of latent heat fluxes on DoY 109 and DoY
129 were larger than 10Wm−2 (6% of total latent heat), it is relacent
to the soil moisture stress in a relatively short period (e.g.,
DoY108–109, and DoY128–132). Under extremely dry conditions, the
vapour transport dominated soil moisture transport, which bring more
soil moisture for sustaining soil evaporation.

In contrast, under relatively wet conditions, including the advective
soil vapour transport decreased the evaporation fluxes, reflecting as
about 10Wm−2 during the Stage 1 and 5Wm−2 during Stage 3. The
results implied that an increase in soil vapour transport facilitate the
upward soil moisture transport, and thus slightly increased the moisture
content on soil surface. However, larger soil moisture content could
result in a larger soil heat capacity, thus led to smaller amplitude of soil
temperature variation during the day. A lower temperature on soil
surface may lead to smaller latent heat fluxes.

6. Conclusions

The interaction between non-isothermal soil moisture transports
and evaporation fluxes were quantified by the numerical modelling
approach. Soil evaporation was mainly related to the soil moisture
transport of topsoil layer (0–10 cm), thus was strongly affected by the
dynamics of soil moisture storage in the topsoil. As the maize grows, the
overall trend of total evaporation fluxes increased from 3mm/day to
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6mm/day, while the fraction of soil evaporation decreased from nearly
100% to less than 30%. The LAI was reaching a peak value of 3.2 during
Stage 3 (a maize-mature period), when the interception storage reached
6mm. Interception played an important role in the evaporation process,
especially during the rainfall period, contributing to maximum 40% of
evaporation. When interception reached to zero, 70% of total eva-
poration was from transpiration through root water uptake from deep
soil, and only 30% of total evaporation was from the soil surface.

The soil moisture transport in topmost-layer soil was either domi-
nated by liquid water exfiltration or by vapour transport. A drying front
was identified according to capillary and vapour flux profile, and it was
reaching to a depth with maximum value of approximately 2 cm during
the study period. Above the drying front, the hydraulic connection in
capillary flow path was destroyed, which significantly diminished the
liquid water flow, and the vapour flow gradually dominated the upward
moisture transport. The direction of vapour flow was always upward
above the drying front. Below the drying front, the direction of vapour
flow showed diurnal variations that was dictated by the temperature
profile, during the night the vapour flow was upward that increased the
moisture content in topmost soil layer, while during the day the vapour
flow was downward that was slightly exacerbating the moisture loss
from the topsoil.

Finally, the impact of including advective vapour flow in the soil
was quantified. The results showed that excluding the air flow effect
(mechanical vapour dispersion and vapour advection) resulted in a
relatively under-estimation of the soil moisture transport, which de-
creased the soil evaporation under wet conditions, while vice versa
under dry conditions. Overall, the study showed an example of coupling
the detailed soil hydrology and thermodynamic process with two-layer
energy balance method, which could assist in investigating more de-
tailed land-atmospheric interaction in vegetated area.
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Abstract: In forested regions, transpiration as a main component of evaporation fluxes is important
for evaporation partitioning. Physiological behaviours among various vegetation species are quite
different. Thus, an accurate estimation of the transpiration rate from a certain tree species needs
specific parameterization of stomatal response to multiple environmental conditions. In this study,
we chose a 300-m2 beech forest plot located in Vydra basin, the Czech Republic, to investigate the
transpiration of beech (Fagus sylvatica) from the middle of the vegetative period to the beginning of the
deciduous period, covering 100 days. The sap flow equipment was installed in six trees with varying
ages among 32 trees in the plot, and the measurements were used to infer the stomatal conductance.
The diurnal pattern of stomatal conductance and the response of stomatal conductance under the
multiple environmental conditions were analysed. The results show that the stomatal conductance
inferred from sap flow reached the highest at midday but, on some days, there was a significant
drop at midday, which might be attributed to the limits of the hydraulic potential of leaves (trees).
The response of stomatal conductance showed no pattern with solar radiation and soil moisture,
but it did show a clear correlation with the vapour deficit, in particular when explaining the midday
drop. The relation to temperature was rather scattered as the measured period was in the moderate
climate. The findings highlighted that the parametrization of stress functions based on the typical
deciduous forest does not perfectly represent the measured stomatal response of beech. Therefore,
measurements of sap flow can assist in better understanding transpiration in newly formed beech
stands after bark beetle outbreaks in Central Europe.

Keywords: Transpiration; beech forest; stomatal conductance; sap flow measurement

1. Introduction

Transpiration is a main component of evaporation fluxes in vegetated areas [1], in particular in
the forested region with a dense vegetation cover [2]. A global-scale study indicated that transpiration
accounted for 60–80 % of the total evapotranspiration from the land surface [3]. The transpiration
process is rather complex and involves the biophysical properties of leaf stomata in response to multiple
environmental stresses in terms of the availability of water, carbon, and energy [4]. Transpiration is
conducted through the opening leaf stomata, where carbon dioxide (CO2) enters for photosynthesis.
This process is supplied by water flux from the deep soil up to the root zone and includes sap flow
and root water uptake [5]. The transpiration rates are governed by the physiological behaviour of leaf
stomata, which is dictated by the meteorological conditions and soil moisture [6,7].
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Quantification of the evapotranspiration rate in forest area is essential in hydrological and
ecological studies. The Penman–Monteith equation is the most widely used evapotranspiration model
in hydrological studies [8,9]. Hydrologists often use an analytic expression of latent heat fluxes λE
(where λ is the latent heat for vaporization, in MJ kg−1) to consider the evapotranspiration system as
a single layer (single source) [10]. Many previous studies showed that evapotranspiration calculated
with the Penman–Monteith equation can match measurements with a satisfying accuracy in temperate
humid areas with a dense vegetation cover [11–13]. However, the influence of multiple environmental
factors on physiological characteristics varies among vegetation species and the characteristics, therefore,
need to be parameterised correctly with regard to a study site.

In general, energy transfer in a soil–vegetation–atmosphere system can be quantified with the
electrical analogy method, in which the transpiration rate is dictated with a critical parameter named
stomatal conductance (gc, in m s−1) or stomatal resistance (rc = 1/gc, in s m−1) [7,14]. In a forest area,
gc for a certain tree species may be quantitatively determined by a traditional method using an inverse
calculation of the simplified version of the Penman–Monteith equation using the in situ measured
transpiration rate [15]. In the last few decades, sap flow measurement technology has become the most
common method to determine transpiration [16]. The measured sap flow rate of individual trees can
upscale to an experimental area to provide species-specific transpiration rates, which can be used to
inversely estimate the response of gc to multiple environmental stresses during a continuous time span.
Kucera et al. [17] used a novel approach where a direct parameterization of the Penman–Monteith
equation was developed to compute the diurnal courses of stand canopy conductance from sap flow.
Previous studies also showed that the inversely estimated gc commonly shows complex patterns that
are intimately related to meteorological variables (i.e., solar radiation, wind speed, the concentration of
carbon dioxide in air, air humidity, and temperature), and soil moisture stress [12,18–20]. Moreover,
the distinct canopy characteristics (e.g., leaf area and leaf morphology) [21–23] and stand characteristics
(e.g., stand age and structure) [23,24] also affect transpiration.

This study focused on the analysis of leaf stomatal behaviour based on the sap flow experimental
data from an ecological changing area under natural disturbance. The study area is located in the
upper Vydra basin (Czech Republic). Due to a bark beetle outbreak in the area, the spruce trees (Picea
abies) have dried up and trunks have fallen down, and new beech stands (Fagus sylvatica) have been
developed from the formal mixed forest stands mainly consisting of spruce and beech trees. Research
studies, which have been focused on the bark beetle outbreak at the Šumava Mts., have mainly studied
its impact on water regime [25–27], water chemistry [28], soil moisture or temperature [29,30], or forest
grow after the disturbance [31]. In general, several studies also show changes in the water regime of
mixed (spruce/beech) forest [32–34] or comparisons between beech and spruce stands [35]. After the
forest disturbance, the study area experienced no change or trend of long-term water balance [26],
and stream geochemistry changed with long-lasting effects [27]. However, there were detected shifts
in the runoff generation processes, mainly in the root zone [27]. For a better understanding of the
mechanisms, detailed information on the evapotranspiration process in the area that is undergoing
such an intense transition in the vegetation structure is needed.

This research study was thus aimed to assess the evapotranspiration process in the newly formed
beech stands in the area affected by bark beetle outbreak. The key research questions were: (i) how to
intensively quantify the transpiration rates for a newly formed beech stand in this locality, and (ii) why
it is important to evaluate the stomatal behaviour when measuring sap flow.

As far as we know from the literature review, there is no similar study of beech stand transpiration
in a location working with a newly formed beech stand as a principal factor of transpiration. A field
experiment was set up aimed at the following objectives:

1. Quantifying stomatal conductance, gc, of the newly formed beech forest from a vegetative period
to a deciduous period;

2. Determining the patterns of the diurnal variation of stomatal conductance for different
vegetation periods;
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3. Evaluating the impact of environmental factors on stomatal conductance.

A direct comparison with similar measurements at spruce stands could not be achieved due to the
bark beetle outbreak. Therefore, in this study, we conducted a sap flow experiment in a plot covered
by beech forest, varying in ages over the middle of summer and the beginning of autumn (day of
year DOY 203–302, i.e., 23 July–30 October) in the year of 2015. In situ measurements of sap flow and
meteorological forcing variables were used to inversely estimate stomatal conductance, gc.

2. Materials and Methods

2.1. Study Site

The study area (49.0230908 N; 13.4075242 E) was located in an experimental catchment of Rokytka
(ROK), in the upper Vydra basin, the headwaters of the Šumava Mts., Czech Republic (Figure 1).
The area features a typical mid-latitude montane climate with distinct seasons [27]. The annual mean
precipitation is 1370 mm/year and the annual mean air temperature is 3.6 °C [26]. The studied area has
been affected by extensive spruce forest disturbance resulting from repeated bark beetle outbreaks [36].
As a result, the formerly mixed forest (spruce and beech) has become dominated by beech stands.
Our research study has been focused mainly on forest development after the last outbreak. At the
study site, the local mixed forest was created mostly by spruce and beech species supplemented by
other tree species such as fir (Abies alba), mountain ash (Sorbus aucuparia) or acer (Acer). Due to the
forest management in the past, the forest at the study site was mostly by spruce stands or spruce–beech
mixed forest stands. After the last bark beetle outbreak, the forest structure contains two dominant
elements:

1. “Dead” forest stands (at locations with former spruce forests) with grass cover and rarely
a solitary tree;

2. Beech forests at locations of former mixed forests.

Our study plot belongs to the latter case, and we aimed to observe the transpiration process in
such locations after a bark beetle outbreak.
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Figure 1. Location of the study site.

The study site is on a south-facing slope (approximately 3.5◦), at an elevation of approximately
1100–1250 m above sea level. The area is covered by dense beech forest (Fagus sylvatica), with blueberries
(Vacciniummyrtillus L.) and woodrush (Luzula) at substrate.
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Soil was identified as Entic Podzol, with a thin layer (0–8 cm) of organic matter on the top
(Figure 2a) [37]. The soil is relatively homogenous based on soil texture analysis (Figure 2b). Due to the
granite dominated bedrock, the soil contains only a few clay particles (particle diameter <0.002 mm).
Therefore, due to the high content of silt particles (particle diameter = 0.002–0.05), porosity and
infiltration rates are rather low. The soil profile has no visible transition between soil, bedrock or water
table up to a depth of 20 m below the surface [37].
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Figure 2. (a) Sketch of soil condition at different depths in the study plot (unit of depth is cm). (b) Soil
layer and soil texture are based on the Czech soil classification: <0.002 mm clay particles, 0.002–0.05 mm
slit particles, and 0.05–2 mm sand particles. (c) Water retention curves measured at a depth of 20 cm
(Bvs) and 60 cm (B/C) below the surface.

2.2. Experiment Instrumentation and Data

In the study area, a meteorological station (M4016-G, Fielder) at Rokytka (ROK) operated by
Charles University in Prague (CUNI) captured data on precipitation, air temperature, net radiation
(calculated by the energy balance among the incoming and outgoing shortwave and longwave
irradiance), wind speed, and relative air humidity with 10-min intervals. Two tensiometers (T8
Tensiometer, UMS) at the study site measured soil pore water pressure and soil temperature at depths
of 20 cm and 60 cm in the soil with 30-min interval (Figure 3a). Water retention curves at two depths
were measured in the lab using a pressure plate extractor (1500F1—Soil Moisture Comp.) and created
in RETC software using van Genuchten´s formula [38], visible in Figure 2c.

In our study plot, the square area (30 × 30 m) of 900 m2 consisted of 32 beech trees with the mean
age of 55 years and the mean trunk diameter of 0.9 m (at the height of 1 m) (Figure 3a,c). Six trees were
selected based on the representative diameter at breast height (DBH), trunk curvature, etc., and sap
flow equipment was installed on these six selected trees with different ages and trunk diameters (see
a photo in Figure 3b).

Sap flow was measured using the stem tissue heat balance method (THB) with constant heating
power, as described by Čermák, et al. [39]. The data were recorded on a data logger every 30 min, at the
height of 1.0 m above ground (Figure 3b), using EMS 81 sap flow equipment (EMS Brno, CZ). Each EMS
81 equipment includes 4 heat sensors (see the equipment in Figure 3b). The THB method quantifies
the amount of heat transported by water flow across a predefined area within the xylem conduit,
as a percentage of the total heat supplied. In this study, the sap flow rate Q (kg s−1) is calculated by

Q =
P

cwd5 T
−

∅
cw

, (1)
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where P(W) is power of heat input, cw (J kg−1K−1) is the specific heat of water, ø (W K−1) is the coefficient
of heat loss from the measuring point, 5T (K) is the temperature gradient at the measuring point, and d
(cm) is the effective width of the measuring point (d = 5.5 cm in this study). The first term in the right
hand side of Equation (2) quantifies the heat conducted by sap flow, while the second term in right
hand side of Equation (2) represents the heat loss from the sensor [39].
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Figure 3. (a) Scheme of the tree distribution for sap flow measurement at the 30 × 30-m experimental
plot. Note: the size of the green dot represents the size of the tree trunk, two black squares are the
rough location of two tensiometers. (b) Photo of one installed EMS 81 sap flow device at 1 m above the
ground in Tree No. 1. (c) Tree trunk diameter (in m) distribution at 1-m height within 32 beech trees
over the experimental plot. Note: the green dots mark the measured trees.

The scaling up of sap flow from six sample trees to the stand level was based on the DBH of the
sample trees and diameter distribution of the trees in the forest stand according to the methodology
developed by Čermák et al. [39]. The specific method of how we worked with a distribution of trunk
DBH per area is:

1. Classified groups of the trunk DBH and calculated canopy conductance from sap flow for each
group (step 10 cm);

2. Calculated ratio of the number of trees per DBH group;
3. Recalculated canopy conductance from groups to tree DBH.

In this study plot, the beech stand covered approximately 0.4 km2. The leaf area index (LAI) was
measured by the hemispherical photos. The photos were taken by a Nikon COOLPIX 995 camera
(Nikon, Japan) with Nikon Fisheye lens Converter FC-E8 (Nikon, Japan) 0.21x in a square (30 × 30 m)
in a step of 10 m. Thus, 16 pictures were taken and analysed for leaf area index in Gap Light Analyser
(GLA) software [40].

2.3. Canopy Stomatal Conductance Calculation

In vegetated areas, the transpiration rate is dictated by the parameter of stomatal conductance,
gc (m s−1). If the transpiration rate (e.g., from sap flow measurement) and climatic measurements
are available, the stomatal conductance can then be inversely estimated by rearranging the
Penman–Monteith-type equation:
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gc =
gaγλE

∆Rcan + ρaCp(es − ea)ga − λE(∆ + γ)
(2)

where E (mm s−1) is the stand transpiration calculated from the sap flow measurements; ∆ (kPa K−1)
is the gradient of the saturation vapour pressure-temperature curve; es (kPa) is the vapour pressure
of evaporative surface; ea (kPa) is the vapour pressure of atmospheric air; es − ea (kPa) is the vapour
pressure deficit (D); ρa (kg m−3) and Cp (MJ kg−1 K−1) are the density and specific heat capacity of
the atmospheric air;γ (kPa K−1) is the psychrometric constant; gc (m s−1) is stomatal conductance,
and ga (m s−1) is the aerodynamic conductance that is a function of wind speed at the canopy height,
uhc (m s−1), and Rcan (W m−2) is the net radiation received by canopy layer:

Rcan = Rnet[1− exp(−CrILAI)], (3)

where Rnet (W m−2) is the net radiation of the land surface, and Cr is the extinction coefficient of
the vegetation for net radiation, and the typical value for forest is 0.5 [41]. Using this equation here,
we simply assume the net radiation received by canopy layer is a constant fraction of the net radiation
of the land surface, which means that the effect of leaf angle distribution on shortwave irradiance
was neglected.

The aerodynamic resistance (ra= 1/ga) is calculated by:

ra =
σc

ILAI

100
ne

(
wL

uhc

)0.5[
1− exp

(
−

ne

2

)]−1
(4)

where σc (=0.5) is the shielding factor; wL is the characteristic leaf width with a typical value of 0.2 m
for a broadleaf forest [42]; ne is the eddy diffusivity decay constant that may be set to 4.25 for forest
area [43]; and ILAI (-) is the leaf area index.

The canopy conductance of a beech forest was examined at hourly time steps and daily steps on
a 30 × 30-m canopy with a LAI of 3.2 in three months of 2015. Sap flow measurement was conducted
in a plot over the middle of summer and the beginning of autumn (day of year DOY 203–302, i.e.,
23 July–30 October) in the year of 2015.

The stomatal conductance is controlled by stomatal aperture in response to the availability of
energy, carbon, and water in soil [14,17]. Considering the impact of multiple environmental factors
on stomatal conductance, this study adopted the Jarvis–Stewart model [43,44], which consists of
multiplicative nonlinear functions of environmental variables [19,20,43,45]:

gc = ILAI gc,max

∏
i

Fi(x), (5)

where ILAI is the leaf area index (ILAI = 2.2 measured in this study), and gc,max (m s−1) denotes the
theoretical maximum gc under the optimal water, nutrient, and climatic conditions. The functions Fi
are a set of scaling terms that reduced a maximum value of canopy conductance (gc,max) in response
to changes in net radiation (Rs), vapour pressure deficit (D), temperature (T), and soil water content
(θ). The values of functions Fi range between 0 and 1. Therefore, any changes in the values of Rs, D,
T, and θ will proportionally modify the parameters gc,max to give an estimation of the gc controlling
transpiration rate. The multiplicative stress functions are taken from previous studies [42,44,46–48].

3. Results

3.1. Meteorological Parameters, Soil Moisture and Sap Flow

The mean maximum daily solar radiation for both the vegetation period (DOY203–272) and
leaf-fallen period (DOY 273–302) was similar to the 5-year (2013–2017) average value (see Table 1).
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In the studied period, the maximum daily solar radiation peaked to more than 1100 W m−2 when it
was sunny at noon (during the summer), while during the rainy or cloudy days, the daily maximum
solar radiation bottomed out to lower than 200 W m−2.

Generally, there was a clear decreasing trend of the air temperature over the period. During the
vegetation period before DOY 272) (Figure 4), the daily mean air temperature was approximately 13.3 °C,
ranging between 6 and 31.3 °C, which was still comparable with the 5-year average of 15.7 °C for this
period. Temperature started to drop significantly after DOY 280, along with the reduced daily maximum
solar radiation. During the period of DOY 273–302, the daily mean air temperature was approximately
4.6 °C, ranging between −6 and 18.7 °C. A lower temperature during the days of our measurements
was quite common, while morning values got usually below zero from August. The wind speed in
the study area over the study period had no clear pattern and the trend fluctuated with an average of
1.2 m s−1, which was similar to the past 5-year average of 1.5 m s−1 for this period. The study area was
located in a relatively humid area [26,27], which was evident during the study period in 2015 (see both
Figures 4d and 5b). The measured daily mean relative humidity remained at over 77% for two periods.
The daily variability of the relative humidity was larger during autumn than in summer.

Rainfall in the study area featured a temperate mountainous pattern and the total rainfall was
224.6 mm during the measured period (Figure 5), which was slightly lower than the 5-year average of
310 mm. DOY 230–243 (Figure 5) experienced a rainless period. The consecutive rain events happened
on DOY 278–281, and soil moisture increased significantly. Over the study period, the mean soil
moisture content at 60 cm depth was 0.22, while it was 0.36 at 20 cm depth (Figure 5 shows the averaged
values), which was much smaller than their 5-year averages. The 5-year average of soil moisture is 0.62
at 20 cm depth and 0.27 at 60 cm depth. During the study period, after consecutive rain events, the soil
moisture content increased up to 0.35 (0.30 at 60 cm depth and 0.40 at 20 cm depth; Figure 5), which was
similar to the 5-year average for the deep soil but the upper soil was still dryer than the 5-year average.
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Figure 4. The measured micro-meteorological variables at hourly intervals during the day of year
(DOY) 203–302 in station Rokytka (ROK). The variables including (a) Rs—incoming solar radiation,
(b) T—air temperature, (c) u—wind speed, and (d) Hre—relative humidity. See the exact values in
Table 1.
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Table 1. Meteorological conditions in the study area.

Period Vegetative Period DOY203–272 Deciduous Period DOY273–302

Variable Mean Min Max 5-y Average 2 Mean Min Max 5-y Average 2

Air temperature [◦C] 13.3 6.1 31.3 15.7 4.6 −6.2 18.7 6.7
Solar radiation [W m−2] 1 685.7 177.8 1113.2 701.3 428.1 119.2/ 801.4 456.2

Wind speed [m s−1] 1.2 / 3.7 1.2 1.1 / 3.9 1.2
Relative humidity [%] 77.3 25.2 122.9 79.4 87.1 38.3 95.9 82.5
1 Here, solar radiation is given as the maximum daily solar radiation. 2 5-year average was calculated based on data
from 2013–2017 for the specific time period.Geosciences 2019, 9, x FOR PEER REVIEW 8 of 15 
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Figure 5. The measurements of (a) rainfall, (b) soil moisture, and (c) stand sap flow in the study
area Rokytka (ROK) during the day of year 203–302. Abbreviations: qrain—rainfall, θ—averaged
soil moisture based on measured soil moisture from a depth of 20 cm and 60 cm, ET—calculated
transpiration based on measured sap flow from six beech trees. A data gap of transpiration from DOY
209–213 (i.e., 29 July–2 August) was due to a lack of battery power in the sensors.

The diurnal pattern of the measured sap flow in the six trees were similar but with significant
differences in the exact maximum values due to the size of the trees (Figure S1). Therefore, transpiration
was measured with the sap flow sensors and scaled to the study plot by considering all the existing
trees in the plot. The calculated transpiration reached its maximum values approximately 0.32 mm/h
during sunny days. In those days, the daily variability was higher than in the rainy days and in
non-vegetation periods (Figure 5). Transpiration was dramatically decreased when the leaves started
to fall down from DOY 270 and by the DOY 280, the leaves had all fallen and transpiration dropped to
nearly zero.

The transition from the vegetative period to the deciduous period (when sap flow measurement
reached 0) happened slightly differently in each tree over 8 days between DOY 277 and DOY 284.
Two factors could be connected to the leaf fall, the long-term rain from DOY 279 to DOY 280, with a total
rainfall of 39 mm, and the air temperature as freezing nights occurred more often after October (i.e.,
DOY 273).

3.2. Diurnal Behaviours of Stomatal Conductance and Responses of Canopy Conductance

The diurnal variation of stomatal conductance had common patterns for different vegetation
periods (Figure 6). The lower value in the morning and the afternoon and a higher value at midday
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depended on the diurnal pattern of solar radiation and relative humidity (given in Figure 7). The lower
stomatal conductance at midday (13.00) than before and after approximately 13.00, Figure 6c for
instance, can be attributed to the higher vapour deficit. In some extreme cases, the hydraulic potential
on leaf surface is much higher than the potential at root layer due to, for instance, low humidity or
high wind speed. Trees cannot sustain such a pressure and start to decrease the transpiration process.
In autumn periods (Figure 6d), the inversely calculated stomatal conductance values approach smaller
values. The physiological behaviour of trees has a significant transition because the trees lose leaves
every year with the change of the seasons. The transition in stomatal behaviour during the deciduous
period has a significant impact on transpiration. However, the estimation of stomatal conductance did
not account the transition from the vegetative period to the deciduous period. The canopy conductance
was responding to the net radiation, vapour pressure deficit, and soil moisture (Figure 7). A typical
parameter set for the deciduous broadleaf forests in a lookup table [42] of the parameterization of the
Jarvis–Stewart model provided a boundary reference for each stress parameter (Table 2). The scatter in
the plot of F1–Rs (Figure 7a) was rather large, and we cannot find a clear relationship between solar
radiation and normalized stomatal conductance. The F1 function (line in Figure 7a) showed that the gc

responses to Rs are almost identical, showing that Rs increases along with gc asymptotically from zero
to a maximum. The functional forms (line in Figure 7b,c) of F2 (D) and F3 (T) are described well to
the scatters described by the measured data, describing the response of vapour pressure deficit and
temperature to the canopy conductance. The impact of soil moisture stress on transpiration (stress
function F4) is very small, and the dots fall into a small range (Figure 7d), because the soil moisture in
the study area remains at a relatively high level (over 0.27). The function covers the full range of the
soil moisture response, which did not occur in the study period.
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Figure 6. Canopy conductance inversely calculated from the Penman–Monteith equation over four
selected periods, including (a) DOY 205–DOY208, (b) DOY 232–DOY 235, (c) DOY 257– DOY 260,
and (d) DOY 278–DOY 281, which were covering from the vegetative period to the deciduous period.
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Figure 7. Response of stress functions in canopy conductance to (a) net radiation (Rs), (b) vapor
pressure deficit (D), (c) temperature (T), and (d) soil moisture (θ). The line for each sub-figure was
using the parameter given by Zhou et al. [42], see Table 2.

Table 2. The stress functions of canopy conductance to net radiation (Rs), vapor pressure deficit (D),
temperature (T), and soil moisture (θ) with calibrated parameters and Zhou et al. [42]’s parameters
(see the blue line and line given in Figure 6).

Stress function (Typical Parameters) Reference Stress Function (Zhou et al. [42]’s Parameters)

F1(Rs) =
Rs

1000
1000+kc
Rs+kc

1 [42,44,46] F1(Rs) =
Rs
10

11
Rs+100 .

F2(D) = exp(−kD) 2 [43,44] F2(D) = 1− 0.238D.

F3(T) =
T−Tmin

Topt−Tmin

[
Tmax−T

Tmax−Topt

] Tmax−Topt
Topt−Tmin 3 [43,47,48] F3(T) = 1− 1.6× 10−3(298− T)2 5

F4(θ) =


1, θ ≥ θ f
θ−θr
θ f−θr

, θ f < θ < θr

0, θ ≤ θr

4 [12,42] F4(θ) =


1, θ ≥ θ f
θ−θr
θ f−θr

, θ f < θ < θr

0, θ ≤ θr

.

1 kc is a fitted parameter describing the curvature. 2 k is a free parameter describing the decrease in gc with increasing
D. 3 Tmin and Tmax (K) are minimum and maximum temperatures that indicate the temperatures below and above
which complete stomatal closure occurs, and Topt is the optimum temperature that indicates the temperature of
the maximum stomatal opening. Canopy temperature was assumed to equal air temperature, since temperature
gradients are usually small in forest canopies [47]. 4 θ f is the field capacity below which the plant transpires less
than its maximum value, and θr is the residual soil moisture content, i.e., the point below which the plant stops
transpiration. 5 The function was defined for condition of 273 < T < 298.

4. Discussion

Stomatal behaviour varies among tree species due to different parametrizations of gc [24].
Many physiological models for describing the response of stomatal conductance, gc, to environmental
stress have been proposed, such as the Jarvis–Stewart model [43], and the Ball–Berry model [49].
For general vegetation types (e.g., broadleaf forests, needle leaf forests, shrub lands, croplands,
grasslands, etc.), the parametrizations of gc were available in a lookup table [5,21,24,42,50,51].
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These standard parametrizations have been used to estimate the moisture flux from land surface
at a catchment scale or even at a global scale [51–53]. However, stomatal behaviour commonly
shows distinct properties even within a certain tree species [54,55]. For a certain study site, general
parametrization of one type of vegetation species may not be fully represented [42]. In particular,
for an area that has experienced severe changes in the distribution of tree species under climate
change and insect-induced forest disturbance, it is necessary to inversely estimate gc from sap flow
measurement for special tree species.

This study explored the response of leaf stomata to multiple environmental factors of solar
radiation, vapour pressure deficit, air temperature and soil moisture, and the key finding from this
study was that the measured stomatal behaviour (see in Figure 7) showed a large discrepancy compared
with the typical parameter set of the deciduous forest which was often used. We found that the leaf
stomatal conductance inferred from sap flow data did not show clear responses to solar radiation and soil
moisture, and even show a less clear response to the air temperature. Stomatal conductance calculated
from sap flow show lower values than it can be estimated from Zhou´s parameters [42]. A lower
stomatal conductance at midday can be explained by a limitation of photosynthesis due to the stomatal
closure to prevent the water loss from intensive solar radiation and high temperatures. In general,
energy supply theoretically limits evaporation during low radiation periods (when Rs <200 W m−2),
in contrast with high radiation periods (when Rs >200 W m−2). However, the principle in forest areas
and high latitude regions may be not the same. Köstner [56] also found that on the daily basis, stomatal
conductance and Rs for beech forest in Germany showed a near linear relation and available energy
was not a limiting factor for transpiration considering only 40~75% of net radiation was used for
beech transpiration.

The results of stomatal response showed that the soil moisture did not constrain transpiration
considering its value was relatively high during the study period. Williams, et al. [57] also found
soil moisture was not a frequent stress factor in many forest stands including beech due to relatively
abundant rainfall, which was consistent with the previous studies conducted in Central Europe
that [56,58,59]. The soil moisture content and sap flow of trees are less comparable in beech stand than
in spruce stands. The reason for this could be the high rooting depth of beech tree stand. Spruces
create shallow rooting zones (<50 cm). Therefore, they suck water from upper soil layers and can be
comparable with the evaporation process from soil surface. On the other hand, beech stands receive
non-negligible quantity of water from deeper horizons (from regolith) and therefore they dry less at
soil surface or upper soil horizons. This could be a reason for why gc does not perfectly fit to soil
moisture. Notwithstanding that our measurements were determined during a period with less rainfall,
the root system of a beech can reach a depth of several meters [60,61], sucking water from lower layers.
This study was focused in a soil profile up to the depth of 1 m which is drained generally by fine
shallow root systems [60]. On the other hand, we assumed lower evaporation from soil surface could
be shaded by trees, covered with fallen leaves and dead wood. In addition, our data did not show any
shifts in soil tension described by Or, et al. [62].

From the previous study concerning subsurface flow mechanisms in this study site [37],
the dominant subsurface flow is biomat flow (i.e., shallow subsurface flow) and deep percolation.
Biomat flow is mostly caused by stormflow events [63], and deep percolation is connected with
slow infiltration and long-term water storage (e.g., from snow melt). It is evident that each tree
species (spruce x beech) is connected with different sources of water, and respectively different flow
mechanisms in soil. If spruce stands were replaced by beech stands, it would have an impact on water
storage in soil or regolith. It is possible to consider that beech stands together with decreasing snow
cover can contribute to a change in runoff formation, respectively, to emptying deep water aquifers.

The response of gc to vapour pressure deficit (VPD) demonstrated clear patterns. The increasing
VPD shows similar trend with other studies [42,64] that have found an exponential response. However,
a linear relationship was also often adopted in many prior studies to describe the constrain of VPD on
gc [42]. The response of gc to air temperature may be described with a quadratic function or a bell-shape
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function, and our study showed a slight scattered relation. Kučera, et al. [17] mentioned that the
estimated time lags between the sap flow and climate variables were 60 min for Rg and 30 min for
D, and such hysteresis loops that we did not consider. This issue will influence the accuracy of the
simulated timing.

5. Conclusions

This study focused on estimating the stomatal conductance using the measured sap flow at
a newly formed beech stand, Šumava Mts. (the Czech Republic). Due to a bark beetle outbreak
in the area, mixed forest stands (spruce and beech) have transformed into beech stands. From the
differences of the rooting depth of each kind of tree, an impact on long-term water regime is expected.
Trees can change soil moisture distribution or water storage in aquifers by transpiration. Therefore,
our study was focused on the stomatal conductance of newly formed beech stands. The measured sap
flow data were used to inversely estimate the stomatal conductance through the Penman–Monteith
equation. The stomatal conductance reached the highest value at midday but, on some days, there was
a sudden drop at midday. A drop of stomatal conductance at midday can be explained by a limitation
of photosynthesis due to the stomatal closure to prevent the water loss from the most intensive solar
radiation and higher temperature. We also found that the calculated stomatal conductance decreased
dramatically in the deciduous period, as the estimation based on the Penman–Monteith equation did
not account for the vegetation transition from the vegetative period to the deciduous period.

The parameterization of the Jarvis–Stewart model was used to describe the response of stomatal
conductance under the varying environmental conditions of net radiation, vapour pressure deficit,
temperature, and soil water content. The stomatal conductance showed a good relationship (connection)
with vapour deficit but low correlation with soil moisture. The temperature showed a certain relation
but not one as strong as the vapour deficit, which might be due to the smaller range during our study
period that went without experiencing a wide spectrum of temperature. The soil moisture did not
constrain transpiration considering its value is relatively high during the study period. Therefore, in the
study area, vapour deficit and temperature are two key factors impacting the transpiration processes.
The most important finding is that the parametrization of stress functions based on the typical deciduous
forest does not perfectly represent the measured stomatal response of newly formed beech stands.
Therefore, the sap flow results can provide valuable data to better understanding the evapotranspiration
process in newly formed beech stands after the bark beetle outbreak in Central Europe.

Supplementary Materials: The following are available online at http://www.mdpi.com/2076-3263/9/5/243/s1,
Figure S1: The diurnal pattern of the measured sap flow in 6 trees (the sizes of the six trees in corresponding
numbers are given in Figure 3a.) at two selected days – DOY 205 and DOY 207.
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